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Abstract

Accurate forecasting of the Greenland Ice Sheet’s contribution to global sea level change

requires detailed knowledge of how ice flow responds to surface water inputs. Both ice ve-

locities and surface melt have increased significantly over the last decade but recent research

suggests that ice flow acceleration over the summer is regulated by the seasonal evolution

of the subglacial drainage system. To investigate these and associated processes, a net-

work of continuously-operating, dual-frequency global positioning system (GPS) receivers

was deployed on a 140-km-long land-terminating transect in West Greenland, providing

centimetre-precise, high-frequency records of ice motion. These data reveal that the en-

hanced summer flow regime is comprised of discrete, transient accelerations driven by the

diurnal melt cycle, rapid in situ supraglacial lake drainage and rainfall/melt events. In

2010, a comprehensive array of instruments captured the rapid (∼ 2 hour) drainage of a

large supraglacial lake via a 3-km-long fracture, hydraulically-driven through km-thick ice.

A further pronounced, widespread and sustained acceleration driven by rainfall and melt,

observed in late August 2011, suggests that the predicted increase in cyclonic activity over

Greenland may drive widespread off-season melt, rainfall and flow acceleration across the

ice sheet. Together these events provide new insights into the basal hydrodynamic controls

on ice sheet motion. Furthermore, observations of a persistent year-on-year acceleration

in ice flow between 2009 and 2012 at a high elevation site located ∼ 50 km inland of the

equilibrium line support the hypothesis that the observed inland expansion of supraglacial

lakes is driving faster ice flow at high elevations. These observations contrast with the pre-

vailing self-regulation model and reveal that despite surface melt increasing water inputs

to the bed are still insufficient to develop effective subglacial drainage in the ice sheet’s

interior.
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Chapter 1

Introduction

The overall aim of this thesis is to gain insights into basal hydro-dynamical forcing on

Greenland Ice Sheet (GrIS) motion. It is motivated by the need to understand how the

ice sheet will dynamically respond to projected increases in atmospherically forced melt:

it specifically addresses the concern that surface melt-induced acceleration could increase

mass loss under a projected warmer climate.

The pace of publishing in Greenland ice dynamics is rapid and the following introduction

only considers studies published before the end of 2012. Attempting to accommodate

every new study as they were published would require continuous and impractical updates.

Instead, studies published after this date are discussed in relation to the contemporaneous

findings of this thesis in Chapter 8.

1



2 CHAPTER 1. INTRODUCTION

1.1 The Greenland Ice Sheet: mass loss and climate change

The GrIS is one of three contemporary ice sheets on Earth, together with the East and

West Antarctic Ice Sheets. Covering an area of 1.71 million km2, the GrIS extends to an

elevation of ∼3,300 m above sea level, and is in excess of > 3 km thick in places. It is the

largest ice mass in the northern hemisphere representing one tenth of the global ice surface

area (Bamber and others, 2001). It is currently deglaciating: it is losing mass and is out

of balance with the climate. The loss of ice from Greenland has important implications for

society as 2.85 million gigatonnes (Gt) of frozen fresh water are locked within it. This is

equivalent to a global sea level rise (SLR) of 7.36 m (Bamber and others, 2013), if it were

to melt completely.

and altimetry processing, and the orbital cor-
rections that are common to the LA and RA
systems, these dependencies are in practice dif-
ficult to characterize. For the purpose of calcu-
lating the reconciled ice-sheet mass balance
estimate, we considered IOM, gravimetry, and
altimetry to be independent geodetic techniques.
On the basis of this assumption, we compute
the standard error of the uncertainty estimates
from independent techniques as a measure of
their collective uncertainty. Over the course of our
19-year survey, the average rates of mass balance
of the AIS and the GrISwere –71 T 53 and –152 T
49 Gt year!1, respectively (Table 1). For com-
pleteness, we also compute cumulative mass trends
by using the data from each individual geodetic
technique (fig. S1).

We also computed ice-sheet mass trends over
shorter intervals to examine their variability (Table
1). These estimates, along with our integrated time
series (Fig. 5), confirm several known signals of
mass imbalance, including increasing mass losses
from theWAIS (55, 74–77), the APIS (73, 78–80),
and the GrIS (5, 81, 82). Although rates of mass
loss from the GrIS were modest during the
1990s, they have increased sharply since then
because of episodes of glacier acceleration (18, 83)
and decreasing SMB (5, 66). GrIS glacier acceler-
ation is, however, neither uniform nor progres-
sive (65, 84, 85), and the large mass losses in
2010 were in fact driven by anomalously low
snow accumulation and high runoff (86).

TheWAIS has lost mass throughout the entire
survey period, and our reconciled data set shows

that the rate of mass loss has increased signifi-
cantly over time (Table 1). The pattern of WAIS
imbalance is dominated bymass losses (Amundsen
Sea sector) and gains (Kamb Ice Stream) of dy-
namical origin. Although close to balance during
the 1990s, there have been significant mass
losses from the APIS since then because of gla-
cier acceleration in the wake of ice-shelf col-
lapse (87, 88) and calving-front retreat (77, 89).
The APIS now accounts for around 25% of all
mass losses fromAntarctic regions that are in a state
of negative mass balance, despite occupying just
4% of the continental area. In contrast, the EAIS,
which occupies over 75% of Antarctica, was in
approximate balance throughout the 1990s. Al-
though the EAIS has experienced mass gains
during the final years of our survey (Table 1 and
Fig. 5), our reconciled data set is too short to
determine whether they were caused by natural
fluctuations that are a common feature of Antarctic
ice-core records (90) or long-term increases in
precipitation that are a common feature of global
and regional climate model projections (91–93).
Both satellite altimeter data sets highlight the lower
reaches of the Cook and Totten Glaciers as re-
gions of ice dynamical mass loss (15, 77), but
neither signal is large in comparison with the
wider EAIS mass trend. Overall, snowfall-driven
mass gains in East Antarctica, notably the
anomalous event in DronningMaud Land during
2009 (Fig. 2), have reduced the rate at which
Antarctic ice losses have increased over time, but
the EAIS record is too short to determine whether
this is a long-term trend.

Our reconciliation exercise has highlighted
several other issues. Assessments of GrIS mass
balance require more careful consideration than
was possible here, because the surroundingmoun-
tain glaciers and ice caps are included in some, but
not all, of our geodetic surveys and because the
ice-sheet domains varied in area by 2%. One esti-
mate has put their contribution at ~20 Gt year!1

(94), a value that falls between two we have
derived ourselves from ICESat data (10 and 40 Gt
year!1). For the EAIS, our mass change estimates
exhibit an unsatisfactory spread, with results from
the IOM and LA techniques falling consistently
lower and higher than the mean value we have
derived (table S2). Although the average signal of
EAIS imbalance is relatively small, such a large
divergence is a matter of concern; improvements
of the ancillary data sets that support satellite ob-
servations would be of considerable benefit in this
region. Lastly, the spatial sampling of mass fluc-
tuations at the APIS is at present inadequate,
particularly considering that it provides a signifi-
cant component of the overall AIS imbalance.
Improvements in the spatial and temporal density
of satellite observations of this region are needed.

Conclusions
We estimate that, between 1992 and 2011, the
Antarctic and Greenland ice sheets lost 1350 T
1010 and 2700 T 930 Gt of ice, respectively,
equivalent to an increase in global mean sea level

Table 1. Reconciled ice-sheet mass balance estimates determined during various epochs, inclusive
of all data present during the given dates. The period 1993 to 2003 was used in an earlier
assessment (2).

Region 1992–2011
(Gt /year)

1992–2000
(Gt / year)

1993–2003
(Gt / year)

2000–2011
(Gt /year)

2005–2010
(Gt /year)

GrIS –142 T 49 –51 T 65 –83 T 63 –211 T 37 –263 T 30
APIS –20 T 14 –8 T 17 –12 T 17 –29 T 12 –36 T 10
EAIS 14 T 43 –2 T 54 –9 T 50 26 T 36 58 T 31
WAIS –65 T 26 –38 T 32 –49 T 31 –85 T 22 –102 T 18
AIS –71 T 53 –48 T 65 –71 T 61 –87 T 43 –81 T 37
GrIS + AIS –213 T 72 –100 T 92 –153 T 88 –298 T 58 –344 T 48

Fig. 5. Cumulative changes in
the mass of (left axis) the EAIS,
WAIS, and APIS (top) and GrIS
and AIS and the combined change
of the AIS and GrIS (bottom),
determined from a reconciliation
of measurements acquired by
satellite RA, the IOM, satellite
gravimetry, and satellite LA. Also
shown is the equivalent global
sea-level contribution (right axis),
calculated assuming that 360 Gt
of ice corresponds to 1mmof sea-
level rise. Temporal variations in
the availability of the various
satellite data sets (Fig. 4) means
that the reconciled mass balance
is weighted toward different tech-
niques during certain periods.
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Figure 1.1: Cumulative changes in the mass of the Greenland and Antarctic ice sheets
between 1992 and 2011 determined from a reconciliation of measurements acquired using
multiple techniques. After Shepherd and others (2012).

Even small changes in ice sheet mass balance are of considerable societal importance as

they affect global sea levels and ocean circulation. It is estimated that between 1992
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and 2011, the GrIS’s contribution to global SLR averaged 0.39 ± 0.14 mm yr−1, which is

approximately double the combined contribution of the larger East and West Antarctic Ice

Sheets (Shepherd and others, 2012, Figure 1.1). These reconciled estimates suggest that

Greenland’s contribution to SLR accelerated over the last decade, from 0.14±0.18 mm yr−1

between 1992 and 2000 to 0.58 ± 0.10 mm yr−1 between 2000 and 2011 (Shepherd and

others, 2012). During the five years between 2005 and 2010, Greenland’s mass loss was

greater still, equivalent to a SLR of 0.72±0.08 mm yr−1 (Shepherd and others, 2012).

J

K

H

S

m yr –1

<–1.5 0.50 0.2–0.2–0.5

Figure 1.2: Rate of surface elevation change for Greenland for the period 2003-2007. After
Pritchard and others (2009).

It has been estimated that GrIS’s mass loss is equally split between mass-balance processes

(runoff and precipitation) and ice dynamics (van den Broeke and others, 2009). Under a

warmer climate, increases in snowfall at higher elevations are expected (Schuenemann

and Cassano, 2010) and thickening of the ice sheet’s interior on the order of a couple of

decimetres per year has been observed over the last two decades (e.g. Krabill and others,

1999, 2000; Johannessen and others, 2005; Pritchard and others, 2009, Figure 1.2). The

increase in ablation at the margin is, however, anticipated to far outweigh the increase
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in accumulation in the interior and thinning of almost the entire GrIS margin has been

observed (Pritchard and others, 2009, Figure 1.2).

Overall, relatively small magnitude thinning is indicated for slow-flowing land-terminating

margins (mean = 0.12 m yr−1), attributed to a negative surface mass balance, with rela-

tively large magnitude (mean = 0.84 m yr−1) thinning on fast-flowing marine-terminating

glaciers attributed to acceleration and ‘dynamic thinning’ (Pritchard and others, 2009).

The term dynamic thinning represents ice loss due to glacier acceleration instigated by

either (i) loss of buttressing at marine termini, through enhanced calving of icebergs, sub-

marine melt or the disintegration of ice shelves, and (ii) surface melt induced acceleration.

If the flow of an ice mass accelerates, more ice is transported to lower elevations, where

melt rates are higher and where ice is lost through calving and submarine melt. It has been

argued that no significant dynamic thinning signal (i.e. significantly above the thinning

expected from surface mass balance) has been observed for land-terminating regions of the

ice sheet (Sole and others, 2008), although it remains unclear how such regions of the ice

sheet will respond to climate warming.

Until recently, and including the Third Assessment Report of the Intergovernmental Panel

on Climate Change (IPCC; Church and others, 2001), it was assumed that the Greenland

and Antarctic ice sheets would not respond rapidly to climate warming, having response

time scales on the order of 100 to 10,000 years. Contemporary modelling studies suggested

a warming of 3◦C would lead to the virtually-complete elimination of the Greenland Ice

Sheet over millennia. The sensitivity of the ice sheet to climate change was thought to be

primarily attributed to direct changes in snowfall and surface melt, although the potential

for dynamic ice loss was realised:

‘A key question is whether ice-dynamical mechanisms could operate which

would enhance ice discharge sufficiently to have an appreciable additional effect
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on sea level rise.’ (Church and others, 2001, p. 650).

For a warm based ice mass the majority of ice flow typically occurs at the bed through

basal sliding and the deformation of a sediment layer if present, while atmospheric forcing

operates at the surface. Surface temperature changes, even of a high magnitude, cannot

be effectively transmitted to the bed of ice masses over short (e.g. 100-year timescales,

Cuffey and Peterson, 2010). If surface meltwater could penetrate to the ice-bed interface,

such hydrological coupling, would facilitate sliding. As an example of the understanding

at the time: although Clarke and others (1999) asserted that hydrological coupling does

occur on mountain glaciers and that it can potentially be both fast and strong, they state

that it “is extremely unlikely that [hydrological coupling] is a significant process in modern

continental ice sheets” as “...summer meltwater would have to percolate through great

thicknesses of extremely cold ice before a surface to bed coupling could be activated”

(Clarke and others, 1999, p. 249).

Based on the consensus that surface-to-bed hydrological coupling does not occur on ice

sheets, initial computer simulations of the response of the GrIS to climate warming ne-

glected hydrological coupling entirely. Focussing on thermodynamics, they predicted mil-

lennial response time scales to atmospheric warming and the consensus was that moderate

warming over Greenland would lead to gradual ice sheet retreat over the next millennium,

with increased mass loss in the ablation zone and increased mass gain in the accumulation

zone (e.g. Oerlemans, 1991; van de Wal and Oerlemans, 1997; Huybrechts and de Wolde,

1999; Church and others, 2001).
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1.2 Hydrological coupling

In 2002, it was demonstrated that ice sheet surface velocities at the equilibrium line altitude

(ELA) were coupled to surface melt intensity. Using positive degree days (PDDs; e.g.

Braithwaite, 1993) as a proxy for surface melt, Zwally and others (2002) reported a direct

correlation between surface melt intensity and summer-time acceleration of ∼ 3 to 25%

above the winter mean over four years at a site near the equilibrium line, ∼35 km from

the ice margin (Figure 1.3). The publication of these findings in the high-profile journal

Science, led to widespread reporting in the world’s media with headlines of “Ice sheet

slip-sliding away” and “Greenland’s warming ice flowing faster” (Kirby, 2002; Hotz, 2006).

The observation of faster summer ice flow in warmer years led the argument for positive

feedback between ice flow and melt. In this mechanism, more melt would increase the flow

of ice to lower elevations, where temperatures and melt rates are higher.

Subsequent satellite observations (Joughin and others, 2008, 2010) confirmed that both

land and marine terminating margins exhibit seasonal flow variability, indicating that sur-

face melt induced acceleration was a widespread process. Initial numerical simulations pre-

dicted that the Greenland Ice Sheet would respond much faster than previously thought and

estimated that the additional dynamic contribution to sea level rise from Greenland would

be 15 to 40 cm by 2500 AD (Parizek and Alley, 2004), and that the surface melt induced

acceleration would speed up the decay of the Greenland Ice Sheet (Greve and Sugiyama,

2009). These assertions led the IPCC to state in its Fourth Assessment Report:

‘Much uncertainty remains, especially related to whether fast-moving glaciers

and ice streams are similarly affected, and whether access of melt water to the

bed through more than 1 km of cold ice would migrate inland if warming caused

surface melting to migrate inland (Alley and others, 2005b). This could thaw
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35.1 cm/day around 9 August 1997, of 40.1 
cm/day around 10 July 1998, and of 38.6 cm/ 
day around 30 July 1999. After these periods of 
accelerating flow, the velocity decreased mark- 
edly to a minimum of 28.9 cm/day around 18 
September 1997, of 29.8 cm/day around 19 
August 1998, and of the lowest value of 27.6 
cm/day around 29 August 1999. After the ve- 
locity minima, the ice slowly accelerated again 
over several fall months to return to the mid- 
winter values. 

The cumulative additional motion (Fig. 3) 
caused by the summer accelerations was com- 
puted as the difference between the measured 
positions and the calculated along-track posi- 

RESEARCH ARTICLES 
tions that would have occurred under a constant 
velocity of 31.33 cm/day. At the transition from 
accelerating flow to decelerating flow in early 
September 1997, the ice had moved an addi- 
tional 3.0 m relative to the baseline rate. At the 
1998 and 1999 transitions, the respective net 
additional displacements were 4.7 m and 6.0 m. 
During periods of slower flow in the fall, after 
the transitions, the additional displacement was 
reduced by about 45 to 65% (24). 

From a 21-year record of Greenland surface 
melting from passive microwave data, the sum- 
mer of 1996 was the second-lowest melt year 
since 1979, the summer of 1997 was slightly 
below the 21-year average, and the summers of 

6 

40 

5 

1998 and 1999 were well above average (25). 
We investigated relationships between the avail- 
ability of summer meltwater for basal lubrica- 
tion and changes in the ice velocity using the 
cumulative positive degree-days (PDDs) (26) at 
the camp, as shown in Fig. 3C. For the four 
summers (1996 to 1999), the respective total 
PDDs were 47.6, 60.8, 116.5, and 94.7. The 
corresponding mean areas of melt from June 
through September in the Jacobshavn region 
from passive microwave data were 28.2, 52.0, 
79.6, and 74.5 X 103 km2, which show similar 
year-to-year variations as the PDDs (27). The 
quality of PDDs as an indicator of ablation and 
consequent meltwater production was shown by 
Braithwaite and Olesen (28), who obtained a 
0.96 correlation coefficient between annual ice 
ablation and PDDs, even though variations in 
radiation and other energy-balance factors such 
as wind speed also affect the rate of ice ablation 
(29). 
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Fig. 3. (A) Horizontal ice velocity (red curve) along a smoothed line of motiol 
accelerations during the summer melt seasons and the abrupt transitions to decete 
the times of melt cessation. The cumulative additional motion (horizontal residual, 
to a wintertime-average velocity of 31.33 cm/day is 6.0 m by the time of the max 
in 1999. (B) The vertical residual (blue) indicates a 50-cm uplift at the time of the 1 
from accelerating flow to decelerating flow. (C) Cumulative PDDs and PDDs for 1C 
(10d DD, red) from temperatures measured at the Swiss Camp, showing correlations 
with the intensity and timing of the ice accelerations and decelerations (units are 
Vertical dotted lines mark May 1, July 1, and September 1 for each year. 

Correlations Between Acceleration 
and Surface Melting 

_4 In all years, correlations are evident be- 
tween the changes in ice velocity and both 
the intensities and timings of surface melt- 
ing. For the summers of 1998 and 1999, the 

E 3 . respective ratios of the increases in velocity 
g, of 8.8 and 7.3 cm/day to the PDDs of 116.5 
a: and 94.7 are nearly the same (0.076 and 

- 2 0.077), whereas the ratios in 1996 and 1997 -2. 
are somewhat smaller (0.032 and 0.063). 
For the summer of 1999, the melting period 
was shorter in duration, but of greater in- 
tensity in the month of July than in the 
other summers. 

Although melting downstream of the equi- 
- 0 librium line begins a few days to several weeks 

earlier than at the camp, comparison of the 
timing of the acceleration and melting is based 
on the melt record at the camp (30). Although 
some melting usually occurs in May, more- 
continuous melting does not usually begin until 
the beginning of June. In 1997, the onsets of ice 
acceleration and melting were nearly simulta- 
neous in mid-June. In 1998, the acceleration 
onset (also in mid-June) lagged the melting 
onset by about 2 weeks. In 1999, although a 
small temporary increase in velocity appeared - 20 a in May, the major ice acceleration and the 

a melting onset were both delayed until the be- 
- ginning of July. Correlations between the tim- - 10' 

ing of the transitions from acceleration to de- 
celeration and the cessations of melting were 

0 also good, particularly in 1997 and 1999 when 
the respective transitions at the beginning of 

n showing ice September and mid-August were nearly coinci- 
aration around dent with the end of melting. In 1998, some 
black) relative melting continued after the transition in early imum velocity August. In 1996, the year of minimal accelera- 97 transon tion, the ice accelerated in July and early Au- )-day intervals 
of the melting gust until the end of a period of minimal 
degree-days). melting in late August when the transition to 

deceleration occurred. 
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Figure 1.3: Horizontal ice surface velocity (a) compared to (b) relative vertical motion and
(c) PDDs and cumulative PDDs over 10 day intervals at Swiss Camp, 35 km from the ice
margin. The black line on (a) indicates the cumulative additional motion above that if ice
flowed at the winter mean all year round. After Zwally and others (2002).
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ice that is frozen to the bed, allowing faster flow through enhanced basal sliding

or sub-glacial sediment deformation. Data are not available to assess whether

effects of increased surface melting in Greenland have been transmitted to the

bed and contributed to ice flow acceleration.’ (Lemke and others, 2007, p. 368)

Figure 1.4: Conceptual diagram of the link between ice sheet hydrology and motion at and
above the equilibrium line. After Zwally and others (2002).

The correlation between surface melt and ice flow (Figure 1.3) suggests the rapid transport

of water to the ice bed interface, which requires hydraulic pathways through kilometre-

thick polythermal ice (Figure 1.4). Although it had previously been thought that such

‘hydrological coupling’ was impossible for the thick, cold ice of the GrIS (e.g. Clarke and

others, 1999) others (e.g. Alley and others, 2005a) invoked the process of hydraulically

driven fracture, hereafter termed hydrofracture for brevity. Hydrofracture of ice had re-

ceived much theoretical consideration (e.g. Weertman, 1971a,b, 1973; van der Veen, 1998)

but had only been directly observed on a relatively thin (150 m thick) Arctic Glacier (Boon

and Sharp, 2003). Renewed interest in the hydrofracture mechanism followed the findings

of Zwally and others (2002). Previously, Alley and others (2005a) had postulated that
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storage of water in supraglacial lakes may be important for providing the large volumes of

water required to drive a fracture through Greenland’s kilometre-thick ice.

Although the rapid drainage of supraglacial lakes had already been observed in Svalbard

(Liestol and others, 1980), Ellesmere Island (Boon and Sharp, 2003), and on Russell (Rus-

sell, 1993) and Ryder (Joughin and others, 1996) glaciers in Greenland, the importance of

such drainage events for ice dynamics was not fully realised until 2008. In 2006, Das and

others (2008) captured the rapid in situ drainage of a large supraglacial lake using global po-

sitioning system (GPS) receivers, broadband seismometers and water level loggers. These

records revealed metre-scale ice surface uplift, horizontal acceleration and seismicity dur-

ing the rapid (< 2 h) drainage of a large supraglacial lake through 980 m-thick ice on the

western margin of the Greenland Ice Sheet (Fig. 1.5). The observation of surface uplift and

horizontal acceleration during lake drainage suggests the rapid delivery of surface water to

the ice-bed interface overwhelmed the capacity of the subglacial drainage system, driving

transient high subglacial water pressures, hydraulic jacking and ice sheet acceleration (e.g.

Box and Ski, 2007; Das and others, 2008; Pimental and Flowers, 2010).

Estimates from subsequent modelling experiments suggested that lakes larger than 0.25 to

0.8 km in diameter contain sufficient water to propagate a hydrofracture through 1 to 1.5 km

thick ice (Krawczynski and others, 2009). Many lakes on the margin of the Greenland Ice

Sheet attain this size or larger (e.g. Box and Ski, 2007) suggesting rapid in situ lake drainage

via hydrofracture has the potential to be a widespread process. A plethora of remote

sensing and modelling studies have now investigated supraglacial lakes (e.g. Echelmeyer

and others, 1991; Lüthje and others, 2006; Box and Ski, 2007; McMillan and others, 2007;

Sneed and Hamilton, 2007; Georgiou and others, 2009; Sundal and others, 2009; Lampkin,

2011; Lampkin and VanderBerg, 2011; Selmes and others, 2011; Leeson and others, 2012;

Liang and others, 2012; Sneed and Hamilton, 2011; Johansson, 2012; Johansson and Brown,
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drainage (fig. S3), and little or no acceleration
or uplift at the GPS site (Fig. 2). This initial
phase may have coincided with water-filled frac-
ture propagation beneath the lake through the
kilometer-thick ice. The main crack’s 3.2-km
length (Fig. 1) could have stored a volume of
water corresponding to the initial lake-level drop,
assuming a 0.5-m-wide average opening. Alterna-
tively, the predrainage may have started as the lake
began spilling over a low drainage divide where
the main fracture intersects the western shoreline,
filling an existing dry crack at the lake edge so that
it hydro-fractured into and through the ice beneath
the lake. Surface strain rates from satellite derived-
velocities (1) are tensile (exx = 0.003 year!1; x
directed along flow) along this western shoreline,
favoring crevasse formation, whereas strain rates
near the lake’s center are compressive (exx =
!0.004 year!1). At neighboring lakes, we
observed similar situations in which lakes spilled
over into shoreline cracks, creating moulins.
Where the fracturing ran adjacent to rather than
through the lake basin, drainage occurred over
weeks as overflow melted and deepened the
spillover channel leading to the moulin. For
either hypothesis, the low seismicity, lack of up-
lift and acceleration, and the slow drainage rate
suggest that little or no water reached the bed of
the ice sheet during this first stage.

The second stage began when the fractures
breached the full ice thickness, establishing a
direct connection to the basal hydrological sys-
tem. Rapid lake drainage (1.4 hours) was accom-
panied by an increase in seismic energy (fig. S3)
and synchronous surface displacement of the ad-
jacent shoreline up (1.2m) and away (0.8m) from
the lake center (Fig. 2). The short duration be-
tween the drop in lake level and shore-based sur-
face motion indicates rapid and direct transport of
water to the bed. Uplift at the center of the lake
was likely larger than the 1.2 m observed nearby
on shore, and probably coincided with uplift of
the large block at the lake’s center. The synchro-
nous uplift indicates a nearly vertical path to the
bed, as well as the formation of a transient sub-
glacial lake that displaced the overlying ice. The
high drainage rate and the presence of rafted ice
blocks observed along lake-bed fractures suggest
that drainage occurred alongmost of the fractures’
length. The turbulent water flow during the rapid
discharge would have melted the fracture walls
through frictional heating, concentrating flow
paths and leading to the development of larger-
diameter openings at points where inflow was
greatest (6).

We hypothesize that during the third stage,
which lasted a few days after the rapid lake
drainage, most of the fractures closed at depth
and discrete moulins formed. The surface water
flow (~24 m3/s) previously filling the lake
provided inflow into the areas still connected to
the bed. Melt widening at locations where inflow
was greatest (e.g., at the ends of surface streams),
competing with the tendency of overburden pres-
sure to close the no-longer water-filled fractures,

probably produced and maintained a few
discrete moulins that remained open throughout
the remainder of the melt season (fourth stage),
similar to those we observed after drainage in
2007 (Fig. 1).

Also during the third stage, the transient
subglacial lake drained over a ~24-hour period,
as suggested by the GPS-measured vertical
subsidence and horizontal southward motion
(Fig. 2 and fig. S2). The relatively rapid sub-
glacial lake drainage suggests the presence of an
efficient subglacial hydrological system. Increased
ice fracturing likely occurred during this stage as
well, possibly explaining the elevated seismic en-
ergy in the 1-hour period immediately following
the lake drainage (fig. S3).

Throughout themelt season, the onshore GPS
recorded fluctuations in ice-sheet velocity of 50
to 100% that correlate well with calculations of
daily melt intensity and regional ice-sheet flow
(1). Other than the ~24-hour period following
the drainage (Fig. 2 and fig. S2), the character of
the pre- and postdrainage speed fluctuations did
not differ appreciably (1). Thus, the opening of a
new moulin draining a large daily melt volume
(24 m3/s) had little apparent lasting effect on
the local ice-sheet velocity. Instead, we hypoth-
esize that this event contributed to the collective
formation of a network of regionally distributed
moulins supplying meltwater to the bed that mod-
ulated ice flow both before and after the drainage
event. Such modulation implies the presence of a
well-connected subglacial drainage system capa-
ble of receiving water inflow at discrete locations

and dispersing it uniformly beneath the ice sheet.
This creates what appears to be partial ice-bed de-
coupling associated with a distributed subglacial
hydrological system. These indirect observations
highlight how much remains to be learned about
the subglacial environment beneath the Greenland
Ice Sheet.

Our lake-drainage observations provide ev-
idence for a fracture-driven process opening a
1-km-deep through-ice conduit and injecting a
large volume of surface meltwater directly be-
neath the ice sheet. Although fracturing estab-
lished the initial connection, additional melting
from energy dissipation during the turbulent flow
of water in its 1-km descent likely played a role in
widening and maintaining discrete moulins that
stayed open throughout the remainder of the melt
season. Thousands of lakes are formed on the ice
sheet’s surface throughout the ablation season,
and although we have detailed observations from
only a single lake, we do not believe the lake
drainage we observed was an isolated or unique
event. Other Greenland supraglacial lakes have
previously been observed to disappear from the
surface in 1 day (12). During ground and aerial
surveys in 2006 and 2007, we investigated more
than 10 surrounding lake basins near our study site
and detected numerous streams draining into
moulins across the ice sheet’s surface. These sys-
tems were observed both where lakes had drained
completely and also where lakes cut overflow
channels that later drained into nearby fractures
and moulins. In addition, all of the postdrainage
lake basins that we observed had fractures running
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Figure 1.5: GPS and lake level data from the lake drainage event captured by Das and
others (2008). (a) relative elevation (Zrel, black line), rate of elevation change (red line)
and lake level (grey line) recorded by the two HOBO loggers, (b) north (red) and east
(blue) components of velocity for the same GPS. After Das and others (2008)

.

2012; Howat and others, 2013; Joughin and others, 2013; Lettang and others, 2013; Morriss

and others, 2013; Fitzpatrick and others, 2014). To summarise witha focus on ice dynamics:

these studies have revealed that (i) fast (< 1 day) draining lakes are most prevalent in the

southwest sector of the Greenland Ice Sheet, which accounted for 61% of all fast draining

lakes in Greenland (Selmes and others, 2011), (ii) supraglacial lake drainage is responsible

for spatial variations in ice sheet flow (Joughin and others, 2013), and (iii) supraglacial

lakes form at higher elevations during warmer years (Liang and others, 2012; Howat and

others, 2013; Fitzpatrick and others, 2014).

As early as 2007, it was speculated that “should warming allow the inland migration of ...

meltwater lakes ... then thawing and enhanced lubrication of the bed in those regions will

be likely” (Bamber and others, 2007, p. 4). The expected expansion of meltwater lakes

to higher elevations has now been observed (Liang and others, 2012; Howat and others,
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2013; Fitzpatrick and others, 2014) but as Howat and others (2013, p. 203) asserted “data

are not yet available to investigate a corresponding change in ice dynamics”. As origi-

nally asserted by Zwally and others (2002), “short-term [i.e. seasonal] velocity variations

have [still] not been observed in the flow of ice sheets away from ice streams and outlet

glaciers”. Similarly Parizek and Alley (2004, p.1025) asserted that their findings highlight

“the importance of additional field studies in determining the upglacier extent of ... [the

melt-induced acceleration] mechanism for enhanced sliding, the surface-meltwater catch-

ment area that ultimately contributes to basal lubrication, and the minimum quantity of

meltwater required to initiate and sustain increased flow rates.”

Longer observational records with high tem-
poral resolution in other ablation areas of the
ice sheet are necessary to test the importance
of the positive-feedback mechanism between
melt rates and ice velocities. At present, we can-
not conclude that this feedback is important. We
do see a significant increase of the ablation rate
(Fig. 2), which is likely related to climate warm-
ing, but it remains to be seen if this is likely to
be amplified by increasing annual ice velocities.
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Mg/Al Ordering in Layered Double
Hydroxides Revealed by Multinuclear
NMR Spectroscopy
Paul J. Sideris,1,2 Ulla Gro Nielsen,1,2* Zhehong Gan,3 Clare P. Grey1,2†

The anion-exchange ability of layered double hydroxides (LDHs) has been exploited to
create materials for use in catalysis, drug delivery, and environmental remediation. The specific
cation arrangements in the hydroxide layers of hydrotalcite-like LDHs, of general formula
Mg2+1–xAl

3+
xOH2(Anion

n–
x/n)·yH2O, have, however, remained elusive, and their elucidation could

enhance the functional optimization of these materials. We applied rapid (60 kilohertz) magic
angle spinning (MAS) to obtain high-resolution hydrogen-1 nuclear magnetic resonance (1H NMR)
spectra and characterize the magnesium and aluminum distribution. These data, in combination
with 1H-27Al double-resonance and 25Mg triple-quantum MAS NMR data, show that the cations are
fully ordered for magnesium:aluminum ratios of 2:1 and that at lower aluminum content, a
nonrandom distribution of cations persists, with no Al3+-Al3+ close contacts. The application of
rapid MAS NMR methods to investigate proton distributions in a wide range of materials is
readily envisaged.

Hydrotalcite-like layered double hydroxides
(LDHs) are a class of inorganic lamellar
compounds with the general chemical

composition M2+
1–xM

3+
x(OH)2(A

n–
x/n)·yH2O,

where M2+ and M3+ are divalent and typically
trivalent metal cations respectively, x is the molar
ratio of the trivalent cation [M3+/(M2+ + M3+)],
which typically varies between 17% and 33%

(1), and An– is an anion with charge n. The pres-
ence of a trivalent metal in the metal hydroxide
[M1–xM!x(OH)2] sheet induces an overall positive
charge, which is compensated by the incorpora-
tion of the anion, along with structural water, in
the interlayer spaces (Fig. 1). One naturally oc-
curring example of this class of materials is the
mineral hydrotalcite, Mg6Al2(OH)16CO3·4H2O,
which contains carbonate ions in between the
layers. The materials can accommodate a wide
range of different anions (2) and cations (3),
leading to a large compositional variety and thus
tunability for a large number of applications.

These materials are of considerable geolog-
ical relevance because of their anion-exchange
capacity, which can affect the mobility of chem-
ical species in the environment. Although there is
a large group of materials with cation-exchange
capabilities, the number of systems with positively
charged frameworks or layers is extremely limited.
LDHs are, therefore, attractive candidates as
anion exchangers and can be used, for example,
to remove toxic anions such as chromates (4),
selenates (5), or halides (6) from waste waters
or, more recently, as drug delivery systems (7).
The materials are also frequently used as cata-
lysts, catalyst supports, or precursors for oxides
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Figure 1.6: Velocities across the Kangerlussuaq (K-) transect between 1990 and 2007. Site
names are given in the legend. After van de Wal and others (2008)

Subsequent studies have, however, questioned the validity of the so called ‘Zwally effect’

over long (i.e. interannual) timescales. Price and others (2008) argued that the acceleration

observed by Zwally and others at the ELA could be the result of longitudinal coupling to

marginal ice. This assertion is at least partly incorrect as Zwally and others also observed

coincident ice sheet surface uplift (Figure 1.3b) that is indicative of localised hydraulic

ice-bed separation (e.g. Iken, 1981; Sugiyama and Gudmundsson, 2004). Nevertheless, the

question of whether ice in the interior is longitudinally coupled to marginal ice remains
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both important and unanswered. It was partially addressed by Bartholomew and others

(2011a) who revealed that the seasonal velocity variation does extend further upglacier in

warmer years. The observation by van de Wal and others (2008) of a slight, but significant,

decline in annual velocities on Russell Glacier between 1990 and 2007 (Figure 1.6) despite

increasing surface melt (measured using surface mass balance stakes) suggested that the

positive feedback mechanism between melt and ice flow was a seasonal process and that over

longer periods the ice sheet self-regulated its dynamic response to increased surface melt.

Earlier, Truffer and others (2005) had criticised the extrapolation of the simple correlation

between melt and velocity, while presenting evidence of low annual velocities on Black

Rapids Glacier despite record setting melt rates during the exceptionally warm summer

(in North America) of 2004. It has long been known that the subglacial drainage efficiency

of alpine glaciers adapts to the melt water flux (e.g. Iken, 1981; Fountain, 1994; Hubbard

and Nienow, 1997). Drawing on existing glaciohydrological theory both Truffer and others

(2005) and van de Wal and others (2008) argued that the regulating effect of subglacial

drainage development on ice flow should be taken into account in Greenland.

1.3 The regulation of ice flow by subglacial hydrology

The dynamics of a land-terminating ice mass are relatively simple. Ice moves downhill

under the gravitational driving stress. The velocity is governed by the frictional resistance

(or traction) at its base, and the amount of internal deformation within the ice column (e.g.

Cuffey and Peterson, 2010). If we assume variations in internal deformation are negligible

then variations in surface ice motion are a result of spatial and temporal variations in basal

traction. Shearing of soft subglacial sediment allows the fastest motion, in for example ice

streams, with frozen bed conditions representing the other, slower, end of the continuum.
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The input of water to the ice-bed interface affects traction at the bed for both hard and

soft beds, by either sediment weakening or hydraulic ice bed separation (jacking). High

magnitude inputs of water cause extensive reductions in traction, but they also have the

propensity to form efficient subglacial drainage systems, which thereafter drain the bed

leading to a consequent lowering of effective pressure, and therefore lower rates of basal

sliding. The feedbacks between water inputs, subglacial hydrological development and

velocities are key to the dynamic response of a land-terminating ice mass to changes in

external forcing.

Land terminating outlet glaciers in Greenland show a similar dynamic behaviour to Alpine

and high Arctic valley glaciers: as melt progresses upglacier the hydrological system in-

creases in capacity in response to the increased water flux to the bed (e.g. Bartholomew

and others, 2010). The highest velocities typically occur at the onset of the melt season

(known as the spring event on Alpine Glaciers) when the first influx of surface water to the

bed overwhelms the inefficient drainage system present at the end of winter (Harper and

others, 2002; Mair and others, 2003; Bartholomew and others, 2010; Hoffman and others,

2011). During the ‘spring event’, water is forced under high pressure into the distributed

drainage system leading to a rapid reduction in basal traction and coupling (e.g. Iken and

others, 1983; Kamb, 1987; Harper and others, 2002). Ice velocities then gradually decrease

into mid-summer, despite generally high melt rates (Figure 1.7), as it is argued, a more ef-

ficient system of channelised drainage develops (e.g. Hubbard and Nienow, 1997; Fountain

and Walder, 1998; Bartholomew and others, 2010). Such Röthlisberger channels, which are

incised upwards into the ice by heat released by the turbulent flow of water, evacuate large

volumes of water at low-pressure, draining the distributed system and increasing basal

coupling (Röthlisberger, 1972).

Transient accelerations still occur whenever the capacity of the drainage system is chal-
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Figure 2 | Seasonal development of melt-induced ice velocity variations. a–d, 24-h horizontal velocity (blue) and surface height (green) at GPS site 1

(395m a.s.l.) (a), site 2 (618m a.s.l.) (b), site 3 (795m a.s.l.) (c) and site 4 (1,063m a.s.l.) (d). The surface height is shown relative to an arbitrary datum

with a linear, surface-parallel, slope removed. The dashed lines show winter background velocity (black) and velocities from periods with sparse data

(blue). The shaded sections identify periods of ice acceleration associated with ice-surface uplift (red), and slower ice motion associated with a decrease in

surface height (blue). The solid lines indicate different phases of longer-term ice velocity versus surface uplift relationship. e, Temperature record from sites

1 (magenta), 3 (red) and 4 (blue).

variations, are 19%, 40% and 17%, equating to an increase in

annual ice flux of 8%, 14% and 6%. In addition, the data reveal an

up-glacier evolution in the onset of horizontal acceleration, and in

the subsequent slowdown. Site 2 began to speed up on 15 May and

sites 3 and 4 followed on 27May and 11 June, respectively.

At all sites, the highest horizontal velocities coincide with uplift

of the ice sheet surface, up to 12 cm in a single event, and reductions

in velocity occur when the surface is lowering or stable. The highest

daily horizontal velocities occur during periods of rapid uplift,

rather than at peak elevation. Clear longer-term seasonal changes

in surface elevation are associated with variations in the horizontal

flow regime, particularly at sites 3 and 4, and can be categorized into

three phases. Phase 1 is characterized by no enhanced surface uplift

and low horizontal velocities (7–30 May at site 3; 7 May–10 June

at site 4), and the slow-flowing inland ice (sites 3 and 4) seems

to be unaffected by the faster ice downstream (sites 1 and 2).

During phase 2, the rate of uplift increases, as do the horizontal

velocities (31May–19 June at site 3; 11 June–14 July at site 4), and in

phase 3, surface elevations gradually decrease towards (site 3) and

below (site 4) their early season levels (20 June–21 July at site 3;

15 July–29August at site 4) but can fluctuate by∼0.05md
−1
.

We used air temperature data to derive positive degree days

(PDDs) at each site to investigate relationships between surface

melt (as inferred from PDDs) and ice velocity. For the melt

season as a whole, there was a weak but significant correlation

between PDD and daily ice velocity at each site but there is no link

between the intensity of seasonal melting and the mean horizontal

velocity increase (Fig. 3a).

Studies of hydromechanical coupling at alpine and subpolar

glaciers reveal that intra-seasonal changes in the hydraulic efficiency

of the subglacial drainage system are a principal control on the

sensitivity of ice motion to meltwater inputs
13–17

. Our data show

that: (1) phase 1 (pre-melt) velocities are low and show no

relationship to PDD (Fig. 3c,d); (2) phase 2 (enhanced surface

uplift) mean velocities are high (>50% above winter background)

and positively correlated with PDD (Fig. 3b–d); and (3) during

phase 3 (surface lowering), the sensitivity of the relationship

between PDD and velocity changes such that only periods of

most intense melting (that is, high PDDs; Fig. 3b–d) are associated

with substantial enhanced surface velocity (>50% above winter

background). This accounts for the gradual decline in ice velocities,

but explains the sporadic high-velocity events.

From the association between the onset of surface melting,

surface uplift and enhanced horizontal velocities, we infer rapid de-

livery of surface melt water to the ice sheet bed following the estab-

lishment of a hydraulic connection
5,6,8,9

. This melt water increases
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Figure 1.7: The seasonal development of melt-induced ice velocity variations. Adapted
from Bartholomew and others (2010)

lenged by increases in surface water delivery (Schoof, 2010; Bartholomew and others, 2012).

Such transient accelerations, which are superimposed on the seasonal velocity cycle, occur

in response to exceptional melt events or supraglacial lake drainage events (e.g. Figure

1.5, Hoffman and others, 2011). The velocity minimum occurs at the end of the melt

season when declining melt rates are delivered to a drainage system with tranisent over

capacity (e.g. Colgan and others, 2009; Bartholomew and others, 2010, 2011a; Colgan and

others, 2011, 2012). During winter it is theorised that the subglacial drainage system closes

through creep closure of the ice. Ice velocities in Greenland are known to increase over
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winter (by as much as ∼ 20%) from the end-of-melt-season minimum (Joughin and others,

2010; Fitzpatrick and others, 2013), presumably as the remaining basal water pressurises

in response to creep closure and the subglacial drainage system reverts to a distributed,

inefficient mode. Over short time scales, GPS observations confirm the direct coupling

between melt and ice flow: diurnal variations in ice sheet motion peak around 2 hours after

peak daily melting (Shepherd and others, 2009, Figure 1.8). Such GPS observations are

spatially limited to the discrete points they sample and remote sensing measurements are

more practical for examining the wider spatial variation.
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Figure 1.8: Diurnal variations in (a) surface ice velocity and (b) surface uplift measured at
three sites 37 km (yellow), 53 km (green) and 72 km (blue) from the terminus of Russell
Glacier. After Shepherd and others (2009).

In 2011, Palmer and others (2011) captured a unique and unrepeated snapshot into the

spatial velocity variation across Russell Glacier catchment, West Greenland, when the two

European Remote Sensing (ERS) satellites orbited in tandem in 1995/96 allowing 1 day

repeat synthetic aperture radar interferometry (InSar) that has not been possible since.

These velocity maps (e.g. Fig 1.9) revealed that high-magnitude velocity variations occur

up to 100 km from the ice margin with a strong spatial variation in flow. Acceleration is

focused into fractal flow units, which arguably reflect the control of subglacial topography

on ice flow. It remains unclear, however, whether the velocity map of Figure 1.9, and
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particularly the strength and inland extent of the acceleration observed, is either (i) repre-

sentative of typical late summer velocities as postulated by the authors, (ii) indicating the

short-lived dynamic response of the ice sheet to supraglacial lake drainage events, or (iii)

is capturing a more unusual event.

a number of their boundaries are incomplete due to limitations in the
extent of the InSAR elevation model, our data cover almost all of the
area from which runoff occurs (the equilibrium line is located at
~1500 m (van de Wal et al., 2008)). Within the !ve smallest
catchments (QIG, KAU, AKS, ORK, PER), the area weighted mean
late-summer speedup was 12%; within the !ve largest catchments
(INU, AVA, AKN, ISU, RG), the area weighted mean late-summer
speedupwas 37%. We !nd also that at the majority of sites included in
a recent GPS survey of the ice sheet motion (van de Wal et al., 2008)
there is no signi!cant speedup in late-summer (Fig. 3 and Table 1).

To investigate the relationship between ice "ow and the degree of
surface melting in more detail, we compared the late-summer
speedup recorded within each catchment to the area, modelled

runoff, and to the number of topographic sinks present within each
catchment (Table 1). The quantity of modelled runoff and the number
of sinks present within each catchment (Fig. 5)are both highly
correlatedwith the catchment area (r=0.97 and 0.96, respectively) in
this sector of the Greenland Ice Sheet. According to our data, both the
number of topographic sinks and the estimated quantity of runoff
over the 5 days preceding the velocity observations are positively
correlated with the degree of ice speedup within each catchment
(r=0.78 and 0.79, respectively). We !nd a positive correlation of
similar signi!cance (r=0.77) between the number of sinks and the
degree of ice speedup, and a weaker correlation (r=0.72) between
the area of each catchment and the degree of ice speedup.

4. Discussion

Our results show that parts of the western margin of the GrIS
exhibit faster ice "ow in late-summer than in winter, and that this
effect extends far inland. Although our InSAR data cover a smaller

Fig. 4. Mean speedup binned at 100 m elevation intervals for late-spring (dotted blue
line) and late-summer (solid red line). Unavailable late-spring data below 800 m and
above 1500 m is indicated with a grey dashed line.

Table 1
Basin area, average late-summer speedup, number of sinks and modelled runoff
accumulated during the 5 days preceding the late-summer velocity observations for
each of the catchments shown in Fig. 3.

Catchment Area
(km2)

Summer speedup
(%)

Number
of sinks

Runoff
(106 m3)

Inugpait quat (INU) 430 47 19 52
Avangnardleq (AVA) 1500 31 40 81
Qigssertaq (QIG) 98 17 1 12
Kautorissat isuat (KAU) 140 18 4 13
Akuliaruserssuq north (AKN) 900 25 22 58
Akuliaruserssuq south (AKS) 130 17 3 18
Isunnguata sermia (ISU) 2400 48 45 154
Russell glacier (RG) 1200 32 28 105
Orkendalen (ORK) 60 1 1 9
Perserajut (PER) 110 1 3 18
Total/area weighted mean 6968 35 166 522

Fig. 3. Supra-glacial hydrological catchments (white lines, Table 1) superimposed on a map of seasonal (late-summer minus winter-average) velocity change (colour scale). Also
shown are melt-water streams (black lines), topographic sinks (coloured black), and the location of the K-transect (white stars). The data in Fig. 2 were extracted at the location of
the purple circle.

426 S. Palmer et al. / Earth and Planetary Science Letters 302 (2011) 423–428

Figure 1.9: Late summer velocity map minus the mean winter velocity map superimposed
on supraglacial drainage catchments (white), surface hydrology (black) and the K-transect
locations (white stars). After Palmer and others (2011).

Drawing on the conclusions of Schoof (2010), Sundal and others (2011) presented evidence

that increased melt during warmer summers leads to an earlier transition to efficient sub-

glacial drainage and an overall lower annual velocity during warmer years (Fig. 1.10). Due
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to the limitations of the remote sensing technique used, the analysis of Sundal and others

(2011) is, however, restricted to the first ∼ 40 km of five outlet glaciers on the western

margin. There are several reasons why this marginal area may not be representative of the

behaviour of the ice sheet at higher elevations. Hence, the application of processes from

alpine glaciers to the Greenland Ice Sheet as a whole may not be straightforward.
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Figure 1.10: Ice velocity relative to the winter mean for (a) years of high melting (1995 and
1998) and (b) years of low melting (1993, 1996 and 1997). Velocity data were calculated
between 35-day intervals using European Remote Sensing satellite radar data and represent
averages from two glaciers in the elevation bands 500 to 600 m and 400 to 500 m. The
orange and blue shading are estimates of daily surface runoff. After Sundal and others
(2011).

1.3.1 Problems with the Alpine analogue

The Alpine analogue hinges on the development of efficient subglacial drainage which is

hypothesised to evacuate large volumes of water through low-pressure Röthlsberger (R-)

channels, increasing basal coupling and regulating basal sliding (e.g. Röthlisberger, 1972;

Bartholomew and others, 2011a; Nienow and others, 2005). Although several studies have

shown that the dynamic behaviour (specifically the seasonal surface velocity cycle) of

Greenland’s land-terminating outlet glaciers is analogous to that of valley glaciers (e.g.

Bartholomew and others, 2010; Sundal and others, 2011, Figure 1.7) there are important
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thermal and geometric differences between the Greenland Ice Sheet and smaller alpine and

arctic valley glaciers that demand consideration before the Alpine analogue can be applied

as a general rule, especially to higher elevations.

First, ice thicknesses in Greenland (Bamber and others, 2001) are an order of magnitude

greater than those found on valley glaciers. As a result the overburden pressure is higher

and creep closure rates of unpressurised subglacial channels are expected to be rapid for

kilometre thick ice, on the scale of days to hours (e.g. Bartholomaus and others, 2008).

Second, at high elevations (above 1400 m a.s.l.), lower rates of surface melt and runoff

over a shorter melt season (van As and others, 2012) result in lower volumes of water

being delivered to the basal drainage system thereby reducing the capacity of the system

to develop an efficient network (Schoof, 2010). The expansion of subglacial channels is

further hindered by low surface and bed gradients in the ice sheet’s interior resulting in

less energy available for turbulent flow, and therefore less channel expansion by wall melting

(Röthlisberger, 1972). Third, although the thermal regime for much of the Greenland Ice

Sheet is unknown outside of a small number of boreholes (e.g. Lüthi and others, 2002)

it is expected to be significantly colder than the temperate ice of alpine valley glaciers,

hindering channel development further still.

The ice sheet may overcome these hindrances by focussing water in space and time and

moulins on the GrIS (e.g. Fig. 3.2d) typically have larger drainage basins (Fitzpatrick,

2013) and deliver greater volumes of water to the subglacial environment (McGrath and

others, 2011) than moulins on valley glaciers. Indeed, the preponderance of supraglacial

lakes across much of the ice sheet margin, which provide the water volumes required for

hydrofracture through thick ice (e.g. Das and others, 2008; Krawczynski and others, 2009),

may play an important role in developing Greenland Ice Sheet englacial and subglacial

hydrology by focussing water inputs to the bed in space and time. Furthermore, the
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inherent sporadic distribution of water inputs from moulins and rapidly draining lakes

may explain the fractal flow units identified by Palmer and others (2011) on Fig. 1.9.

Supraglacial and proglacial lakes do drain under and through valley glaciers in the European

Alps, (e.g. Sugiyama and others, 2008), Arctic canada (e.g. Boon and Sharp, 2003) and

Svalbard (e.g. Liestol and others, 1980) but such events are not as widespread, or perhaps

as important for hydrology and ice flow, as they are in Greenland, especially on the ice

sheet’s western margin (e.g. Selmes and others, 2011).

Hence, it is conceivable that near the ice sheet margin where ice thicknesses are low, surface

gradients high and water inputs large that efficient subglacial drainage does develop in a

manner akin to that of alpine glaciers. If, on the other hand, we consider a transect across

the ice sheet, from the margin to the interior, it is plausible that at a certain distance along

the transect the conditions, as described above, are unfavourable for the development of

effective subglacial drainage and its regulating influence on ice flow. Beyond this theoretical

point warmer and longer melt seasons could drive a net acceleration of ice flow. This

hypothesis, which has been posited several times (e.g. Zwally and others, 2002; Parizek

and Alley, 2004; Bamber and others, 2007; Lemke and others, 2007), requires further

testing.

1.4 Summary

The GrIS is deglaciating and its contribution to global SLR has accelerated (e.g. Shepherd

and others, 2012). Ice mass loss from Greenland is equally split between ice dynamics

and runoff processes (van den Broeke and others, 2009). The dynamics of the Greenland

Ice Sheet were previously thought to be relatively insensitive to external forcing such as

climate change (e.g. Church and others, 2001), but recent studies (e.g. Zwally and others,
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2002; Parizek and Alley, 2004) have hypothesised that the positive feedback mechanism

of ‘hydrological coupling’ could accelerate the ice sheet’s response to a climate warming.

Subsequent studies (e.g. Truffer and others, 2005; Bartholomew and others, 2010; Sundal

and others, 2011) have, however, argued that Greenland’s outlet glaciers respond to surface

melt inputs in a manner that is analogous to that of valley glaciers. High magnitude inputs

of water overwhelm the subglacial drainage system causing extensive reductions in traction,

but they also have the propensity to form efficient subglacial drainage systems, which

thereafter drain the bed with a consequent lowering of effective pressure and therefore

reduced basal motion.

There exist, however, important geometric and thermal differences between temperate

valley glaciers and the Greenland Ice Sheet. Namely, lower melt rates, shorter melt seasons,

thicker ice and shallower surface and bed slopes, which would theoretically impede the

development and longevity of efficient subglacial drainage and its regulating influence on ice

flow, at least at high elevations in the ice sheet’s interior. These differences require careful

consideration before the ‘Alpine analogue’ can be applied to the GrIS as a whole.

Supraglacial lakes play an important role in establishing surface-to-bed hydraulic pathways

through kilometre thick polythermal ice that can remain open for the remainder of the melt

season. The observation of surface uplift during rapid in situ supraglacial lake drainage

(e.g. Das and others, 2008) and forced by the diurnal melt cycle (Shepherd and others,

2009) provides direct evidence for the penetration of surface water to the ice-bed interface

through kilometre-thick ice. Further investigation is required to constrain the mechanism

of rapid in situ lake drainage and data is required to test whether the observed expansion

of supraglacial lakes to higher elevations in Greenland (Liang and others, 2012; Howat and

others, 2013; Fitzpatrick and others, 2014) is driving an expansion of melt-induce velocity

variations and an acceleration of ice flow in the interior.
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1.5 Aims and objectives

The overarching aim of this project is to further our knowledge of basal hydrological forc-

ing on ice sheet motion. For reasons outlined in the following chapter, Chapter 2, this is

achieved using global positioning system measurements of surface ice motion supported by

meteorological and hydrological records. Transect-based GPS studies have already been

undertaken by the Institute of Marine and Atmospheric research in Utrecht (IMAU, e.g.

van de Wal and others, 2008) and Edinburgh University (e.g. Bartholomew and others,

2010, 2011a, 2012). Instead, this thesis focuses on specific events, using them as natural ex-

periments to gain insight into the processes at work. This thesis also focusses on behaviour

in the lower accumulation zone — at a higher elevation and in more detail than previous

studies — as the importance of dynamic changes in the interior is widely recognised yet

data from this logistically-difficult-to-access zone remain unavailable. It is hoped that the

insights gained will contribute to our collective understanding of the dynamic behaviour

of land-terminating sectors of the Greenland Ice Sheet, providing evidence for how the ice

sheet has responded to recent warm summers and insight into what the future portends.

Within these broad aims the following specific objectives have been identified:

1. To develop an efficient and robust method for acquiring and processing GPS datasets

for determining surface ice velocities on the GrIS over sub-diurnal to annual time

scales.

2. To investigate basal hydrological forcing on a land-terminating margin of the GrIS,

which is therefore isolated from the complicating influence of marine processes.

3. To investigate the mechanisms driving variations in ice sheet flow on sub-diurnal to

inter-annual time scales.
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4. To further our knowledge of rapid in situ supraglacial lake drainage events via the

hydraulic fracture mechanism.

5. To test whether velocities in the ice sheet’s interior are increasing in response to

recent warm summers and the observed inland expansion of supraglacial lakes.

6. To test whether alpine glaciers are an appropriate analogue for the dynamics of the

Greenland Ice Sheet.

1.6 Structure of thesis

This thesis is structured into eight chapters. Chapter 1 has introduced the Greenland Ice

Sheet, synthesised the current knowledge concerning mass balance and the response of ice

sheet flow to atmospheric forcing, and placed this thesis into context. Chapter 2 reviews

the techniques used to measure surface ice motion with a focus on global positioning system

(GPS) techniques. Chapter 3 introduces the field site before detailing the methods used

to make dual-frequency GPS measurements of surface ice motion. Chapter 3 describes

GPS theory, data collection and processing, and the interpretation of such measurements.

Supplementary datasets used to complement the ice motion records are described briefly

in Section 3.4 and more fully as appropriate in the relevant results chapters. Chapter

4 presents an overview of the results, and by focussing on the general patterns in ice

velocities, it provides the spatio-temporal context for the following three more specific

results chapters (Chapters 5, 6, and 7), which take the form of standalone experiments.

Due to the wide array of GPS processing techniques and supporting datasets available each

of these results chapters contains specific and in-depth details of its associated methods.

Chapter 5 reports the geophysical capture of a rapid in situ supraglacial lake drainage

event. Chapter 6 identifies a new forcing mechanism for ice sheet acceleration — rainfall
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and melt driven by cyclonic weather. Chapter 7 reports on the seasonal and inter-annual

acceleration from the highest GPS site located within the accumulation zone, and offers

explanations for its causes. Chapter 8 synthesises the results presented in Chapters 4 to 7

and discusses them in the wider context of other studies. Chapter 8 also identifies directions

for future research. Finally, the main conclusions of this thesis are summarised in Chapter

9.
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Chapter 2

Measurements of surface ice

motion: a review

An ice mass only becomes a glacier when it begins to move. Hence, by the definition of

the word ‘glacier’ as a moving body of ice the study of ice motion has, is, and will continue

to be an inherent and important aspect of glaciology. This chapter briefly reviews the

methods used by glaciologists to measure ice motion. It intentionally focusses on GPS

measurements as, for reasons that will become clear, this is the technique used in this

study.

2.1 Traditional surveying techniques

The earliest studies of glacier motion relied on the repeat survey of poles drilled into

the ice surface using theodolites (e.g. Agassiz, 1847; Iken and others, 1983) and similar

techniques are still applied today (e.g. Copland and others, 2003). Traditional surveying

25
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techniques still have their merits: they allow multiple poles to be surveyed at a daily or

sub-daily sampling interval without a large financial investment in equipment. Automated

theodolites combined with an electronic distance meter (EDM; e.g. Gudmundsson and

others, 2000) can save much of the manual labour involved with such surveys. Despite

this, these techniques now appear less frequently in the published literature and their

decline since the 1980’s reflects the move to the Global Positioning System (GPS) and

remote sensing.

2.2 GPS measurements of ice motion

The Global Positioning System (GPS) — the first of several Global Navigation Satellite

Systems (GNSS) — allows accurate positioning without reference to landmarks or visibil-

ity of the sun or stars. Glaciologists were amongst the first geoscientists to adopt GPS

surveying (e.g. Hinze and Seeber, 1988, see Fig. 2.1) due to the difficulty in carrying out

traditional surveying techniques in polar regions where line of sight to bedrock can be

impossible, and survey conditions are often hostile.

Since the first studies, the array of GPS surveying methods used in determining ice ve-

locities has steadily increased. Due to the high cost of GPS receivers, initial studies (e.g

Eiken and others, 1996; Hagen and others, 2005; MacGregor and others, 2005) often re-

lied on the surveying of multiple stake locations at discrete points in time followed by

post-processing using commercially available software. This method allows the survey of a

number of stakes using a single receiver, but it is inherently limited by both the repeat time

and the requirement for the operator to be in the field. GPS receivers are less expensive

than they used to be and it is now common practice to install continuously-operating GPS

receivers at individual sites for long periods of time, allowing continuous high-frequency
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Hill=e alld Seeber: 

The absolute coordinates of the reference stations which 
were tracking the satellites for the main period covered by 
the observations are post-processed from more precise 
satellite orbital data and will reach the I m accuracy level 
in all three coordinates. The combination of relative station 
coordinates and absolute station coordinates then yields a 
network accuracy of about 1-2 m (Ell mer and others 1987). 

1.2 Global Positioning System (GPS) 
The NAYSTAR- GPS (Navigation System with Time 

and Ranging - Global Positioning System) will consist, when 
it is complete (probably at the end of 1989), of 18 satellites 
in orbits 20200 km above the Earth. Unlike Transit, GPS 
will have at least four satellites constantly within view, 
worldwide, so that three-dimensional real-time positioning 
will be possible. Currently only nine satellites are available; 
several hours' coverage daily can be provided by four 
satellites. Consequently, GPS is already in use in a limited 
way (see Fig. 2). 

Fig. 2. Radio visibility of GPS satellites at Neumayer 
Station on I February 1987. Favorable observation 
conditions (four satellites) occurred between 14.00 and 
18.00 GMT, dilution of precIsIon occurred in the night 
coverage block. Satellites 4, 7 and 8 are not suitable for 
positioning. 

lce-motioll determillation by means 0/ satellite positioning systems 

The basic positioning mode is realized by the 
measurements of so-called pseudo-ranges between the user 
and four satellites . These ranges are determined by 
cross-correlating a coded navigation signal , transmitted from 
the satellite, with an identical signal generated in the 
receiver. The measurement of pseudo- ranges requires prior 
knowledge of the signal codes. The P-code (precise or 
protected code) allows real-time posItIoning with an 
accuracy of 10-15 m in the GPS broadcast-ephemeris system. 
The less accurate S-code (standard code or 
C/ S-code - coarse/ acquisition or clear/ access code) has an 
accuracy of 30-50 m in the broadcast system. As in the 
case of Transit, the predicted broadcast ephemeris is of 
limited accuracy, so that the position in an absolute 
coordinate system will be worse than the one in the 
broadcast system. 

The GPS satellites transmit the orbital data elements 
and information about satellite clock behavior within the 
data signal. These messages are code-modulated on the 
carrier frequency . Two frequencies are used: the signal LI 
(1.6 GHz), containing P- and S-codes, and the signal L2 
(1.2 GHz), containing only the S-code. Consequently, 
reduction of the mean-posItIOning error, by refraction 
correction from measurements on both carrier frequencies, 
can only be computed by those users who have access to 
the L2 carrier. Currently both codes are free, but after 
completion of the GPS, the P-code will probably be 
classified and will not be made available to non-military 
users. The accuracy of S-code positioning will then limit 
the absolute coordinates to 100 m. 

The basic concept of GPS measurements by 
pseudo-ranges is used for on-line positioning (navigation) 
and may provide a real-time position accuracy of 10 m 
(which is not sufficient for geodetic purposes) within the 
broadcast-ephemeris reference system. A higher acc uracy 
is available by using differential techniques (like 
translocation with Transit) and by measurements of the 
signal-carrier phase. For the application of phase 
measurements, the carrier must be reconstructable in the 

Fig. 3. TI4100 receiver transport and measurement sledge on Ekstrom Ice Shelf, 1987. 

37 Figure 2.1: The Texas Instruments TI 4100 receiver transport and measurement sledge
on Ekstrom ice shelf in 1987, from Hinze and Seeber (1988). GPS receivers suitable for
precise measurements of ice motion are now smaller, more portable, easier to operate and
less expensive than early systems.

records of ice motion to be acquired, so long as the GPS remains on (e.g. Howat and others,

2008; Bartholomew and others, 2010). Limitations on battery capacity encouraged some

glaciologists (e.g. Larson and others, 2002; Zwally and others, 2002) to operate GPS on

a scheduled basis, with receivers programmed to ‘wake-up’ and begin recording for dis-

crete periods of time. Another option for low-power GPS observations are single-frequency

measurements.

Single-frequency GPS measurements

Single-frequency positioning, known as the standard positioning service (SPS), is used in

handheld GPS devices and car navigation systems, and is precise at the 1 to 10 m level.

At this level of precision glacier velocities can still be effectively estimated by averaging

over longer time periods (e.g. Den Ouden and others, 2010). The main advantages of

single-frequency GPS systems is their ability to operate continuously with small battery
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supplies (often small lithium cells) providing long, uninterrupted records (> 1 year) of ice

motion at low cost. Such systems (e.g. Fig. 2.2) were used first by van de Wal and others

(2008) and later by Bosmans (2009), Den Ouden and others (2010) and Dunse and others

(2012). The level of precision achieved by single-frequency GPS receivers is not, however,

sufficient to detect subtle sub-daily variations in ice velocity, which are typically of a small

magnitude over short timescales. Russell Glacier, for example, moves at an average speed

of 100 m yr−1 which is equivalent to 27 cm day−1 or 11 mm hr−1. To measure variations in

ice velocity of this magnitude on sub-daily time-scales we need to achieve cm-level precision

or better.
594 M. A. G. den Ouden et al.: GPS ice velocity observations

but also to have data on the mass budget, ice conditions
(thickness and temperature), and surface and bedrock topog-
raphy. In the past, ice-flow velocities were measured with
stakes and traditional surveying methods, such as the use of
theodolites. Nowadays, we have several airborne and space-
borne geodetic techniques at our disposal, such as the Global
Positioning System (GPS) (Hinze and Seeber, 1988; King,
2004; Sunil et al., 2007), interferometric synthetic aperture
radar (InSAR) (Joughin et al., 2008; Rignot et al., 2006), and
speckle tracking techniques (Kääb et al., 2005). Although
satellite remote sensing techniques provide valuable infor-
mation on entire glaciers and ice sheets, the information is
generally only available at time intervals of days to weeks.
Therefore, GPS is indispensable in providing ground mea-
surements, validation of the aforementioned techniques, and
continuous measurements on a high temporal resolution.
Differential GPS techniques have been used for glaciologi-

cal applications for several decades (Hinze and Seeber, 1988;
Zwally et al., 2002). In May 2000, the Selective Availability,
which caused an error of about 100m in the location deter-
mined by stand-alone single-frequency GPS receivers, was
switched off. This resulted in a substantially improvement in
the accuracy of these systems (United States Air Force, 1996;
USA Department of Defence, 2008). As a result, stand-alone
single-frequency GPS receivers can now be used for glacio-
logical applications such as ice flow velocity determination
(Van de Wal et al., 2008). The Institute for Marine and At-
mospheric research in Utrecht, the Netherlands (IMAU) has
developed a low cost stand-alone single-frequency GPS unit,
where stand-alone refers to no use of differential techniques,
to perform year-round ice flow velocity observations. The
purpose of this paper is to present this system, outline its
possibilities and discuss its advantages and limitations. As an
example, we present ice-velocity observations using this sys-
tem on the glacier Nordenskiöldbreen, Svalbard, collected
between 2006 and 2009, as part of the IPY-GLACIODYN
project. In the remainder of the paper unless stated other-
wise, GPS refers to a stand-alone single-frequency GPS re-
ceiver.
First, we describe the technical aspects of the system.

Next, the measurements obtained at a stationary reference
station are analyzed to illustrate the accuracy of the GPS unit.
Subsequently, observations from 9 receivers located on the
glacier Nordenskiöldbreen, Svalbard, provide information on
the annual velocity of the ice, and its velocity variations on
shorter time scales.

2 Methods

2.1 GPS

The GPS system consists of a constellation of 24 to 32 satel-
lites. The satellites rotate in semi-synchronous (11:58 h) or-
bits around the Earth repeating the same ground track once

Fig. 1. GPS unit attached to a mass-balance stake.

every 23:56 h. The orbital planes in which the satellites or-
bit have an inclination angle of 55◦ relative to the Earth’s
equator and a radius of about 26 600 km. Each GPS satellite
continuously broadcasts information at two frequencies, the
so called L1 and L2 bands. A GPS receiver calculates its
position by precisely timing and analysing the signals sent
by the GPS satellites (United States Air Force, 1996; USA
Department of Defence, 2008).
The GPS setup (Fig. 1) evaluated in this paper determines

its location based on a single-frequency signal (L1). The L1
signal carries so called Coarse/Acquisition (C/A) and Precise
(P) encoded information containing satellite orbital informa-
tion and clock information. Our GPS uses the C/A encoded
information to determine the GPS location in theWGS84 ref-
erence frame. The achievable horizontal accuracy of a single
observation using such a stand-alone single-frequency setup
is between 13.6 and 22.7m (HSAT value for a range of iono-
spheric delay estimates, USA Department of Defence, 2008).
The most important error sources in the determined po-

sitions are inaccuracies in the signal arrival time measure-
ment, satellite orbital and clock information, atmospheric in-
fluences on the signal, multipath errors and satellite geometry
(United States Air Force, 1996). The largest uncertainty is
introduced by the influence of the atmosphere on the signal,
especially the influence of the ionosphere. In the ionosphere
solar radiation ionizes particles, changing the total electron
content. This results in conductive layers which refract the
GPS signal thereby increasing the traveling time of the sig-
nal.
Depending on the frequency bands and broadcasted infor-

mation used and stored by the receiver, the accuracy of a GPS
determined location can be improved (King et al., 2002).
A number of methods and models can be applied to do so.
These include making use of carrier phase information to

The Cryosphere, 4, 593–604, 2010 www.the-cryosphere.net/4/593/2010/

Figure 2.2: An L1 GPS receiver installed on a mass balance stake as used by van de Wal
and others (2008). Compare with Figures 2.1 and 3.3. Adapted from Den Ouden and
others (2010).
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2.2.1 GPS theory

To understand the measurement capability of GPS we must first briefly introduce GPS

theory. For a comprehensive description the reader is referred to Leick (2004), on which

the following summary is predominantly sourced.

GPS receivers measure the travel time of radio signals broadcast by a constellation of

satellites. The satellites transmit at two main frequencies (although a third has now been

introduced) known as the L1 (1575.42 MHz) and L2 (1227.6 MHz) frequencies. These

frequencies are modulated by two types of code: (1) the coarse acquisition (C/A) code

for the standard positioning service (SPS) and the precise (P-) code for the precise posi-

tioning service (PPS). Two types of measurements made by receivers are inherent to GPS

positioning. The first is the pseudorange: a measure of the travel time of the radio signal

between the satellite and the receiver with the addition of a small corrective term due to

clock errors, ionospheric and tropospheric delay, and signal multipath. Given a favourable

satellite geometry, four pseudoranges are sufficient to compute the position of the receiver

and its clock error. The second measurement is the carrier phase: the difference between

the received phase and the phase generated by the receiver at the epoch of measurement.

Receivers are programmed to make measurements at the same equally spaced epochs and

they keep track of the number of complete cycles received since the beginning of a measure-

ment. Thus the actual output is the accumulated phase observable at the present epoch.

The position of the receiving antenna is calculated from these range measurements using

trilateration.

If the Earth had no atmosphere this calculation would be easy and very precise. Unfortu-

nately the radio signal emitted by the satellites, which travels unhindered at the speed of

light through the vacuum of space, is refracted and dispersed: first, by charged electrons in
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the ionosphere and second by water vapour in the troposphere. These refractions create a

time-variable delay, which must be accounted for if we are to achieve the precision required

to measure ice sheet motion over sub-daily time scales. Fortunately, the tropospheric delay

is relatively simple to model and it is now possible to largely remove its effects. Ionospheric

errors — often the single largest source of error in GPS positioning and navigation — are

caused by refraction and dispersion of the GPS radio signals through a layer of charged

electrons known as the ionosphere (Klobuchar, 1991). At frequencies below ∼ 30 MHz

the ionosphere reflects radio waves allowing long-distance radio communications such as

high-frequency radio. Radio waves at frequencies higher than ∼ 30 MHz travel through

the ionosphere and the high-frequency L1 and L2 GPS signals penetrate the ionosphere

relatively well. The ionospheric delay varies in time: for a signal arriving at zenith, the

ionospheric delay can range from 10 ns (3 m) at night to as much as 50 ns (15 m) during

the day. The ionospheric delay also varies spatially and signals received from different

directions will have propagated through different portions of the ionosphere, and will have

suffered different amounts of ionospheric delay. For satellites observed at low elevation

angles the ionospheric delay may be almost three times greater than at zenith (Kaplan,

1996). At low satellite elevation angles (0–10 ◦) the delay can range from 30 ns (9 m) at

night to 150 ns (45 m) during the day (Kaplan, 1996). As the ionospheric delay is inversely

proportional to the frequency, measurements at two frequencies (e.g. L1 and L2) can be

used to reduce most of the ionospheric delay, by forming, for example, the ‘ionosphere

free’ linear combination. In contrast, the SPS used in single-frequency measurements ei-

ther accepts the reduced precision, or uses a simple ionospheric model broadcast by the

satellites.

The measurement capability of GPS lies in its ability to measure the carrier phase to

one hundredth of a cycle, equivalent to a distance of 2–3 mm. As discussed above, the
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high-frequency L1 and L2 signals propagate through the ionosphere relatively well, and

by combining these measurements the ionospheric delay can be estimated and removed.

Furthermore, GPS satellite orbits are stable due to their high-altitude where only the

gravitational pull of the sun and the moon has a significant effect, and this can be modelled.

The remaining sources of error: solar pressure, signal multi-path and clock errors can be

largely eliminated by post-processing.

Single- (SPS) and dual-frequency (PPS) observations provide the two main types of GPS

measurements, and further variations are predominantly related to the processing strategy

applied to dual-frequency measurements. Two principal types of post-processing exist:

relative processing and precise point positioning (PPP).

2.2.2 Relative GPS positioning

Relative positioning involves the determination of the vector between two co-observing re-

ceivers. Usually, one station is ‘fixed’, that is, it is static and its coordinates are known,

whilst the coordinates of the other station are estimated. Relative GPS processing (some-

times termed differential GPS, or DGPS) can be used to cancel out clock errors amongst

others. In simple terms, GPS receivers usually use the travel time measurements to satel-

lites to calculate their position but if a static receiver knows its position, it can instead

estimate the timing (or range) error. This correction can then be applied to the roving

receiver. Leick (2004) explained how the differential correction is applied. If receivers k

and m have observations of the same satellite p at the same time the difference between

these two carrier phases ϕ is called a single difference and is given by Equation 2.1.

ϕp
km(t) = ϕp

k(t)− ϕp
m(t) (2.1)
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Satellite clock errors and satellite hardware delay errors cancel in the single-difference

equation but receiver clock errors and signal multipath remain. Given observations of a

second satellite q the difference between two single-difference observations is called the

double-difference (Equation 2.2). Importantly, receiver clock errors cancel with double-

difference observations in addition to the cancelling of satellite clock errors and satellite

hardware delay errors.

ϕpq
km(t) = ϕp

km(t)− ϕq
km(t) (2.2)

The triple-difference is the difference of two double-differences over time:

∆ϕpq
km(t2, t1) = ϕpq

km(t2)− ϕpq
km(t1) (2.3)

The triple differences allow cycle slips to be mapped as outliers and removed. The re-

maining cycle-slip-free observations can then be used in the double-difference solution. In

this way, relative processing typically makes use of the double- and triple- difference ob-

servations (although single-differences may also be used) to yield the vector between the

co-observing receivers. This vector is added to the geocentric position of the reference

receiver to get the geocentric position of the roving receiver. In relative processing the

uncertainty in the reference receiver’s position is entirely transferred to the roving receiver.

For measuring surface ice motion and velocity only relative positioning is required as veloc-

ity is the differential of displacement, and the errors associated with absolute positioning

can therefore be neglected.

Relative GPS processing is used extensively in the construction industry for surveying,

however, they usually survey over short baselines and take static measurements. The use
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of GPS to measure ice sheet velocities is more problematic due to (i) the long (e.g. 10+ km)

baselines necessary when on-ice GPS are installed far from exposed bedrock, and (ii) the

fact that a GPS antenna installed on the surface of an ice sheet is constantly in motion.

Over even longer baselines (50 to 100+ km) kinematic processing is more difficult as the

number of satellites observed simultaneously at both the reference receiver and the roving

receiver is lower (meaning less double-difference observations) and the relative ionospheric

delay is higher (King, 2004). Some studies, especially those measuring very slow moving

ice (e.g. Sunil and others, 2007), have used static relative processing such as that provided

by GAMIT software. In this processing technique the roving antenna is assumed to be

static for short periods of time. King (2004) demonstrates, however, that this assumption

is invalid for ice that is moving, and instead recommends that coordinates are determined

kinematically at every measurement epoch.

Track, a script from the GAMIT/GLOBK software package, enables relative kinematic

positioning (Chen, 1998; Herring and others, 2010). The Track script was designed for

positioning survey aircraft for airborne laser altimetry, and it has been widely applied to

earthquake ground motion studies (e.g. Wang and others, 2007). Track processing was first

used on the Greenland Ice Sheet by Das and others (2008) to measure ice sheet motion

during rapid in situ supraglacial lake drainage, followed by Shepherd and others (2009) to

measure the diurnal melt-forced velocity cycle. It is well suited to measuring variations

in ice sheet velocity over short timescales provided data from a nearby (within 100+ km)

bedrock-mounted reference GPS receiver are available.

2.2.3 Precise point positioning

The requirement for a static reference receiver is a disadvantage of relative processing: it

involves extra expense, requires installation on nearby bedrock that is not always available
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(e.g. in Antarctica) and the reference receiver may fail. Precise Point Positioning (PPP)

does not require a second receiver. While single point positioning (SPP) does not use pre-

cise satellite clocks and only uses pseudorange observations. In PPP both the pseudorange

and the more precise carrier phase observations are used. SPP produces coordinates ac-

curate at the 1 to 10 m level; PPP can achieve centimetre-level accuracy given 24 hours of

static observations (King and others, 2002). The positioning of roving receivers using PPP

with the ionosphere-free pseudo range and carrier phase functions is, however, less accu-

rate, achieving sub-decimetre accuracy. Therefore PPP allows coordinate determination

of roving receivers with a precision comparable to, but not as high as, relative process-

ing. The first PPP processing software, GIPSY/OASIS II, was released by NASA’s Jet

Propulsion Laboratory in the 1990s and this processing technique was used to calculate ice

velocities near the ELA at Swiss Camp in West Greenland (see Larson and others, 2002;

Zwally and others, 2002). Online PPP services are now available providing the fast, auto-

mated processing of GPS data. These services include the Automated Precise Positioning

Service (APPS, http://apps.gdgps.net/) and the Canadian Spatial Reference Systems

Precise Point Positioning Service (http://geod.nrcan.gc.ca). The PPP software pack-

age ‘Bernese’ offers an alternative to GIPSY/OASIS software and its online equivalents,

and has been used in a number of glaciological studies, especially where receivers located on

bedrock are not available or difficult to install (e.g. Gudmundsson, 2006, 2007). However,

the high cost of Bernese software rules out its widespread use amongst glaciologists.

2.3 Remote sensing measurements of ice motion

Remote sensing and GPS are complementary techniques with regard to measuring the

motion of ice masses: remote sensing provides large spatial coverage at the expense of an

http://apps.gdgps.net/
http://geod.nrcan.gc.ca
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often poor sampling interval, while GPS provides high-frequency measurements at discrete

points. A comprehensive review of the satellite data suitable for determining glacier ve-

locities is given by Fitzpatrick (2013) and Gao and Liu (2001) and will not be repeated

here. Instead, remote sensing will be briefly compared to GPS and other techniques to

demonstrate its strengths and weaknesses.

Two types of remote sensing imagery are used to determine ice velocities: (i) optical

imagery, and (ii) radar imagery. Feature tracking on optical imagery such as ASTER (e.g.

Howat and others, 2007), LANDSAT (e.g. Joughin and others, 2004) or SPOT imagery (e.g.

Berthier and others, 2005) is the most common method and involves the tracking of features

on the ice surface in two sequential images. Feature tracking is either manual or automatic

and can also be applied to aerial photographs (e.g. Brecher, 1986). A major disadvantage

of optical feature tracking is the requirement that the surface is visible — cloud cover and

darkness prevent the technique from working. To overcome this problem, a large number

of studies (e.g. Luckman and others, 2006; Rignot and Kanagaratnam, 2006; Erten and

others, 2009; Joughin and others, 2010; Palmer and others, 2011; Moon and others, 2012)

use radar imagery. With all satellite imagery there is a trade-off between spatial resolution

and the temporal sampling interval, with high-resolution imagery generally having a longer

repeat interval than low resolution imagery. Although MODIS imagery is available daily its

spatial resolution (250 m) is not fine enough to derive glacier velocities from. For imagery of

sufficient spatial resolution, these factors typically vary between the 11-day repeat time of

3-m-resolution TerraSAR-X data or the 16 day repeat time of 15-m-resolution LANDSAT

imagery to the 35 day repeat time of 30 m resolution ENVISAT radar data (Fitzpatrick,

2013). Clearly, even using the optimal satellite sensor the repeat time of imagery with a

sufficient spatial resolution is usually too long to investigate ice dynamics over short time

scales. A further, and important, drawback of remote sensing measurements of ice velocity
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is that current techniques are unable to measure velocities in the featureless accumulation

area during the summer (e.g. Joughin and others, 2010). Remote sensing techniques also

fail in fast-moving heavily-crevassed regions: the features to be tracked must have moved

sufficiently for the displacement to be detected, but not destroyed in the process (e.g.

Quincey and Luckman, 2009).

2.4 Determining surface ice motion using other techniques

Feature tracking, either applied to stereo photographs obtained by time lapse cameras (e.g.

Ahn and Box, 2010) or unmanned aerial vehicles (UAVs, e.g. Whitehead and others, 2013;

Ryan and others, 2014) have been recent developments in the techniques used to study

surface ice motion. These new techniques may be particularly suited to determining ice

velocities on the heavily crevassed termini of tidewater glaciers. Installing GPS receivers is

difficult in these regions and although not impossible; the longevity of the GPS installation

is often short due to serac collapse, calving and crevasse formation. To address these

issues in these difficult regions glaciologists have utilised GPS receivers which transmit

their data, either using a satellite modem (e.g. Den Ouden and others, 2010) or radio

communications to a nearby off-ice reference receiver (e.g Fahnestock and others, 2007),

thereby avoiding the requirement to revisit the GPS receiver in order to download the

data. Despite the success of these methods, GPS measurements still only offer point

measurements of ice motion and techniques with greater spatial coverage are required to

ensure these point measurements are representative of ice dynamics on a wider spatial

scale. Whilst remote sensing techniques, which offer a greater spatial coverage, have been

widely and successfully used on tidewater glaciers and their termini (e.g. Joughin and

others, 2008, 2010), remote sensing is fundamentally limited by the availability of satellite
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imagery as previously mentioned. Thus, the new techniques described by Ahn and Box

(2010); Whitehead and others (2013) and Ryan and others (2014) provide the opportunity

to measure ice velocities at a sampling frequency that is high relative to remote sensing

techniques and with a spatial coverage that is large relative to GPS surveying. Although

time lapse cameras may be set up to operate automatically, UAV-based photogrammetry is

limited by the requirement to conduct a survey, not to mention the difficulty in operating

a UAV. Both techniques require substantial post-processing to derive glacier velocities,

although the same can be said of dual-frequency GPS techniques and remote sensing.

For practical reasons, this thesis and review chapter has focussed on measurements of

surface ice motion, yet substantially more insight into ice dynamics can be gained from ad-

ditional measurements. Combining records of surface ice motion with internal deformation

measured by repeat borehole inclinometry allows basal ice motion to be determined and

the two dimensional velocity field to be reconstructed (e.g. Harper and others, 1998; Lüthi

and others, 2002). Alternatively, direct measurements of basal motion made in cavities

accessed from the margin, via tunnels, or at the base of boreholes (e.g. Blake and others,

1994; Copland and others, 1996; Hubbard, 2002; Willis and others, 2003) can be subtracted

from the surface velocity to estimate the depth-integrated internal deformation. Although

such approaches yield substantially more insight into ice motion, they are difficult and ex-

pensive to acquire and have yet to be undertaken in Greenland. By contrast measurements

of surface ice motion are relatively inexpensive and allow more sites to be studied.

2.5 Summary and implications for this study

The measurement of ice velocity is a fundamental aspect of glaciology and glaciologists were

amongst the first geoscientists to use GNSS techniques. Traditional surveying methods,
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which are virtually impossible on much of the Greenland Ice Sheet where bedrock reference

sites are out of sight, are becoming less popular as the use of GPS surveying becomes

routine. Remote sensing techniques offer good spatial coverage but are limited by their

often poor temporal sampling interval and by the inability to measure velocities in the ice

sheet’s interior during summer.

The processes that drive basal hydrological forcing of ice sheet motion (e.g. the diurnal

melt cycle) operate over sub-daily time-scales (see Chapter 1). To measure variations in ice

sheet motion over these short time scales precise positioning at a high temporal frequency

is required. Although single frequency GPS measurements are clearly well-suited and

worthwhile for monitoring long-term changes in ice flow due to their low cost and power

consumption, only dual-frequency measurements provide the precision required.

As continuous dual-frequency GPS measurements of ice velocity have a power consumption

which exceeds the practical battery and solar/wind charging capacities available to this

investigation it is to be expected that the GPS will turn off at some point during winter.

Often the highest velocities occur shortly after melt onset, when water accesses the bed

for the first time since the previous winter (see Chapter 1). Measurements of ice velocity

during these ‘spring-events’, which typically occur in May to June on the GrIS depending

on elevation and latitude, either require the operator to be in the field before the start of

the melt season or the GPS receiver to restart automatically when the sun returns in spring.

The latter option is far more desirable considering the difficulty and expense involved in

accessing sites on the Greenland Ice Sheet at the start of the season.

GPS measurements of ice sheet motion must also be post-processed taking into account the

characteristically-long baselines involved and the fact that the antenna is never stationary

(see Subsection 2.2.2 and King, 2004). For these reasons, this study will predominantly

analyse data from continuously-operating GPS receivers post-processed kinematically rel-
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ative to bedrock-mounted reference stations using Track software (Chen, 1998).

Due to the inherent characteristics and limitations of each of the various techniques avail-

able for determining surface ice motion (including the disadvantages of GPS measurements)

future studies would be wise to use multiple techniques to measure velocity, thereby al-

lowing a more comprehensive picture of ice dynamics to be compiled. Nevertheless, to

answer the research questions identified in Section 1.5, dual-frequency GPS measurements

and relative processing represent the best techniques available.

Hence, the objectives of this study (Section 1.5) will be predominantly met by comparing

dual-frequency GPS measurements of surface ice motion with meteorological and hydro-

logical data. Where possible and appropriate remote-sensing techniques will be used to

support the GPS observations presented in this study. The following chapter describes the

development of a methodology for collecting, processing and interpreting GPS measure-

ments of surface ice motion in Greenland.



Chapter 3

Study area, data and methods

The main aim of this thesis is to investigate basal hydrological forcing on GrIS motion.

For reasons outlined in Chapter 2, it is primarily based upon measurements of ice surface

motion made by continuously-operating dual-frequency GPS receivers installed across a

land-terminating section of the Greenland Ice Sheet. This chapter (i) introduces the field

site, Russell Glacier catchment, (ii) describes the methods used to collect, process and

interpret GPS data, and (iii) briefly details supporting datasets collected by collabora-

tors. The following sections are intended to provide a general overview of the study area

and methods; as outlined in Section 1.6, specific details are given in each of the results

chapters.

3.1 Study area: Russell Glacier catchment

Russell Glacier is a land-terminating outlet glacier in West Greenland located at 67◦ N,

50◦ W. Russell Glacier catchment provides an ideal case study for investigating basal hy-

41
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drological forcing as it is isolated from marine processes, easy to access from Greenland’s

only international airport, and is the subject of intense glaciological research.

Russell Glacier catchment is arguably the best instrumented, and most-studied section

of the Greenland Ice Sheet. Established in 1990, the Kangerlussuaq (K-) transect is the

longest running transect of surface mass balance stakes and automated weather stations

(AWS) in Greenland (e.g. van de Wal and Russell, 1994; van de Wal and others, 2005,

2012, Fig. 3.1). The mean annual surface mass-balance at the lowest site of the K-transect

(S4, 383 m a.s.l.) between 1990 and 2010 was −4.22 m water equivalent (w.e.). The

mean surface mass balance gradient is 3.8 × 10−3 m w.e.m−1 and the mean equilibrium

line altitude (ELA) is 1553 m a.s.l (van de Wal and others, 2012). The mean (1990 to

2010) surface mass balance was only positive at the highest site, S10 (1840 a.s.l.), located

140 km from the ice margin, ∼50 km from the ELA, and with an average accumulation

between 1990 and 2010 of 0.27 m w.e. yr−1. Measurements from single-frequency (L1) GPS

receivers provide a long term record of ice motion at each site on the K-Transect. At sites

in the ablation zone these measurements indicate a slight, but significant decline in ice

flow despite an increasingly negative surface mass balance (see Chapter 1, van de Wal and

others, 2008).

Additionally the Geological Survey of Denmark & Greenland (GEUS) maintain a transect

of four AWSs with one located on tundra (KAN B) and three on ice (KAN L, KAN M

and KAN U). The KAN L AWS is co-located with the SHR GPS receiver and is the site

of a borehole drilled to the bed and instrumented with an array of pressure transducers,

thermistor strings and tilt sensors (see Smeets and others, 2012). KAN U is co-located

with the S10 K-transect site and KAN M is located in between KAN L and KAN U (Fig.

3.1). Edinburgh University also operate a transect of seven dual-frequency GPS receivers

on Russell/Leverett Glacier catchments (e.g. Bartholomew and others, 2010). Hence, three
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different GPS transects are maintained across the same study area resulting in competition

and collaboration that has stimulated research. Russell Glacier catchment has also been

the focus of several key remote sensing studies investigating ice sheet dynamics (e.g. Palmer

and others, 2011; Sundal and others, 2011; Fitzpatrick and others, 2013) and the seasonal

formation and drainage of supraglacial lakes (e.g. Box and Ski, 2007; McMillan and others,

2007; Sundal and others, 2009; Howat and others, 2013; Fitzpatrick and others, 2014).

(c) (d)

(a) (b)

Figure 3.2: Characteristics of Russell Glacier catchment: (a) a crevassed area of Russell
Glacier close to the ice margin (22 June 2009), (b) snow at site S10 in the accumulation
area (4 May 2012), (c) a partially drained lake at GPS site Ice-T located ∼ 50 km from
the margin draining via a supraglacial river into (d) a ∼ 20 m diameter moulin ∼ 5 km
downstream of (c). Both (c) and (d): 31 July 2010.

Like much of the western margin of the Greenland Ice Sheet, which is generally more gently

sloping and less crevassed than the eastern margin, Russell Glacier catchment (especially

between 800 and 1600 m a.s.l.) is characterised by an abundance of supraglacial lakes during

the melt season (e.g. Fitzpatrick and others, 2014). These lakes drain via supraglacial

streams and rivers into moulins (Fig. 3.2c, d) or by the in situ propagation of hydraulic
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fractures (e.g. Das and others, 2008). At and below S5 (490 m a.s.l.) a bare ice surface

is maintained year round by low rates of snowfall during the winter and the redistribution

of snow into crevasses by the wind (van den Broeke and others, 2008a, Fig. 3.2a). Much

of the margin (approximately below S6) is heavily crevassed making access by snowmobile

or on foot from the margin difficult (Fig. 3.2a). Above the long-term ELA (e.g. at S10)

snow typically lies year-round (Fig. 3.2b) and provided there is enough snow during the

previous winter, sites as far west as S6 are accessible by snowmobile in the spring, although

the crevasse hazard is not inconsiderable.

3.2 GPS methods

The following section describes the methods used to collect and process the GPS data.

Section 3.3 discusses the interpretation of GPS measurements of surface ice motion. Section

3.4 introduces the supporting datasets and their methods, both of which are detailed

specifically in each results chapter.

3.2.1 GPS data collection

In 2008, ten GPS receivers were deployed along a transect extending to Site 10 (S10)

on the K-transect, 140 km from the margin of Russell Glacier (Fig. 3.1). This GPS

transect has been maintained each year since then and continues to operate at the time of

writing. Dual-frequency GPS receivers were installed on Russell Glacier (S4), Isunngata

Sermia (ISUM) and Leverett Glacier (SKB4). Further inland, GPS receivers were installed

by large supraglacial lakes referred to as Ice-T, SKB1 and SKB3. Dual-frequency GPS

receivers were also installed at the K-transect sites (S4, SHR, S10, and in 2012, S9) to

complement the single-frequency GPS measurements made by IMAU. In 2010, the GPS
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network reached a peak when 24 receivers were in operation. Additional, and more specific,

maps of the study site and instrument locations are provided in Figures 5.1, 5.2, 6.1 and

7.2.

Solar panel

GPS receiver & battery box

Antenna
Wind generator

a. b.

Solar regulator

GPS receiver Batteries

Figure 3.3: An example GPS setup, (a) antennae were mounted on 48 mm outer diameter
steel pipes drilled several metres into the ice surface. Power was supplied by a 48 W solar
panel and a wind generator, (b) the receiver, battery and solar regulator were housed in
an insulated and waterproof case with marine glands allowing the cables to enter the box.

At each site antennae were mounted on 48 mm outer diameter threaded steel pipes drilled

into the ice surface using a Kovacs drill, leaving ∼ 1m above the ice surface (Fig. 3.3a).

The depth of drilling was adjusted for the expected surface ablation, which was based on

surface mass balance data (e.g. van de Wal and others, 2012). Sites near the ice margin

were drilled to 7 m depth and sites in the accumulation zone were drilled to 2 m depth.

The poles subsequently froze in and the GPS thereafter recorded surface ice motion. The

GPS were serviced in spring and autumn allowing data to be downloaded, batteries to be

replaced, and the pole to be reset before it melted out. The GPS receiver, batteries and

solar regulator were enclosed in an insulated, waterproof case with marine glands allowing

water-tight cable access (Fig. 3.3b). Power was supplied by a 100 Ah battery bank charged

by a 48 W solar panel and wind generator. Periods of power outage occurred, especially
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during winter, often causing substantial gaps in the dataset. Several models of receiver were

used including Trimble 5700, Trimble R7, Trimble NetRS and Leica System 500 (SR520

and SR530). Each receiver was configured to log continuously at a 10 second interval.

Before further processing could be applied, raw binary files produced by the receivers were

converted to daily time-binned Receiver INdependent EXchange (RINEX) file format using

a combination of proprietary software and TEQC (Estey and Meertens, 1999).

Problems with GPS data collection

Operating GPS receivers continuously and unattended on the Greenland Ice Sheet is chal-

lenging. The field site, Russell Glacier catchment, is located at 67◦N, which is approx-

imately 80 km north of the Arctic Circle. During mid-winter, days of 24 hour darkness

occur and at the highest site, S10, temperatures drop to below −50◦ C. Despite the GPS

receiver being powered by a 100 Ah battery bank charged by a 48 W solar panel and a wind

generator (Fig. 3.3) it is likely that the receiver will shutdown due to insufficient power

in the winter. It is therefore critical that the GPS ‘starts up’ automatically when the sun

returns in the spring or during periods of strong wind. Unfortunately, the majority of the

GPS receivers in use — standard Trimble 5700 and Trimble R7 — were found to require

15 V to start up automatically. The 12 V DC power systems typically reach a peak voltage

of 14.7 V, which is the regulated output of the solar charge controller, although periods of

strong wind and sunshine can produce battery voltages in excess of 15 V. An additional

problem is that the Trimble 5700 and R7 receivers draw a small but nevertheless significant

amount of current even when they are off, and it is suspected that in some cases this may

have resulted in flattening the battery beyond the point of potential recovery (typically

below 10.5 V). To solve both these problems a combined low voltage disconnect (LVD) and

step-up voltage regulator was developed at Aberystwyth University. Unfortunately, sub-
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sequent problems with these LVD circuit led to the need to find a replacement, which was

provided by RE-UK. The LVD was connected to an off-the-shelf variable output step-up

circuit (LM2577) which was set to regulate the output voltage to 16.5 V. The RE-UK LVD

has a small (2 mA) quiescent current when the load is disconnected, ensuring it does not

deplete the batteries beyond recovery. To ensure the circuits would operate in low temper-

atures all the circuits were tested by leaving them running overnight in the Aberystwyth

University Cold Laboratory, with the temperature set at −17◦ C.

3.2.2 GPS data processing

Data from the on-ice GPS receivers were processed kinematically (King, 2004) relative

to bedrock-mounted reference stations using the differential carrier-phase positioning soft-

ware, Track (Chen, 1998; Herring and others, 2010) and precise ephemeris from the In-

ternational GNSS Service’s (IGS) final products (Dow and others, 2009) available from:

ftp://igscb.jpl.nasa.gov/igscb/product/. In some rare cases problems were found

processing with the IGS data, and ephemeris from the Massachusetts Institute of Tech-

nology (MIT) were used instead (ftp://cddis.gsfc.nasa.gov/pub/gps/products). For

convenience, daily precise ephemeris, downloaded using automated shell scripts, were con-

catenated into weekly files allowing for 1 day of overlap at the start and end so that the

interpolation routine could work across the day boundary. Reference stations were located

on bedrock, 1 km from the terminus of Russell Glacier (BASE) and at Kellyville (KELY),

giving maximum baseline lengths of 141 and 171 km respectively (Fig. 3.1). Wherever

possible, the baseline length was minimised by using data from the BASE reference station

(Fig. 3.5), which also recorded at a shorter sampling interval (10 seconds). Data from the

KELY reference station are provided by UNAVCO at a 30 second interval and are available

via anonymous FTP from: ftp://garner.ucsd.edu/pub/rinex. The processing workflow

ftp://igscb.jpl.nasa.gov/igscb/product/
ftp://cddis.gsfc.nasa.gov/pub/gps/products
ftp://garner.ucsd.edu/pub/rinex
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IONEX Model Rover RINEX Reference RINEX Ephemeris
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Figure 3.4: Flowchart showing the sequence of processing applied to RINEX data in order
to calculate ice surface velocity and surface uplift.
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is summarised in Figure 3.4.

Figure 3.5: The GPS reference station, BASE, located on a knoll ∼ 1 km from the terminus
of Russell Glacier, which can be seen in the background. The GPS antenna is located on
bedrock on the far left of the photo.

To ensure comparable results from relative processing against different base stations, the

origin of the relative coordinate system, which usually defaults to the first static reference

station in the Track command file, was fixed as the position of reference station, BASE, at

an arbitrarily selected epoch. To ensure good position solutions and to fix the maximum

number of ambiguities, tight a priori coordinates determined using the APPS or from the

previous day’s Track solution were input into the Track command file. As the majority

of cycle slips occur when the satellites are observed at low elevations it is conventional

to neglect all observations below an elevation cutoff angle of 15◦. It is also more difficult

to correct for the tropospheric delay at low elevations and the data is typically noisier.

Bar-Sever and others (1998), however, suggested that using an elevation cutoff angle lower

than the traditional 15◦ improves the resolution of vertical positions and Larson and others

(2002) later demonstrated that using 10◦ improved vertical positioning with little influence

on the horizontal. Accordingly, an elevation cutoff angle of 10◦ was applied throughout. To

improve the positioning, daily maps of the ionosphere were input into Track software, using

the IONEX format (Schaer and others, 1998), although earlier versions of Track used in this
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study were not compatible with the IONEX maps. To minimise the errors caused by the

day boundary, 36-hour-long RINEX files were processed and the first and last six hours of

the output position time series were trimmed to create 24-hour-long files. These daily files

were then concatenated together before importing into MATLAB software. Initial quality

control involved removing coordinate solutions with: (i) horizontal position uncertainties

greater than 3.5 cm; (ii) an insufficient number of double-differences (typically < 3); or (iii)

too many unfixed ambiguities (varied between 0 and 2). The positions were then corrected

for servicing of the antenna (e.g. lowering and/or horizontal re-positioning to adjust for

ablation).
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Figure 3.6: Comparison of the precision between (a) single (L1) and (b) dual (L1 + L2)
frequency GPS positioning for data collected by static receivers mounted on bedrock. Note
the substantial difference in axis scaling and the 1 sigma ellipse, which is shown in white
on (a) and red on (b). The dual-frequency data shown in (b) is 1 month of Kellyville
(KELY) reference station data processed against the Russell Glacier base station (BASE)
using Track. Subplot (a) is adapted from Den Ouden and others (2010).
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3.2.3 Uncertainty estimate

Uncertainty in this GPS positioning technique was estimated by processing data from the

static Kellyville (KELY) reference receiver kinematically against the BASE receiver located

on bedrock near the terminus of Russell Glacier. A month of 30-second interval KELY data

were processed using the same parameters applied to the on-ice receivers. Over this period,

it is reasonable to assume that the Kellyville antenna, which is mounted on bedrock, is

static. Furthermore, as the processing is relative and the baseline short (∼40 km) the effects

of glacio-isostacy, ocean tidal loading and earth-tides cancel. The XY scatter of the KELY

position solutions is compared to a similar test applied to single-frequency GPS solutions by

Den Ouden and others (2010) on Figure 3.6. The standard deviations of the KELY solutions

(σE = 5 mm and σN = 6 mm) contrast with the much larger standard deviation of 1.62 m

for the L1 solutions of Den Ouden and others (2010). The dramatic (300 x) improvement in

precision with dual-frequency receivers is a manifestation of the ability to effectively cancel

out the majority of the errors affecting single-frequency measurements (see Subsection 2.2).

This simple test is, however, limited by at least two factors. First, the 40 km baseline means

the uncertainty of positioning over longer baselines may be underestimated. Unfortunately,

data from static reference receivers over comparable baseline lengths used in this study (up

to 140 km) are not available to extend this test. The next nearest reference GPS is located

more than 250 km from our study area and a comparison over such a long baseline would be

as — or less — representative as a comparison over a 40 km baseline. Second, uncertainties

may be greater when positioning a receiver that is not static as motion inherently results

in changes in the travel time of the GPS signal, which can be mistaken for a change in

ionospheric delay or a cycle slip. This second issue is already addressed by the ambiguity

fixing algorithm of Track. Nevertheless, the precision of 6 mm can be considered a best case

scenario and consistent with previous studies (e.g. Bartholomew and others, 2011a; Sole
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and others, 2013) a horizontal positioning uncertainty of ±1 cm is assumed hereafter. This

is in good agreement with the standard deviation of individual epoch positions estimated

by Track software, and the resultant noise after short-periods (e.g. 1 hour) of winter-time

high-frequency (0.1 Hz) on-ice GPS positions are linearly de-trended. (If steady ice motion

is assumed then the resultant noise after linear de-trending represents the noise introduced

by processing and measurement errors).

3.2.4 Calculating velocity

Three methods to calculate velocity from the position time series output by Track were

used in this study. The simplest method was to divide the Euclidian displacement by the

time interval. The mean horizontal velocity (V ) between two positioning times (t1 and t2)

can be calculated by summing the north (N) and east (E) displacements in quadrature,

and then dividing by the time interval:

V =

√
(N2 −N1)2 + (E2 − E1)2

t2 − t1
(3.1)

Equation 3.1 was applied to the raw position time series to estimate the velocity over daily

or greater time intervals and the uncertainties can be propagated through the calcula-

tion. The uncertainty in the displacement north (δ dN) can be estimated by adding the

uncertainty in each position of ±0.01 m in quadrature:

δ dN =
√
δN2 + δN2 (3.2)

δ dN =
√

0.012 + 0.012 = 0.014 m (3.3)
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As the uncertainty estimate in north and east positioning is the same, δ dE also equals

0.014 m. Assuming the uncertainty in dT is 0, the fractional uncertainty in VN (or VE)

is equal to the fractional uncertainty in dN (or dE):

δVN
|VN |

=
δ dN

dN
(3.4)

The uncertainty in the resultant velocity (V) is calculated in a similar manner. From these

estimates, the uncertainty in velocities of the order of 100 m yr−1 is very low for annual

time periods (±0.01 m yr−1) but increases when the time interval is shortened because the

displacement approaches the detection limit. An interval of a month gives an uncertainty

of ±0.17 m yr−1, a week gives ±0.73 m yr−1, and a day ±5.16 m yr−1. With a time interval

of an hour, the uncertainty exceeds the velocity. For comparison, the L1 positioning un-

certainty of ±1.62 m yr−1, propagates to ±2.3 m yr−1 over annual periods, ±27.9 m yr−1

over monthly periods and exceeds the velocity for weekly or shorter periods. The necessary

time interval between the positioning times is therefore dependent on the precision of the

positioning technique, the speed at which the ice is moving and the perturbations in speed

that are to be detected. A longer time interval is required when the velocity is lower, or

the positioning uncertainty greater.

Table 3.1: A comparison of the estimated uncertainty in single and dual frequency GPS
measurements of velocity for ice moving at 100 m yr−1 over different time periods. These
estimates are based on horizontal positioning uncertainties of ±0.01 m yr−1 for dual-
frequency measurements and ±1.6 m yr−1 for single-frequency measurements.

Period Dual-frequency Single frequency
( m yr−1) ( m yr−1)

Annual ±0.01 ±2.30
Month ±0.17 ±27.9
Week ±0.73 > detection limit
Day ±5.16 > detection limit
Hour > detection limit > detection limit
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Importantly, however, these uncertainty estimates of velocity relate to differencing single-

epoch measurements. In reality, the velocity uncertainty can be effectively reduced by

averaging multiple positions before differencing — or by filtering out the high-frequency

noise that is characteristic of GPS data. To avoid single anomalous results having a large

effect on the velocities estimated by Eq. 3.1, the positions sampled at a 10 or 30 second

interval were averaged over a 6 hour window before differencing. Although averaging over

6 hours is appropriate for calculating the velocity over long time intervals it is not useful

for investigating velocity variations over short (e.g. sub-daily) time scales. Hence, to

investigate transient variations in ice motion low pass filters were applied to the position

time series before differentiation.

3.2.5 Filtering the time series

The second and third methods of velocity calculation involve low pass filters being applied

to continuous position time series before differentiation. GPS data is characterised by high-

frequency noise, which can be reduced and even removed using certain filtering techniques.

The second method to calculate velocity involves applying the simplest low-pass filter —

a symmetrical moving average — before differentiation. The symmetrical moving average

for Xk can be calculated using Eq. 3.5 below:

Xk =
1

2w + 1

k+w∑
k−w

xi, (3.5)

where w is the moving average half-length. The cut-off period for the moving average

is (2w + 1) × sample interval or, when the sampling frequency is high, approximately

2w × sample interval.
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As the raw position time series often contain variable-length gaps, due to (i) periods of

power outage (ii) processing issues or (iii) the rejection of values during quality control,

short gaps in the data were estimated using linear interpolation before filters were applied.

The gaps were later re-inserted to ensure no interpolation artefacts or artificial data re-

mained in the final time series. Inherent to the centred moving average is the inability

to calculate results for a certain number of values (a number governed by the cutoff pe-

riod) at the start and end of a time series. These missing values were identified and not

allowed to propagate through subsequent processing steps. With this in mind, it was nec-

essary to apply the shortest averaging period that suitably filtered the time series. This

was determined by comparing the precision of the processing technique to the expected

range in ice velocities. As discussed in the previous subsection, the uncertainty in the

horizontal positions was estimated at ±0.01 m. Annual velocities in the study area are

typically 100 m yr−1, with higher velocities on the ice falls south of Russell Glacier (up to

500 m yr−1) and velocities generally reducing up-glacier to ∼ 50 m yr−1 at site S10. The

typical velocity of 100 m yr−1 is equivalent to 27 cm day−1 or 11.4 mm h−1. With a posi-

tion uncertainty of ±0.01 m (±10 mm) this processing technique should be able to resolve

typical glacier velocities down to an hourly time period. Assuming the worst horizontal

position uncertainty of 0.035 m (values higher than this were removed from the dataset),

and a mean glacier speed of 100 m yr−1, the period over which velocities can be resolved

extends to ∼ 4 hours. As the majority of position uncertainties are ≤ 0.01 m, the practical

moving average window length was selected at 3 hours. For coordinate time series sampled

at a 30 second interval a centred 361-point moving average was therefore applied. This

is the same moving average period applied by Shepherd and others (2009) who measured

similar velocities in the same region of the Greenland Ice Sheet using the same processing

techniques and over similar baseline lengths. A shorter averaging window of 1 hour was

used if finer detail was required and velocities were expected to be above average (e.g.
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during rapid lake drainage events).

dx

dt
=

xk+1 − xk−1

2h
(3.6)

Following symmetrical differentiation (Eq. 3.6) of the filtered positions, the resulting ve-

locity time series was resampled to a 10 minute interval before a 13-point symmetrical

moving-average (equivalent to a ∼ 2 hour cutoff period) was applied to further smooth

the velocity time series. Velocity was calculated individually for the east (E) and north

(N) components and then the magnitude of the resultant velocity was calculated using

Pythagorus’s Theorem (Eq. 3.7):

V =

√
VN

2 + VE
2 (3.7)

Applying 3-hour-period moving averages and differentiation to year-long datasets sampled

at a 10 or 30 second interval involves a large number of calculations. For a dataset a few

months in length, the initial scripts that were used to filter the data could take several

hours to run and the development of more efficient method was desired. Furthermore, the

moving average is a poor filter in the frequency domain due to its slow roll-off and poor

stop-band attenuation. In response, a second order low-pass Butterworth filter with a

cutoff period of 12 hours was designed. To cancel phase-shifts forward and reverse filtering

was applied using the MATLAB function filtfilt. The Butterworth filter was applied to

the position time series before differentiation and no further filtering of the velocity time

series was required. The MATLAB scripts used to implement the Butterworth filter were

optimised and the improvement in computational efficiency was dramatic. Time series

that took > 12 hours to process with the moving average script could now be processed in
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less than a minute. This allowed the filtering process to be iterated while different filter

parameters and quality control methods were tested.

3.3 Interpreting GPS measurements of ice motion

If we assume that GPS antennae firmly mounted on poles drilled into the ice surface

perfectly record the motion of the ice surface, then the surface velocity us consists of basal

slip ub and motion due to internal ice deformation ud (Eq. 3.8, Cuffey and Peterson,

2010).

us = ub + ud (3.8)

X

Z
Y

u  = u  + u
s

ub Bedslope (ß)

b d

Ice thickness (H
)

pw

Ċ

Ice

Water

Figure 3.7: A GPS mounted on the ice surface measures the horizontal motion caused by
basal sliding (ub) and internal deformation (ud) and vertical motion consisting predomi-
nantly of bed-parallel motion, ice-bed separation ċ and the vertical strain rate.
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Variations in vertical motion

Variations in the vertical surface motion of a glacier were first detected by Agassiz (1847)

on Unteraargletscher in the Swiss Alps and later confirmed by Iken and others (1983).

Iken and others (1983) measured 0.6 m of uplift coincident with the ‘spring event’ annual-

maximum in horizontal velocity, suggesting that the uplift was caused by water storage at

the bed.
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Figure 3.8: Theodolite measurements of horizontal and vertical motion made by Iken and
others (1983) showing an uplift event that followed a brief period of strong melt.

The detailed theodolite measurements made by Iken and others on Unteraargletscher also

showed that peak horizontal acceleration coincided with peak upward vertical velocity and
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not peak vertical displacement (Fig. 3.8). This finding led to the hypothesis that the

sliding velocity is governed by the subglacial water pressure, which is highest during the

transient stage of cavity opening. This hypothesis was supported by numerical modelling

results (Iken, 1981) and remains in use today (e.g Bartholomaus and others, 2008; Schoof,

2010).
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Figure 3.9: Removing bedslope from surface velocity to get cavity opening

Theoretically, the vertical component of surface velocity ws can be expressed as:

ws = us tan β + (ε̇zz)H + ċ (3.9)

Eq. 3.9 corrects vertical surface velocity for the bedslope β and vertical strain rate ε̇zz aver-

aged over the ice thickness H leaving the residual ċ which has classically been interpreted as

cavity opening (e.g. Röthlisberger and Iken, 1981; Hooke, 1989; Mair and others, 2002, Fig.

3.9). The residual ċ actually represents any change in the geometry of the vertical column

of ice and there is therefore an array of potential contributors to vertical surface motion.

For example, changes in bedslope, removal/compaction or addition/dilation of sediment,

erosion of the bedrock, and melting (or freeze-on) of basal ice will all influence the vertical

motion of the surface. Furthermore, the calculation of vertical strain also disregards lateral
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spreading and assumes ice is incompressible (Anderson and others, 2004). Nevertheless,

it is frequently assumed that transient and seasonal ice surface uplift can be interpreted

as indicative of water storage at the bed (e.g. Iken and others, 1983; Bartholomaus and

others, 2008; Bartholomew and others, 2010). Several studies (e.g. Anderson and others,

2004; Howat and others, 2008; Hoffman and others, 2011) have attempted to isolate the

cavity opening term in Eq. 3.9 from surface height records by measuring, or assuming val-

ues for, the other terms. Where the bedslope and vertical strain rate are unknown another

approach is to linearly detrend the surface height record (e.g. Bartholomew and others,

2011a). This approach assumes the bed is linear over the distance travelled by the GPS

and the vertical strain rate is zero. As no suitable data exist on the bedslope and vertical

strain rates at each of the GPS sites, this study either presents uncorrected height time

series or applies linear detrending.

3.4 Supporting datasets

GPS measurements of surface ice motion can only provide half of the story and simultaneous

measurements of hydrology and meteorology are required to complement the records of ice

motion.

Hence, this study draws on meteorological measurements from three on-ice automated

weather stations (AWSs) located 13 km (KAN L), 61 km (KAN M) and 140 km (KAN U)

from the terminus of Russell Glacier, and one on tundra AWS (KAN B) located 1 km west

of the ice margin (Fig. 3.1). The lowest AWS, KAN L, is co-located with the dual-frequency

GPS receiver at K-transect site, SHR, together with an L1 GPS and mass-balance stake

maintained by the Institute of Marine and Atmospheric research at Utrecht University

(IMAU) and an instrumented borehole drilled to the bed (Smeets and others, 2012). The
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highest AWS is co-located with the S10 dual-frequency GPS, and IMAU L1 GPS and

mass-balance stake. The AWS recorded surface height change due to accumulation and

ablation, air pressure, temperature, humidity, wind speed and direction, and downward

and upward shortwave and longwave radiation at 2 to 3 m above the surface. The AWS

sampled at a 10-minute interval, from which hourly averages were calculated. The energy

available for melt was determined using a surface energy balance model (van As, 2011),

validated using the AWS measurements of surface temperature and surface height change

(van As and others, 2012). Additional meteorological records from Kangerlussuaq Airport

are provided by the Danish Meteorological Institute (DMI; Cappelen and others, 2001,

2011, 2012, 2013).

The supraglacial lake statistics of Fitzpatrick (2013) and Fitzpatrick and others (2014),

which expanded the method for obtaining lake volumes developed by Box and Ski (2007)

for the entire catchment between 2002 and 2012, were particularly useful for relating

supraglacial lake drainage events to changes in ice motion.

Fed by the proglacial discharge from Russell and Leverett glaciers, the Akuliarusiarsuup

Kuua river joins the Qinnquata Kuussua several kilometres before it enters Kangerlussuaq

Fjord where it is referred to locally as the Watson River. Discharge measurements (e.g.

Hasholt and others, 2013) have been made at Watson River bridge in Kangerlussuaq by

Bent Hasholt and Andreas Mikkesen since 2007.

Finally, radio echo sounding measurements of ice thickness (Lindback and others, 2014)

have been used to complement the GPS observations of this investigation.



Chapter 4

Results I: An overview of

variations in ice motion

4.1 Introduction

This chapter presents an overview of the results of this thesis and places the following three

results chapters, which describe specific experiments, into context. It begins by describing

spatial variations in velocity across the study area before presenting a transect of daily-

averaged velocities to illustrate the characteristic pattern of seasonal velocity variations.

Transient high-magnitude perturbations in ice motion caused by the rapid drainage of

supraglacial lakes are introduced by examining a drainage event in 2009 which frames a

more detailed experiment at the same site in 2010 (see Chapter 5). An additional transient

peak in the velocity record, this time in late summer 2011, is also highlighted: driven by

unusual meteorological conditions this pronounced acceleration event is used as a natural

experiment to investigate basal hydrological forcing in Chapter 6. Using site SHR as a

63
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case study, this chapter also presents the velocity records in greater detail revealing diurnal

variations in ice surface velocity and examining the relationships between surface velocity,

uplift, subglacial water pressure and melt. SHR is selected here for three reasons (i) it is

the fastest site on the K-transect (van de Wal and others, 2008), (ii) it represents one of

the longest and most complete records collected during the course of this study, and (iii) it

is co-located with an instrumented borehole (Smeets and others, 2012) and an AWS (van

As and others, 2012) allowing comparisons of ice motion, meteorological and hydrological

variables.

4.2 Spatial variations in velocity

Across Russell Glacier catchment, annual velocities vary from∼ 50 m yr−1 to∼ 150 m yr−1,

with the slowest velocities occurring at the highest elevations (e.g. S10, 1840 m a.s.l.).

Counterintuitively, the highest velocities do not occur near the ice margin, which exhibits

typical velocities of 80 to 100 m yr−1 (Figs. 4.1 and 4.2). Instead, the fastest flow is found

at mid-elevations (600 to 1400 m a.s.l.) at sites SHR (675 m a.s.l.) and Ice-T (1287 m a.s.l.)

for example. With an annual velocity of 120 m yr−1, SHR is the fastest site on the K-

Transect (van de Wal and others, 2008) but faster flow of ∼ 150 m yr−1 was recorded at

Ice-T GPS and Isum GPS. Both of these sites are located on fast flow units (see Palmer and

others, 2011; Fitzpatrick and others, 2013) presumably associated with subglacial valleys

and therefore, thicker ice, warmer basal conditions and preferential routing of subglacial

water. Ice-T is also located by a large supraglacial lake which, in 2010 at least, drained

into a ∼ 20 m diameter moulin situated 5 km downstream (Fig. 3.2c and d).

The slowest GPS site that was occupied was S10, located 140 km from the ice margin

and 50 km above the long-term ELA (Figs. 3.1 and 3.2b; van de Wal and others, 2012).
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METHODS

TerraSAR-X (TSX) data were acquired in StripMap mode
producing images with 30! 50 km swaths at 3m resolution,
with repeat orbits every 11 days (Joughin and others, 2010a).
Two overlapping TSX image pairs were used covering an
area of 3047 km2 including an ice extent of 2400 km2 (Fig.
1; Table 1a). Envisat advanced synthetic aperture radar
(ASAR) data from 2009 were acquired in image mode, with
a swath of 56–100 km, a repeat orbit time of 35 days and a
30m spatial resolution (Table 1b). Additionally, panchro-
matic Landsat Thematic Mapper (TM)/Enhanced TM Plus
(ETM+) and multispectral Advanced Spaceborne Thermal
Emission and Reflection Radiometer (ASTER) scenes were
acquired. Both Landsat and ASTER have a 15m spatial
resolution and 16day repeat interval (Table 1c).

Velocity data were derived from TSX datasets using a
combination of conventional interferometry and speckle-
tracking techniques (Joughin, 2002). Interferograms were
produced using Gamma software (Werner and others, 2001)
where baselines were estimated by least-square fit from
off-ice control points. Cross-correlation (speckle-tracking)
procedures were used to estimate the range and azimuth
offsets between interferometric pairs to determine displace-
ments with sub-pixel accuracy. Error margins in the TSX
velocity data were estimated to be "5ma#1 by measuring
the mean difference from zero of stationary (off-ice) areas in
each of the images. Additional velocity data from

cross-correlation feature-tracking techniques using Envisat
ASAR data (Table 1b) in Gamma, and panchromatic Landsat
and ASTER scenes (Table 1c) in COSI-CORR software
(Leprince and others, 2007) were derived to fill gaps in the
temporal coverage of TSX data during 2009. Feature tracking
relies on finding the best-fit positions between search
windows from two images allowing surface displacement
to be derived. This method is described in detail by Strozzi
and others (2002) and has been successfully applied to outlet
glaciers in East Greenland (Luckman and others, 2003). In
this study, search window sizes of 64 pixels were used, which
strike a balance between accommodating for the maximum
expected displacement between image pairs and exploiting
the spatial coverage. Although the spatial resolution is 15m,
we co-register the images with sub-pixel accuracy to produce
velocity results with uncertainties in the order of 30ma#1,
derived by measuring static, off-ice displacement.

Surface runoff is derived from a surface energy-balance
model described in detail by Van As and others (2012),
utilizing data from a network of automated weather stations.
The model uses temperature, air pressure, humidity, wind
speed, and the downwelling components of shortwave
radiation and longwave radiation to calculate the surface
energy budget components (absorbed shortwave radiation,
net longwave radiation, sensible heat flux, latent heat flux
and subsurface heat flux). The net residual positive energy
flux excess is applied to melting snow and ice, allowing

Fig. 1.Winter mean (2009 and 2010) velocity map for our study area derived from TSX data overlaid onto a Landsat 7 image from June 2008.
The central flowline of Russell Glacier visible is shown in red, with flowlines of neighboring glaciers Isungata Sermia, outlet A and outlet B
shown in black. The winter mean velocity map was derived from TSX data with mid-dates 11 November 2009, 7 February 2010, 9
November 2010 and 20 November 2010. Elevation contours were derived from a 2008 SPOT DEM.

Fitzpatrick and others: Ice flow dynamics and surface meltwater flux688

Figure 4.1: Winter mean (2009 and 2010) velocity maps across the lower glacier catchments
derived from TSX feature tracking overlaid on a June 2008 Landsat image. The winter
mean was derived from TSX imagery with mid-dates of 11 November 2009, 7 February
2010, 9 November 2010 and 20 November 2010. After Fitzpatrick and others (2013).

Daily averaged velocities at S10 of ∼ 50 m yr−1 show no significant variation above the

background noise (Fig. 4.2). Similarly, van de Wal and others (2008) find no significant

inter-annual trend in either the S10 or S9 velocities from their single-frequency GPS re-

sults (see Figure 1.6). Although Bartholomew and others (2011a) reported a small seasonal

variation of 0.2% at their highest site (their Site 7; 1715 m a.s.l.) located 115 km from the

margin, they concluded that this site represents the inland extent of melt-induced veloc-

ity variations. In accordance with this conclusion Colgan and others (2009); Colgan and

others (2011) and Phillips and others (2013) argued that seasonal velocity variations do

not propagate above their highest GPS site at 98 km inland on the Dead Glacier transect

(71◦ N) in West Greenland. Despite the current consensus on the up-glacier limit of sea-

sonal velocity variations, the hypothesised dynamic response of interior ice to the inland

expansion of melt and supraglacial lakes (e.g. Bamber and others, 2007; Howat and others,

2013), as discussed in Chapter 1, will be tested by rigorous processing (e.g. King, 2004) of
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the S10 GPS dataset (see Chapter 7).

Velocities on Isunnguata Sermia (Isum GPS) appear to be higher and slightly less variable

than typical of GPS on Russell and Leverett Glaciers (Fig. 4.2), suggesting that the over-

deepened trough of Isunnguata Sermia (Lindback and others, 2014) facilitates fast and less

variable flow, perhaps due to a deforming sediment bed. The characteristically different

behaviour of Russell Glacier and Isunnguata Sermia highlights an important question:

how variable are velocity variations from one glacier to another? Following on from this:

how representative are velocity variations on one glacier to the wider ice sheet margin?

Unfortunately, such questions are beyond the scope of this study which is limited to one

glacier catchment. Similarly, due to the paucity of GPS receivers installed on Isunnguata

Sermia the variations in ice motion on this glacier are not studied in detail here.

In summary, the GPS network (Fig. 3.1) captures a wide array of dynamic behaviour,

ranging from slow and steady flow in the accumulation zone to the fastest and most variable

flow units in the catchment (Fig. 4.2). Although the GPS network misses the fastest ice

velocities in the study area, which occur on two unnamed ice falls south of Russell Glacier

(Fig. 4.1, Fitzpatrick and others, 2013), these icefalls are outside of Russell Glacier

catchment (Fitzpatrick and others, 2014). Maintaining GPS receivers on these icefalls

would be problematic and they are routinely neglected in remote sensing studies as they are

considered unrepresentative of the ice sheet margin. Finally, it should be noted that GPS

receivers provide only point measurements of ice velocity; remote sensing methods offer

considerably better spatial coverage and accordingly the reader is directed to Fitzpatrick

and others (2013),Joughin and others (2008),Joughin and others (2010), and Palmer and

others (2011) for a more comprehensive analysis of the spatial variation in velocity across

the study area.
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Figure 4.2: Daily averaged horizontal velocities at six sites on Russell Glacier and Isun-
nguata Sermia in 2011. See Figure 3.1 for the locations of these sites.

4.3 Seasonal velocity variations

The seasonal variations in ice motion recorded across Russell Glacier catchment are con-

sistent with previous observations (van de Wal and others, 2008; Bartholomew and others,

2010, 2011a; Hoffman and others, 2011; Bartholomew and others, 2012; Colgan and others,

2011, 2012; Fitzpatrick and others, 2013). Maximum velocities typically occur at melt

onset followed by gradual deceleration into mid summer with an all-year minimum at the
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end of the melt season (Fig. 4.2). The melt onset peak — synonymous with the spring

event on alpine glaciers (e.g. Mair and others, 2003) — typically occurs in late May to

June across Russell Glacier catchment, dependent on the site’s elevation and the timing

of each melt season. The melt onset peak begins at the ice margin and migrates to higher

elevations following the up-glacier progress of surface melt.

Although the GPS records are often discontinuous, there is evidence for a steady increase

in velocity over winter. Winter time acceleration can be deduced from the observation that

velocities are typically higher in spring just before melt begins than they are in autumn

just after melt has ceased (see for example S4 on Figure 4.2). This observation agrees

with remote sensing measurements that indicate up to a ∼20% acceleration over winter,

presumably as the basal hydrological system closes and the remaining basal water is pres-

surised driving faster basal motion (e.g. Joughin and others, 2010; Fitzpatrick and others,

2013).

Transient accelerations driven by high-magnitude water inputs to the basal hydrological

system are superimposed on the seasonal velocity cycle at many sites especially at mid to

high elevations (800 to 1400 m a.s.l.; Fig. 4.2). Such transient accelerations are driven by

brief periods of anomalously high melt (see for example the velocity peak in late August

2011 (day of year (DOY) 236) evident on Figure 4.2) or the establishment of drainage into

moulins. A number of these discrete, transient acceleration which infrequently punctuate

the velocity records in summer are driven by rapid supraglacial lake drainage events (Das

and others, 2008; Hoffman and others, 2011). A good example was recorded by the SKB3

GPS record during 2009.
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Figure 4.3: Daily average velocity for SKB3 GPS in 2009 revealing a transient acceler-
ation event driven by lake drainage in late July (DOY 202). The arrow highlights the
timing of the lake drainage and red dashed lines indicate periods with no data. Data were
processed using APPS precise point positioning (see Subsection 2.2.3) due to a lack of
contemporaneous reference station data.

4.4 Rapid lake drainage

Rapid lake drainage was suspected from a pronounced peak detected in the daily averaged

velocities at SKB3 in late July 2009 (DOY 202; Fig. 4.3). Velocities peaked at 223 m yr−1

on 21 July 2009, 160% above the mean velocity during late May 2009 of ∼ 85 m yr−1.

Although the peak appears to be short-lived, further analysis of post-event velocities is

prevented by a gap in the dataset.

The rapid disappearance of the adjacent lake between 14:151 on the 17 and 14:15 on the 21

1All times are given in UTC.
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14:15 UTC 17 July 2009 

14:15 UTC 21 July 2009 

Figure 4.4: MODIS images revealing the drainage of the lake adjacent to SKB3 GPS in
late July 2009. The red dashed boxes highlight the position of the lake. Images between
these dates were obscured by cloud.

July 2009 was confirmed by sequential MODIS imagery (Fig. 4.4) acquired by Fitzpatrick

(2013).

Detailed analysis of the SKB3 GPS data revealed that during the drainage event the GPS

receiver, which is located ∼ 300 m to the west of a large (> 2 km wide) supraglacial lake,

was temporarily displaced 0.57 m to the north and 0.5 m to the west. Displacement to

the west began at 07:09 on 21 July 2009 reaching a maximum at 08:32, 0.50 m west of

the position before the event (Fig. 4.5b). Motion then reversed to the east, and the GPS

returned to its pre-event position in the east-west plane by 10:04. Uplift began ∼ 20 min

after the commencement of westerly displacement at 07:31 peaking at 08:42, 1.54 m above

pre-event levels, before gradually subsiding at a decaying rate over subsequent days (Fig.

4.5c). Meanwhile the receiver was displaced 0.57 m to the north between 07:52 and 09:33,

following which the GPS receiver gradually returned to its pre-event position in the north-
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south plane over several days (Fig. 4.5a).
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Figure 4.5: Position (north, east and height) time series for SKB3 GPS capturing a rapid
lake drainage event on 21 July 2009. Data were processed using APPS precise point
positioning.

The motion of the GPS is highly comparable in both magnitude and form to that docu-

mented by Das and others (2008) (cf. Figure 1.5) and at the time this was only the second

GPS observation of such an event. The short timescale of the motion of the GPS indicates

that the drainage event was rapid, perhaps completed within a couple of hours. The rapid

metre-scale surface uplift suggests that the lake water quickly accessed the bed causing hy-

draulic ice-bed separation (e.g. Iken and others, 1983; Sugiyama and Gudmundsson, 2004;

Das and others, 2008). Without more data, from for example other adjacent GPS, it is

difficult to explain the reversal in horizontal motion recorded by the SKB3 GPS — simi-

larly Das and others (2008) offered no explanation for this behaviour. Analysis of MODIS

and other satellite imagery (Fitzpatrick, 2013; Fitzpatrick and others, 2014) revealed that
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the lake formed gradually, and rapidly drained, each summer in all the years with available

data (2002 to 2009). In 2010 this site was targeted with an array of geophysical techniques

and instrumentation. Radio echo sounding (Lindback and others, 2014) was conducted

over the site during May 2010 and a comprehensive instrument array, including a GPS

strain diamond2, water pressure loggers and a network of seismometers, was installed in

late June 2010 (see Chapter 5). The SKB3 GPS site was also the location of three seis-

mic reflection experiments conducted post-drainage, which indicate the presence of lodged

till underlying a < 2 m thick water-saturated dilatant till layer (Booth and others, 2012;

Kulessa and others, 2012).

4.5 Diurnal velocity variations

The diurnal cycle in horizontal velocity, which lags the diurnal melt cycle, provides strong

evidence for basal hydrological coupling (Shepherd and others, 2009). Cross-correlation

analysis reveals that the lag time between runoff3 and horizontal velocity at SHR in 2011

decreased from ∼ 7 hours at the melt onset peak to ∼ 3 hours in mid-August4 (Figs. 4.6 and

4.7). Even during mid-summer, cold periods of cloud cover and snowfall reset the system

and when the diurnal cycles return with the return of melt the lag time is greater and

the velocity response is higher than during the preceding period (Fig. 4.6). This resetting

indicates that the basal hydrological system is sensitive to variations in melt inputs: short

periods of low water inputs presumably allow the system to close, re-priming the ice sheet

for a larger response when high melt rates return. Hence, ‘mini spring events’ occur

throughout the melt season whenever the capacity of the hydrological system is challenged

by surface water inputs. This behaviour is consistent with Schoof (2010) who amalgamated

2Note that the SKB3 GPS is renamed GPS W in Chapter 5.
3Runoff is defined as melt that does not refreeze, see van As and others (2012).
4Note that the correlation coefficient is often high when both variables are steady giving a zero time lag.



4.5. DIURNAL VELOCITY VARIATIONS 73

the two existing models of glacier hydrology (distributed and channelised) and concluded

that melt supply variability, not mean melt, would drive net ice sheet acceleration.

To investigate further, three characteristic periods (I to III) with strong diurnal variations

were identified and these are shaded on Figure 4.6. Period I includes the ‘spring event’ or

melt-onset peak, Period II represents mid-summer, and Period III portrays typical late-

summer behaviour. A fourth period (IV) during an anomalous high-magnitude runoff and

acceleration event and a ‘winter’ period (V) are also examined.

4.5.1 Period I: The spring event

In 2011 the spring event (or melt-onset peak) commenced on 8 June approximately 1 week

after melt onset at SHR. Velocity peaked at 22:50 on 8 June at 580 m yr−1 substantially

above pre-event levels (Fig. 4.8a). Velocities preceding the spring event were slightly

lower (105 m yr−1) than the long term mean at SHR of ∼ 120 m yr−1 (van de Wal and

others, 2008). The rate of surface height change (dZ/dt) shows strong correlation with

the horizontal velocity with no lag (Fig. 4.8b,c). Surface height during Period I exhibits

both a diurnal cycle, peaking after peak daily velocity, and a long term linear trend (Fig.

4.8) remarkably similar to the 0.6 m of uplift measured by Iken and others (1983) during

the spring event on Unteraargletscher in 1975. During Period I ∼ 0.5 m of surface uplift

is recorded. Surface velocity and uplift appear to be strongly coupled to the diurnal melt

cycle, which peaked at ∼ 4 mm w.e. h−1 several hours (mean of 7.1 hours, Figure 4.7)

before peak velocity. Daily total melt was approximately 3 to 4 cm w.e. and lower daily

melt rates are reflected by lower velocities and uplift (Fig. 4.8).

During Period I, variations in borehole water pressure at SHR begin later than variations

in ice motion, perhaps due to the delayed connection of the borehole to the subglacial
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Figure 4.7: The seasonal evolution of the time lag between velocity and runoff at SHR
averaged over three week-long periods selected to be representative of Periods I to III
shaded in Figure 4.6. Lag is positive when runoff leads.

hydrological system. Subglacial water pressure (interpreted from the borehole water level)

is steady and high prior to the spring event velocity increase and no variation in water

level is detected until 2 days after peak velocity (Fig. 4.8c). Water level in the borehole

then lowered before beginning a diurnal cycle that correlates with horizontal velocity and

surface height change with no lag. Once the diurnals are established, peak rates of water

pressure change ( dPw/ dt) precede peak horizontal velocities and surface height change.

The delay and imperfect relationship between ice motion and water pressure variations can

be explained by the different scales which relate them: horizontal and vertical ice motion are

theorised to be driven by regional basal water pressure (e.g. Harper and others, 2002, 2007)

while the borehole represents a spatially discrete, and therefore localised, measurement of

subglacial water pressure. Furthermore, it is impossible to do more than speculate how

well the borehole is connected to the subglacial drainage system, if indeed it is connected

at all, at any point in time especially at the start of the spring event. An imperfect

connection of the borehole to the subglacial system could explain why the cycles in borehole
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Figure 4.8: Selected time series for Period I (4 to 18 June 2011) at SHR: (a) horizontal
velocity, (b) surface height (black) and the rate of surface height change (red dashed line),
(c) borehole water level (black) and the rate of water level change (blue dashed line), and
(d) melt rate (red) and daily total melt (dashed line). Note that the GPS time series in
Figs. 4.8 to 4.13 have been filtered using a 12-hour period Butterworth filter (see Section
3.2.5) and that water pressure is sampled every 2 hours.

water pressure are out of phase with the diurnal melt cycle (Gordon and others, 1998).

Despite these limitations, the data presented in Figure 4.8 provide strong evidence for, and

detailed insight into, basal hydrological coupling during a ‘spring event’ on the Greenland

Ice Sheet.

4.5.2 Period II: Mid-summer

By mid-summer (1 to 7 July 2011) velocities have decreased from the peak values at melt

onset to ∼ 175 m yr−1 on average (Fig. 4.9a). Diurnal variations in ice velocity are still
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Figure 4.9: Selected time series for Period II (1 to 15 July 2011) at SHR: (a) horizontal
velocity, (b) surface height (black) and the rate of surface height change (red dashed line),
(c) borehole water level (black) and the rate of water level change (blue dashed line), and
(d) melt rate (red) and daily total melt (dashed line). Note that to aid comparison the
axes scales are constant for Figs. 4.8, 4.9, 4.11, 4.12, and 4.13.

present but their amplitude is generally lower despite strong melt of 40 to 60 mm w.e.d−1

prevalent throughout Period II (Fig. 4.9). Horizontal velocities, surface uplift and water

pressure all respond to days with higher than normal total melt (Fig. 4.9). High daily

total melt is often a manifestation of melt occurring round the clock at modest rates rather

than by the highest peak melt rates. At least two modes of melt are apparent: (1) clean

diurnal cycles with melt ceasing at night presumably under clear sky conditions when

radiative heat loss lowers night time temperatures to below freezing, and (2) the diurnal

variation is evident but melt also continues through the night at a lower rate — indicative

of cloudy conditions (e.g. Ambach, 1974; Alt, 1978). During ‘Mode 2’ melt, above-freezing
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air temperatures during the night prevent a frozen crust forming on the ice surface, thereby

freeing up the energy that would usually be required to melt this crust for further ice melt.

Following a period of ‘Mode 2’ melt there is a substantial rise in the borehole water level

which is reflected in the surface height and a brief (2-day-long) increase in velocities (Fig.

4.9).

Consistent with previous observations and modelling (e.g. Iken, 1981; Iken and others,

1983) throughout Period II peak velocities occur at peak rates of vertical uplift, not their

maxima. This relationship is seen clearly when the two variables are overlaid (Fig. 4.10).

During mid-summer (Period II) the mean lag between horizontal and vertical velocity was

zero, with a correlation coefficient (r) of 0.46. During this period, horizontal velocity and

rates of surface uplift peak at ∼20:00 UTC, ∼ 4.2 hours after peak runoff (Figs. 4.7, 4.8

and 4.10).
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Note that the vertical strain rate was not removed from the surface height record before
differentiation (see Section 3.3).
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4.5.3 Period III: Late-summer

By late-summer 2011 (Period III) the magnitude and amplitude of diurnal velocity varia-

tions at SHR had decreased in comparison to Period II (Fig. 4.11a). Declining melt rates

into mid-August were accompanied by a gradual reduction in the amplitude of diurnal

variations in both velocity and water level (Fig. 4.11). Peaks in horizontal velocity still

approximately coincided with maximum rates of surface uplift and water pressure.
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Figure 4.11: Selected time series for Period III (1 to 18 August 2011) at SHR: (a) horizontal
velocity, (b) surface height (black) and the rate of surface height change (red dashed line),
(c) borehole water level (black) and the rate of water level change (blue dashed line), and
(d) melt rate (red) and daily total melt (dashed line).

The relationships and lags between velocity and runoff, and between horizontal velocity

and vertical velocity, are clear and consistent with previous work (e.g. Iken, 1981; Iken and

others, 1983; Bartholomaus and others, 2008). The lag time between melt and velocity

decreased with the progression of the melt season from Period I to Period III (Fig. 4.7).
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The rate of decrease in the lag between melt and velocity was initially rapid, decreasing

from 7.1 hours in Period I to 4.2 hours in Period II. Between Periods II and III the rate

of decrease had declined and the lag between melt and horizontal velocity is 3.9 hours in

Period III (Fig. 4.7). The strength of the diurnal variations is apparent in the correlation

coefficient during the periods: the mean r value is highest in mid-summer (Period II) and

lowest during late-summer (Period III) when the amplitude in diurnal velocity variations

reaches a minimum.

The relationship between water pressure and horizontal velocity is, however, less easy to

discern. Examining Figures 4.8, 4.9 and 4.11 reveals that water pressure either slightly

leads or slightly lags horizontal velocity at different times in the season. This time-variant

relationship can, however remain consistent with previous work that investigates the hys-

teresis between water pressure and surface velocity (e.g. Sugiyama and Gudmundsson,

2004) and suggests that the horizontal velocity is governed by the regional not localised

subglacial water pressure (e.g. Hubbard and others, 1995; Harper and others, 2007).

The correlation between borehole water pressure and velocity is however high (with no lag)

during pronounced acceleration events, presumably as the local subglacial water pressure

(i.e. in the borehole) is similar to the regional water pressure field when large inputs of

surface water hydraulically decouple the ice from its bed over a large area (Harper and

others, 2007; Bartholomaus and others, 2008). One such event occurred in late August

2011 (Period IV) when high magnitude runoff was sustained during the day and night for

a week-long period (Fig. 4.6).
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Figure 4.12: Selected time series for Period IV (22 August to 5 September 2011) at SHR:
(a) horizontal velocity, (b) surface height (black) and the rate of surface height change
(red dashed line), (c) borehole water level (black) and the rate of water level change (blue
dashed line), and (d) melt rate (red) and daily total melt (dashed line).

4.5.4 Period IV: Late-summer acceleration event

Subglacial water pressures approximately 10 m of water head higher than during Period III

were maintained throughout the late-August event (Fig. 4.12), which was also associated

with 0.35 m of surface uplift recorded by the SHR GPS receiver. This event, which can be

seen at all GPS sites on Russell Glacier catchment (Fig. 4.2) provides a natural experiment

through which insight can be gained into basal hydrological forcing. Further examination

is reserved for Chapter 6.
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Figure 4.13: Selected time series for Period V (22 August to 5 September 2011) at SHR:
(a) horizontal velocity, (b) surface height (black) and the rate of surface height change
(red dashed line), (c) borehole water level (black) and the rate of water level change (blue
dashed line), and (d) melt rate (red) and daily total melt (dashed line).

4.5.5 Period V: Winter

During Period V (1 to 15 October 2011) melt was negligible, occurring only on one day

and totalling just 2 mm w.e (Fig. 4.13d). Horizontal velocity shows a steady positive

linear trend increasing from 66 m yr−1 to 69 m yr−1 during Period V (Fig. 4.13a) that is

consistent with remote sensing observations (Fitzpatrick and others, 2013; Joughin and

others, 2010) of a slight catchment wide acceleration over winter. Water pressure also

steadily increased during Period V (Fig. 4.13c) supporting the hypothesis that basal water

pressurises as subglacial cavities and channels close (Joughin and others, 2010; Fitzpatrick
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and others, 2013). Surface height declined steadily subsiding 0.1 m during the two-week-

long period (Fig. 4.13b), consistent with the combination of bed parallel motion and

surface lowering due to the release of stored water at the bed. Small cyclical variations

in the uplift rate during Period V may not be real motion and could be attributed to

the amplification of errors in the height time series caused, for example, by sub-diurnal

variations in the ionospheric delay or signal multi-path that have not been cancelled out

during post-processing (King, 2004).

4.6 Summary

This chapter has introduced a selection of the velocity time series collected during the

course of this study. It has demonstrated that dual-frequency GPS receivers are capable

of collecting high-frequency measurements of ice velocity at point locations at a precision

sufficient to study variations on relativey slow-moving ice (∼ 100 m yr−1) on sub-diurnal

— and even sub-hourly — time scales. Such measurements can be made unattended over

long periods of time.

The seasonal variation in velocity recorded by the GPS receivers across Russell Glacier

catchment is consistent with previous studies (e.g. Bartholomew and others, 2010, 2011a;

Hoffman and others, 2011): velocities peak at melt onset, gradually decelerate into mid-

summer attaining an all year minimum in late summer when declining melt inputs are

presumably easily accommodated by an efficient hydrologic network. Transient acceleration

events are superimposed on the seasonal cycle, driven by lake drainage events, initiation of

drainage into moulins or simply high melt rates driven by atmospheric conditions.

Detailed analysis of the short-term variations in velocity at SHR confirm that the diurnal

velocity cycle is strongly coupled to the diurnal melt cycle. The lag time between peak
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melt and peak velocity decreased markedly as the melt season progressed indicating that

supra-, en- and sub-glacial hydraulic pathways evolve to greater efficiency with cumulative

inputs of surface water to the bed. Throughout the melt season surface velocities remain

sensitive to variations in melt (although this sensitivity does decrease into late summer)

and periods of low melt result in low velocities followed by a ‘mini spring event’ when melt

returns. This finding indicates that the basal hydrological system continually adapts to the

flux of water from the surface. Consistent with the theory of cavity opening (Iken, 1981),

velocity is correlated with rates of surface uplift not absolute displacement. During two

weeks that include the spring event at SHR (Period 1) the surface height increased by 0.5 m

— a strong indicator of water storage at the bed that is remarkably similar to the 0.6 m of

uplift recorded by Iken and others (1983) during the spring event on Unteraargletscher in

1975.

For reasons outlined in Chapter 1 a transect based study incorporating all the velocity

records will not be repeated here as such studies have already been undertaken in the

same study area (e.g. van de Wal and others, 2008; Bartholomew and others, 2010, 2011a).

Instead, the following three chapters focus on specific events and sites. These case studies

include a rapid in situ lake drainage event (Chapter 5), detailed analysis of the late-summer

acceleration event depicted on Figure 4.12 (Chapter 6), and a rigorous investigation of ice

surface velocities in the ice sheet’s interior at site S10 on the K-transect (Chapter 7).



Chapter 5

Results II: Ice tectonic

deformation during the rapid in

situ drainage of a supraglacial lake

on the Greenland Ice Sheet

Author Contributions

Several authors contributed to this chapter which was published in The Cryosphere as

Doyle and others (2013) and is included in Appendix A. Andrew Fitzpatrick made the

remote sensing observations that formed Figures. 5.1 and 5.2. Glenn Jones prepared the

passive seismic data (Fig. 5.8). Katrin Lindback and Rickard Pettersson provided the

subglacial and supraglacial DEMs which Christine Dow used to calculate the hydraulic

potential gradients (Fig. 5.11). Christine Dow also calculated the discharge from the lake
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bathymetry and lake level time series. Sam Doyle led the field campaign, processed the

GPS records, collated the datasets and wrote the text. Alun Hubbard, Bernd Kulessa,

Alessio Gusmeroli and Jason Box advised and commented on drafts.

5.1 Summary

This chapter presents detailed records of lake discharge, ice motion and passive seismicity

capturing the behaviour and processes preceding, during and following the rapid drainage

of a ∼ 4 km2 supraglacial lake through 1.1-km-thick ice on the western margin of the

Greenland Ice Sheet. Peak discharge of 3300 m3 s−1 coincident with maximal rates of

vertical uplift indicate that surface water accessed the ice-bed interface causing widespread

hydraulic separation and enhanced basal motion. The differential motion of four Global

Positioning System receivers located around the lake record the opening and closure of

the fractures through which the lake drained. On the basis of the results presented it is

hypothesised that the majority of discharge occurred through a ∼ 3-km-long fracture with

a peak width averaged across its wetted length of ∼ 0.4 m. Hence, it can be argued that

the fracture’s kilometre-scale-length allowed rapid discharge to be achieved by combining

reasonable water velocities with sub-metre fracture widths. These observations add to

the currently limited knowledge of in situ supraglacial lake drainage events, which rapidly

deliver large volumes of water to the ice-bed interface.

5.2 Introduction

Variations in the delivery of surface water to the base of the Greenland Ice Sheet induce

fluctuations in ice sheet velocity on inter-annual, seasonal, diurnal and sub-diurnal time
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scales (Zwally and others, 2002; van de Wal and others, 2008; Das and others, 2008; Shep-

herd and others, 2009; Bartholomew and others, 2010, 2011a; Hoffman and others, 2011).

For water to access the bed of the Greenland Ice Sheet, a hydraulic pathway must first be

established through often kilometre-thick ice. Given sufficient water supply, a water-filled

fracture will propagate to the base of an ice mass when the overburden stress at the frac-

ture tip is offset by the density contrast between ice and water (Weertman, 1973; Alley

and others, 2005b; van der Veen, 2007).
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Krawczynski and others (2009) calculated that supraglacial lakes 250 to 800 m across and

2 to 5 m deep contain sufficient water to drive a fracture to the base of kilometre-thick

ice. Many lakes on the Greenland Ice Sheet attain this size or larger (Echelmeyer and

others, 1991; Box and Ski, 2007; Georgiou and others, 2009) of which a small proportion



88 CHAPTER 5. RESULTS II: RAPID LAKE DRAINAGE

(13 % between 2005–2009) drain in less than 2 days (Selmes and others, 2011). Surface

lakes can drain rapidly into moulins via supraglacial rivers, however many drain by the in

situ propagation of hydraulically driven fractures (e.g. Das and others, 2008), a process

hereafter termed lake tapping.

Lake tapping events provide water fluxes that exceed the capacity of the subglacial drainage

system, leading to transient high subglacial water pressures, hydraulic jacking and ice sheet

acceleration (Bartholomaus and others, 2008; Das and others, 2008; Pimental and Flowers,

2010). The integrated effect of multiple lake tapping events, and continued water flow into

the hydraulic pathways they create, has the capacity to impact the annual ice flux in future

years, especially as, in a warming climate, lakes are expected to form and drain earlier in

the season (Liang and others, 2012) and at higher elevations (Howat and others, 2013). It

is, however, uncertain whether this increase in water delivery will enhance the annual ice

flux through a net increase in basal lubrication (e.g. Zwally and others, 2002), or reduce it

due to an earlier seasonal transition to an efficient subglacial drainage system (e.g. Sundal

and others, 2011).

Whilst supraglacial lake-tapping events represent major perturbations of the subglacial

hydrological system and provide natural experiments for process-based investigations of

glacier-hydromechanics, few studies have succeeded in capturing them. Boon and Sharp

(2003) measured premonitory drainage events preceding the complete and rapid (< 1 h)

drainage of a 6.9 m deep supraglacial pond through a 150 m thick Arctic glacier on Ellesmere

Island. Das and others (2008) observed horizontal and vertical ice motion and seismicity

during the rapid (∼ 1.4 h) tapping of a large supraglacial lake through 980 m of ice to the

bed of the Greenland Ice Sheet. This study presents detailed measurements of ice motion,

lake volume change and seismicity capturing the rapid tapping of a large supraglacial lake

through 1.1-km-thick ice on the western margin of the Greenland Ice Sheet.
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5.3 Field site and methods

The field site, Lake F (67.01◦ N 48.74◦ W), is located 70 km from the terminus of Russell

Glacier, West Greenland (Fig. 5.1). Russell Glacier catchment represents a typical land-

terminating sector of the Greenland Ice Sheet which, during the melt-season accumulates

supraglacial lakes (McMillan and others, 2007) and shows diurnal (e.g. Shepherd and others,

2009) and seasonal (e.g. Bartholomew and others, 2010) covariations in ice velocity and

surface uplift.

Remote sensing observations indicate annually repeating growth and rapid drainage of

Lake F in the same location, with a mean date of drainage between 2002 and 2009 of 14

July. During the abnormally warm melt seasons of 2003, 2007 and 2010 (see Cappelen and

others, 2001, 2011) Lake F tapped 3 to 4 weeks earlier compared to other years in the 2002

to 2010 period.

On 26 June 2010, Lake F was instrumented with four Global Positioning System (GPS)

receivers, six seismometers and two water level sensors. Five days later at 01:40 on the

30 June, the lake drained completely in ∼ 2 h. Following drainage, the bathymetry of

the lake bed and the locations of fractures and moulins were surveyed. Lake volume (V )

and discharge (Q) are estimated by combining water level measurements with the lake

bathymetry. All times are expressed in Coordinated Universal Time (UTC) which is three

hours ahead of West Greenland Time.

5.3.1 Measurements of ice motion

Four dual-frequency GPS receivers (Trimble R7 and Leica SR520) were installed surround-

ing Lake F (Fig. 5.2). GPS antennae were installed on 6 m poles drilled 5 m into the ice,
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which subsequently froze in and thereafter provided a record of 3-dimensional ice surface

motion. Data, sampled continuously at a 10 s interval, were processed against a bedrock-

mounted reference station using the differential phase kinematic positioning software, Track

v. 1.24 (Chen, 1998; Herring and others, 2010), and final precise ephemeris from the Inter-

national GNSS Service (Dow and others, 2009). The reference station was located 1 km

from the terminus of Russell Glacier giving baseline lengths ≤ 70 km. To improve solutions

at the day boundary, 36 h files were processed and the first and last six hours of the out-

put position time series were discarded. Assuming steady ice motion, uncertainties in the

positions were estimated at < 0.02 m in the horizontal and < 0.05 m in the vertical by ex-

amining the detrended position time series for GPS NW over a 2 day period in May 2011.

The output position data are characterised by high frequency noise caused by receiver and

data processing errors. To suppress this high-frequency noise without causing a shift in

phase, positions were filtered with a 1 h centred moving average. To quantify differential

motion between GPS receivers, relative inter-GPS separation and the rate of separation

were calculated from the filtered positions at a 10-min interval.

5.3.2 Measuring seismic activity

The passive seismic array consisted of six GS-11D geophones with a natural frequency of

4.5 Hz and a bandwidth of 5 to 1000 Hz, continuously recording micro-seismic velocity at

a 1 kHz sampling rate on to a RefTek-130 digitiser. To improve coupling with the ice the

geophones were mounted on 15 kg concrete slabs (dimensions = 0.5×0.25×0.05 m), buried

to a depth of ∼ 0.5 m and routinely reset every 3 to 5 days before they melted out.

The limited number of seismic stations together with the large array aperture (1 to 2 km)

and the high rate of seismicity make it difficult to correlate particular onset times with

individual events. The inability to identify individual events prevents the location of seis-
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micity using standard methods (e.g. Walter and others, 2008; Roux and others, 2010).

Whilst Jones and others (2013) demonstrate that a technique based on amplitudes may be

used to locate such seismicity, the application of this method is beyond the scope of this

study.

In this study, the normalised root mean square (RMS) amplitude was calculated for each

seismometer using an envelope function with 1-min time windows after applying a 2-pass,

4-pole Butterworth filter. The 5 to 50 Hz passband of the Butterworth filter was selected

to reduce both high frequency noise (> 50 Hz) associated with surface crevassing (e.g.

Neave and Savage, 1970) and any low frequencies (< 5 Hz) associated with the instrument

response. To identify step changes in seismicity the normalised cumulative (seismic) energy

was calculateed from the RMS amplitudes.

5.3.3 Measurements of lake dynamics

Two pressure transducers (P1 and P2, Solinst M15 Levelogger) were installed in Lake F,

logging pressure in metres of water head at two minute intervals with a specified accuracy of

±1 cm (Fig. 5.2). The records of P1 and P2 were compensated for changes in atmospheric

pressure using a third Solinst Levelogger located at GPS NW.

Post-tapping, six transects were surveyed across the lake bed with a Leica SR520 GPS

receiver recording at 1 Hz. The transects were differentially corrected and interpolated to

form a digital elevation model (DEM) of the lake bathymetry with a grid spacing of 10 m.

Time series of lake volume (V ) and discharge (Q) were calculated by combining the DEM

with the water level data. The uncertainty in the lake volume and discharge is estimated

at ± 8400 m3 and ±130 m3 s−1 respectively.

To extend the lake volume record, a time series of Lake F volume was estimated from
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daily-acquired atmospherically-corrected Moderate-resolution Imaging Spectroradiometer

(MODIS) images by applying the method of Box and Ski (2007). Uncertainty in this

method was estimated at ±15 % by comparing MODIS-derived lake volumes with an inde-

pendently collected lake bathymetry dataset.

To investigate the extent and timing of rapid draining lakes within the Russell Glacier

catchment, an automatic lake classification was applied to daily-acquired, cloud-free MODIS

images. Lakes were classified using the Normalised Difference Water Index (NDWI) follow-

ing the method described in Huggell and others (2002). An empirically determined NDWI

threshold was used to distinguish between water and other objects with a low NDWI (e.g.

ice with a low albedo). The lake classification was trained using lake perimeter measure-

ments derived from Landsat 7 images and differential GPS surveys. In combination with

the NDWI threshold, thresholds for both the red and blue bands were used to further re-

duce misclassification of pixels with a similar spectral signal to water. Images with partial

cloud cover were manually inspected. Rapid draining is defined as lakes that disappear

within a 4 day interval and the date of drainage as the mid-point between the date it was

last seen and the date it disappeared. Typically, slow-draining lakes took much longer to

drain than the 4 day threshold and there is a clear distinction between lakes that drain

rapidly and those that drain slowly. Figure 5.1 shows the date of drainage of rapidly drain-

ing lakes and the maximum extent of all lakes across the Russell Glacier catchment in

2010. The drainage network shown in Figure 5.1 was created using hydrological modelling

software (ArcGIS hydrological toolkit) from a 30 m resolution DEM derived from Système

Pour l’Observation de la Terre (SPOT) data acquired on 2 July 2008.
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5.3.4 Mapping hydraulic potential gradients

Basal and surface elevation DEMs collected by skidoo-based radio echo sounding following

the method of Pettersson and others (2011) were used to calculate the gradients of hydraulic

potential, assuming basal water pressures were everywhere equal to the ice overburden

pressure (Shreve, 1972). The resulting hydraulic potential gradients can only be used to

approximate the direction of subglacial water flow due to the variability in subglacial water

pressure and basal hydraulic conductivity.

5.4 Results

5.4.1 Regional scale lake dynamics

Within Russell Glacier catchment in 2010, 45 % of the lakes were classified as rapid

(< 4 days) draining. The earliest rapid drainage occurred in late-May and the latest in

mid-July and in general lower elevation lakes drained earlier than those located at higher

elevations. Rapid lake drainage events occur in clusters; multiple lakes within the same

elevation band drain simultaneously (Fig. 5.1). The rapid tapping of Lake F coincided with

the rapid drainage of several adjacent lakes and an isolated peak (30 June to 2 July) in

the discharge of catchment-wide proglacial Watson River (see Fig. 8 of van As and others,

2012).

5.4.2 Formation and drainage of Lake F

In 2010, Lake F began to form on 5 June attaining its maximum extent on 24 June with

an area of 4.5 km2 and a volume of 1.8 × 107 m3 (Fig. 5.3). Following the installation of



5.4. RESULTS 95

0

5

10

15

20

 

 

La
ke

 v
o
lu

m
e 

(1
0
  
  
  
)

6
3

MODIS
PT/DEM

R
ap

id
 t

ap
p

in
g

5 15 20 25 3010
June 2010

 m

Figure 5.3: Time series of Lake F volume in 2010 estimated from MODIS using the method
of Box and Ski (2007) and the pressure transducer (PT)/digital elevation model (DEM)
calculations. The transition from slow drainage to rapid tapping is indicated by the black
circle. Error bars indicate the ± 15 % uncertainty in the lake volumes calculated from
MODIS.

the pressure transducers on 26 June the lake volume steadily decreased at a mean rate of

13.8 m3 s−1 from 1.1 × 107 m3 to 7.4 × 106 m3 immediately prior to rapid tapping. This

period of low discharge amounts to a volume of 3.6×106 m3 and could be entirely accounted

for by supraglacial discharge into Lake Z and moulin M4 (see Figs. 5.1 and 5.2). On 28 June

2010, water from Lake F traveled through a slow-flowing series of elongate ponds before a

< 1 m wide supraglacial stream fed the water into moulin M4. During the slow-period of

drainage the majority of water left Lake F via a 5- m-wide supraglacial river feeding into

Lake Z.

Rapid discharge (here defined as Q > 50 m3 s−1), associated with the tapping of the lake

via in situ fracture propagation, occurred between 01:40 and 03:15 on the 30 June 2010 with

the discharge peaking at Qmax = 3300 m3 s−1 at 02:47. Lake F had completely drained
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by 03:50. Immediately prior to rapid tapping, Lake F had a maximum depth of 9.9 m, an

area of 3.8 km2 and a volume of 7.4× 106 m3.

5.4.3 Observations

On 29 June 2010, a healed crevasse, similar to Fig. S5 of Krawczynski and others (2009),

was observed from the western margin of the lake running through the lake in a W-E

direction. Closed moulins were observed in the approximate positions of M1 and M5. It is

likely that these relic features were formed by lake tapping events in previous years.

M2

M1

N

5 m

(a) (b)

Figure 5.4: Photos of Lake F post-drainage: (a) the main fracture 8 days after lake tapping
showing the location of moulins M1 and M2 with the deepest region of the lake located
10 m east of M2; and (b) the largest moulin M1, ∼ 10 m in diameter. Fallen ice blocks
blocked the moulin at 45 m below the surface.

At 04:50 on 30 June 2010, less than 2 hours after the end of rapid discharge, ∼ 0.3 m deep

standing water was observed in the centre of the lake overflowing across the clean-cut edge

of the main fracture F1. Fracture F2 was clean cut and open by ∼ 0.2 m.

On 1 July, the location, dip and strike of fractures were surveyed. The main fracture, F1,

was mapped for 3 km but extended beyond this as a thin (< 1 cm wide) crack. F1 and F2
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were sub-vertical, dipping towards the north and west, respectively (Fig. 5.2). Differential

vertical displacement was observed along F1 with the northern hanging wall displaced

typically 0.1 to 0.3 m (but up to 1 m near the centre of the lake) above the southern foot

wall. This structure can be interpreted as a reverse dip-slip fault and evidence for transverse

(cross-flow) compression (Fig 5.5a). The largest vertical displacement was measured in the

deepest region of the lake, ∼10 m east of M2.

N

STRAIN

Foot 
wall

STRAIN

Hanging 
wall

(a) (b)

Graben

Figure 5.5: Supraglacial fracture structures observed along F1: (a) a reverse dip-slip fault,
dipping 82 to 85◦ to the north, with the northern hanging wall vertically displaced above
the southern foot wall, is evidence for a compressional strain regime; and (b) a high-angle
normal fault with a dropped graben is evidence for extension across F1. Note the greater
vertical offset of the northern wall compared to the southern. The diagrams are based on
field measurements interpreted with the aid of Price and Cosgrove (1994).

Along F1 a number of ice blocks, detached from the ice surface, had subsided into the frac-

ture or been uplifted by floatation (see Fig. 5.4a). The structure of the subsided blocks is

that of a high-angle normal fault with a dropped 2 to 5 m wide graben (Fig 5.5b). Normal

faults are evidence for transverse (cross-flow) extension across F1 (Cloos, 1955; Price and

Cosgrove, 1994). Similar supraglacial fracture structures associated with hydraulic fractur-

ing were observed following the Skeiðárjökull and Sólheimajökull jökulhaups in 1996 and

1999 respectively (see Fig. 12 of Roberts and others, 2000).
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Five moulins (M1 to 5) were also mapped on 1 July (Fig. 5.2). The largest moulin (M1),

∼ 10 m in diameter, was explored to a depth of 45 m below the surface (Fig. 5.4b). At 45 m

depth, M1 continued vertically downwards but access was restricted by fallen blocks of ice.

Water entering M2 could be heard to flow englacially along F1 at a shallow depth before

descending vertically down M1.

The main ∼ 5-m-wide supraglacial river flowing into Lake F from the north was intercepted

by a fracture forming three moulins, collectively named M3 (Fig. 5.2). The evolution of the

M3 moulins was observed over a number of days and is consistent with Stenborg (1968).

Initially, water flowed into the clean-cut fracture at three discrete points and began to

cut channels due to the frictional heat of melting. Over time the channels became wider

and deeper. The channel of the largest moulin incised the fastest and ultimately captured

all the flow. A similar evolution was observed for M2 which also continued to receive

water throughout the melt season. Moulins M1 and M5 were not connected to supraglacial

streams after rapid tapping.

5.4.4 Ice displacement

The horizontal and vertical ice motion recorded by the GPS receivers preceding, during

and following the lake tapping event are depicted on Figure 5.6. The first abnormal GPS

motion occurred on 29 June when GPS SE accelerated to the west concomitant with

∼ 0.2 m of uplift. GPS NE and GPS SW also accelerated, albeit with a lower magnitude.

The northern two GPS receivers (GPS NW and GPS NE) show anomalous motion in the

north-south plane including transient reverse ice flow at GPS NW. The mean daily vector

for the 29 June is of a lower magnitude for the western GPS stations compared to the eastern

GPS stations, implying a compressive strain regime that is also evident in the decreasing

separations between GPS NW–SE, NW–NE and SW–SE (Fig. 5.9a, b and f).
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Figure 5.6: Horizontal and vertical ice motion recorded by the four GPS receivers. Plots
(a–d) are plan views of the horizontal motion and (e–h) are time series of vertical uplift.
To emphasise the transverse (cross-flow) motion the y-axes of (a–d) are exaggerated by
a factor of 2. The red arrow on the map shows the direction of mean ice flow. On (a–d)
hollow red circles indicate day boundaries and arrows represent daily vectors. On (a–
h) solid green circles indicate the times of 02:00 and 03:00; the grey shade indicates the
period of rapid (Q > 50 m3 s−1) discharge; and the vertical dashed line indicates the time
of maximum discharge Qmax.
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A detailed time series of discharge (Q), rate of discharge (dQ/dt), uplift (Z) and rate

of uplift (dZ/dt) is presented in Figure 5.7. At 01:15 on 30 June 2010 the uplift rate

at GPS SW suddenly increased leading to a maximum 0.34 m of uplift at 02:09. In this

period, GPS NW and GPS NE were uplifted by 0.07 m and 0.1 m respectively, and there

was no discernible uplift at GPS SE. Coincident with the start of rapid discharge at 01:40

the uplift rate at GPS NW increased. In the interval 01:40–02:00, the lake volume de-

creased by 1.75 × 105 m3 (2.4 % of the lakes pre-tapping volume) and GPS NW and

GPS SW moved north-west (Fig. 5.6a and b) with slight compression (Fig. 5.9c). At

02:00, GPS NW continued to move in the north-west direction, accelerating and reaching

a maximum displacement to the north of 0.3 m. At the same time (02:00), GPS SW re-

versed in direction moving to the south-west (Fig. 5.6b) coincident with a step increase in

the discharge (Fig. 5.7a and b), seismicity (Fig. 5.8), uplift rate at GPS NW (Fig. 5.7c),

and separation rate between all the GPS receivers with the exception of GPS SW–SE

(Fig. 5.9). Rapid separation continued until 03:00 when GPS SW reversed to the north

(Fig. 5.6b) and GPS NW reversed to the south (Fig. 5.6a), causing the separation rates to

become negative (Fig. 5.9). The maximum discharge Qmax of 3300 m3 s−1 occured at 02:47

simultaneous with the peak uplift rate at GPS NW of 0.8 m h−1 (Fig. 5.7). The maximum

relative separation between GPS NW–SW, NW–SE, NW–NE and SW–NE was attained at

03:00 (Fig. 5.9), simultaneous with a lull in seismicity across all six seismometers (Fig. 5.8)

and a transient 1 m3 s−2 increase in the discharge rate (dQ/dt) which remained negative

(Fig. 5.7b). At 03:00 there was a short-lived (15-min) period of uplift at GPS SW. Post

03:00, inter-GPS separations decreased as the discharge reduced. Rapid discharge ended

at 03:15 with V = 4.8× 104 m3 (0.65 % remaining). Peak uplift at GPS NW of 0.9 m was

not reached until 03:40. Following peak uplift, GPS NW subsided at a gradually reducing

rate (mean uplift rate of −0.07 m h−1) remaining 0.3 m above its pre-tapping elevation by

the end of 30 June 2010. Accordingly, GPS SW, GPS SE and GPS NE remained uplifted
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by 0.1 m, 0.18 m and 0.24 m respectively.

5.5 Interpretation and Discussion

On the basis of the observations described above, the rapid in situ tapping of Lake F on the

30 June 2010 can be decomposed into three episodes: (1) initial drainage (01:40–02:00);

(2) fracture opening (02:00–03:00); and (3) fracture closure (03:00–03:15). The horizontal

and vertical ice surface velocities during each episode are illustrated on Figure 5.10. These

episodes are arbitrarily bounded by the duration of rapid discharge and it should be noted

that closure of fractures extended beyond 03:15 (see Fig. 5.9). The timings of each episode,

together with the time of Qmax, are indicated on Figs. 5.6, 5.9 and 5.7.
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Episode 1 begins at the onset of rapid discharge and ends when GPS SW changes direction

to the south causing north-south extension across the lake (Fig. 5.10a). In episode 1, a small
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(1.7× 105 m3, 2.4 % of the lakes pre-tapping volume) amount of water drained coincident

with uplift concentrated at GPS SW and an increase in seismicity for the western half of

the seismic array (S1–3, Fig. 5.8). Little or no increase in seismicity was recorded by the

eastern seismometers (S4–6, Fig. 5.8).

As the fractures open in episode 2, Q rapidly increased peaking at 02:47 (Qmax = 3300 m3 s−1)

simultaneous to the maximum rate of uplift at GPS NW (dZ/dt = 0.8 m h−1), indicating

that water rapidly attained the ice bed interface causing hydraulic ice-bed separation.

The divergence of GPS NW–SE, NW–SW, SE–NE and SW–NE (Fig. 5.9a, c, d and e)

are interpreted as the opening of the main fracture F1 (Fig. 5.10b). Likewise, short-term

longitudinal (with-flow) extension between GPS NW and GPS NE of ∼ 0.2 m (Fig. 5.9b),

involving the reverse motion of GPS NE commencing at 02:00 (see Fig. 5.6d), is interpreted

as the opening of subsidiary fracture F2. The opening of F2 involves the displacement of

GPS NE to the east up the bed-slope (Fig. 5.11). As soon as discharge begins to decrease

after 02:47 the force holding F2 open reduces and, aided by the bed-slope, GPS NE re-

versed in direction to the west (Fig. 5.6d), closing F2. The circular path of GPS NE during

lake tapping (Fig. 5.6d) can be interpreted as the combined effect of fractures F1 and F2

opening and closing. In episode 2, 90 % (6.7 × 106 m3) of the lakes pre-tapping volume

drained compared to just 6.8 % (5.1× 105 m3) in episode 3.

At 03:00, the boundary between episodes 2 and 3, the fractures attained their maximum

width and the short respite in fracturing was coincident with a lull in seismicity evident

in the records for all six seismometers (Fig. 5.8). This quiescence suggests that seismicity

is predominantly generated by the opening and closure of fractures and not by water flow

which was continuing at a high rate (Q = 1450 m3 s−1).

Immediately after 03:00, there was a step-increase in seismicity particularly evident at

seismometer S4 (Fig. 5.8j), as the inter-GPS separation rates between GPS 1–3, 1–4, 1–
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2, 3–4 and 2–4 became negative (Fig. 5.9) as the fractures closed (Fig. 5.10c). Episode

3 is characterised by decreasing discharge and uplift (Fig. 5.7). Following, the end of

rapid discharge the rate of closure reduces but it takes several hours before the inter-GPS

separation rates stabilised (Fig. 5.9). The elevated seismicity post-03:15 (Fig. 5.8) can be

attributed to continuing fracture closure (Fig. 5.10c) and the subsidence of GPS NW and

GPS NE (Fig. 5.7c and f).

Following lake tapping the inter-GPS separations show a stable increase between GPS

NW-SW and GPS SW-NE and a stable shortening between GPS SW-SE and NW-SE

(Fig. 5.9). This supports the observation of juxtaposed extensional and compressional

supraglacial fracture structures (Fig. 5.5). The separation between GPS NW-NE and GPS

SE-NE reduced to ∼ 0 m by 12:00 on 30 June suggesting the total closure of F2 and the

most eastern section of F1 respectively. This observation is consistent with the small

(cm-scale) fracture width measured in the field.

The characteristics of the rapid tapping of Lake F are consistent with Das et al. (2008) who

observed the rapid (1.4 h) drainage of a 4.4× 107 m3 supraglacial lake through 980 m-thick

ice on the western margin of the Greenland Ice Sheet at 68.7◦ N. The reverse and circular

motion of the singular GPS station of Das and others are comparable to those of GPS NE

which was similarly located on westerly flowing ice, north of a longitudinal (with-flow)

fracture and west of a transverse (cross-flow) fracture. The step-increases in seismicity

observed during the tapping of Lake F (Fig. 5.8) are also comparable (see Fig. S3 of Das

and others, 2008).

Prior to lake tapping a healed crevasse, consistent with Fig. S5 of Krawczynski and others

(2009), was observed running from the western margin of the lake easterly towards its

centre. Closed moulins were observed in the approximate positions of M1 and M5. It

is likely that the healed crevasse and the closed moulins are relic features formed during
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tapping events in previous years. It is possible that the rapid tapping in 2010 was the

re-opening of fractures and moulins formed in previous years, however our observations do

not reveal whether tapping involved the formation of a new fracture or the re-activation of

a healed crevasse.

5.5.1 Trigger mechanism

Various mechanisms have been proposed as triggers for the initiation of hydraulic fractures

through ice. Several studies (e.g. van der Veen, 2007; Krawczynski and others, 2009; Clason

and others, 2012) invoke a critical-depth trigger whereby a hydrofracture is propagated

to the bed when the lake level reaches a certain threshold. The observation of rapid

tapping after — instead of coincident to — the peak lake size was attained (Figs. 5.3 and

5.7a) suggests that a critical-depth threshold is not the sole pre-requisite for triggering

hydrofracture, a view supported by similar remote sensing observations (Liang and others,

2012).

Drainage of water into moulin M4, located to the west of Lake F, during the slow-discharge

period prior to rapid tapping could theoretically cause localised uplift and acceleration

leading to longitudinal (with-flow) extension. Alley and others (2005b) assert that the

tensile stress caused by the acceleration of downstream ice may be important for initiating

hydrofractures. However, discharge into 1- m-wide M4 was relatively low and prior to the

tapping of Lake F there is no evidence for longitudinal (with-flow) extension (Fig. 5.9). On

the contrary, the two western GPS receivers (GPS NW and GPS SW) were uplifted and

accelerated several hours later than the two eastern GPS receivers (GPS SE and GPS NE),

causing longitudinal (with-flow) compression across the lake in the hours preceding lake

tapping (Fig. 5.9b and f).
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In the 4 day interval that Lake F tapped a number of adjacent lakes also drained and some of

these are located upstream and south-east of Lake F (Fig. 5.1). These lakes drained within

a cloudy period and it is impossible to determine from the available MODIS imagery which

lake drained first. The drainage of one or more of these lakes could hypothetically route

water down the subglacial valley south-east of GPS SE (Fig. 5.11) which would explain

the earliest observed uplift at GPS SE at 12:00 on 29 Jun. Rapid draining lakes appear

to drain in spatial and temporal clusters (see Fig. 5.1 and Lampkin, 2011) suggesting that

lake tapping events may trigger each other. This hypothesis may be the answer to the

Lake F trigger but it also raises the question as to what caused the first lake to tap.

The observation of a compressive strain regime prior to lake tapping is in agreement with

Krawczynski and others (2009) who found that water-filled crevasses can propagate with-

out longitudinal (with-flow) tension and that a given volume of water has the propensity

to propagate a water-filled crack further in regions with less tension (or even slight com-

pression), as thinner cracks require less water to remain water filled.

Although it is possible that small drainage events were masked by variations in supraglacial

discharge, the lack of notable changes in the lake volume prior to 01:40 on 30 June 2010

(Fig. 5.7a) suggests that premonitory drainage events as observed by Boon and Sharp

(2003) did not occur.

5.5.2 Hydraulic pathways

It is likely that during lake tapping, discharge occurred along most of the fractures’ lengths

that were located within the lake bed. Assuming first that the inter-GPS separation is

entirely a result of fracturing and second following Krawczynski and others (2009), that

the fractures are parallel-sided with constant width, the fractures’ cross-sectional area
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at the time of peak separation (03:00) can be estimated. Interpolating the maximum

separation between GPS NW–SW, NW–SE, SW–NE and SE–NE gives a peak fracture

width averaged over F1’s 2.6 km-wetted-length of 0.4 m and an estimated maximum cross-

sectional area of 842 m2. This fracture width agrees well with the modelling results of

Krawczynski and others (2009) that suggest an idealised conical lake of a similar size to

Lake F (diameter = 2.2 km, area = 3.8 km2) would drain via a 0.4- m-wide fracture across

the width of the lake in ∼ 2 h. The maximum cross-sectional area of F2 is estimated

at 140 m2. Combined, F1 and F2 have a total cross-sectional area at 03:00 of 982 m2.

Dividing the discharge at 03:00 (Q = 1450 m3 s−1) by the combined cross-sectional area

gives a mean flow velocity of 1.5 m s−1. Hence, due to the length of the fractures, rapid

discharge can be achieved by combining reasonable water velocities with sub-metre fracture

widths. Assuming an ice thickness of 1100 m the total volume of the fractures at 03:00 is

1.1× 106 m3 or 15 % of the lake volume prior to tapping. The actual volume of water that

drained between 01:40 and 03:00 was much larger at 6.8× 106 m3.

During rapid discharge the frictional heat of turbulent flow would preferentially melt the

sections of the fracture transporting the greatest flux, leading to the concentration of flow

(Walder, 1982) and the development of moulins. There is a clear distinction between

moulins that formed during rapid discharge and moulins that formed afterwards. Immedi-

ately, post-tapping, moulins M1 and M5 were fully formed but dry whilst moulins M2 and

M3 were clean-cut fractures accepting water. It can be hypothesised that discharge was

initially concentrated down the largest (∼10 m diameter) moulin M1 (Fig. 5.4b). When the

water level fell below the elevation of M1 surface water-flow would have been concentrated

through F1 in the deepest region of the lake, ∼10 m east of M2 (Fig. 5.2).

At 04:50 on 30 June 2010, < 2 h after rapid tapping, there were no supraglacial channels

in the lake bed. A shallow (∼ 0.3 m deep) pond of water in the deepest region of the lake
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was overflowing the clean cut edge of F1. Over a number of days channels formed by the

frictional heat of preferential water flow, concentrating water flow into discrete moulins.

Continued water flow into moulins would work to keep moulins open for the remainder of

the melt season. On 1 July, sections of the fracture were water-filled and water draining into

moulin M2 could be heard to flow laterally along F1 at a shallow depth before draining into

moulin M1, suggesting that post-tapping large sections of the fracture were closed.

5.5.3 Vertical ice surface motion

Ice surface uplift is typically attributed to bed-parallel motion, vertical strain and ice-

bed separation due to high subglacial water pressures (Hooke, 1989). Fault displacement

(Fig. 5.5) may also cause vertical ice motion (e.g. Walder and others, 2005). All four factors

must be considered when interpreting the vertical motion of a GPS receiver installed on

the ice surface.

The bed-slope within the study area is highly variable (Fig. 5.11) and may be responsi-

ble for some of the differential ice motion (Fig. 5.6). In contrast to the smooth vertical

motion of GPS NW, GPS SE and GPS NE the vertical motion of GPS SW is charac-

terised by sudden steps coincident with the start and end of the fracture opening episode.

GPS SW is located on the strongest subglacial gradient of all the GPS receivers, south of

a conical subglacial peak (see Fig. 5.11). Horizontal motion along the inclined bed-slope

can satisfactorily explain the vertical motion of GPS SW. At 00:00 on 30 June 2010 the

trajectory of GPS SW was perturbed to the north-west coincident with ∼5 cm of up-

lift. This vertical motion can be explained by north-westerly motion up the bed-slope

(Fig. 5.11). The subsequent southerly-motion of GPS SW down the bed-slope between

02:00 and 03:00 is coincident with subsidence. This lowering is simultaneous with uplift at

GPS NW, GPS SE and GPS NE suggesting that the water delivered to the bed during
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rapid discharge did not access the bed beneath GPS SW. Finally, at 03:00 when GPS SW

moves north up the bed-slope there is a second low magnitude (10 cm) period of uplift

exclusive to GPS SW.

Sugiyama and others (2008) observed the greatest uplift near to the drainage centre during

the subglacial drainage of ice-marginal lake Gornersee in Switzerland and we therefore

assert, like Das and others (2008), that surface uplift was likely greater near the centre

of the lake. The highest-magnitude uplift observed in this study of 0.9 m by GPS NW

is the most consistent with the 1.2 m of uplift measured by Das and others. The bed-

slope underneath GPS NW slopes down towards the north-west (Fig. 5.11) so north-west

acceleration during the fracture opening episode is not responsible for the observed uplift

at GPS NW. Vertical strain cannot account for the uplift as extension (which would cause

thinning and lowering) was observed for all the inter-GPS separations involving GPS NW

during this episode (Fig. 5.9a, b, c). Fault displacement in the form of vertical offset of the

fracture walls in a reverse dip-slip fault is attributed to compressional strain (Fig. 5.5b)

which is unlikely to have occurred during the fracture opening episode when all inter-GPS

separations were extensional (Fig. 5.9). As neither motion along an inclined bed-slope,

vertical strain or fault displacement can explain the observed vertical motion of GPS NW

during the fracture opening episode, the uplift at GPS NW can be attributed to ice-bed

separation resulting from high subglacial water pressures caused by the delivery of a large

quantity (6.7 × 106 m3 or 90 % of the lakes pre-tapping volume) of water to the ice-bed

interface.

5.5.4 Subglacial water routing

Subglacial water delivered to the ice-bed interface along F1 would be preferentially routed

through a subglacial valley to the north-west (Fig. 5.11) . Field measurements of the
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fracture structure and the differential motion of the GPS receivers support this assertion.

Based on the locations of F1 and F2, we can conceptualise the ice-mass structurally into

three semi independent blocks: the southern, north-eastern and north-western. The di-

rection of dip of sub-vertical fractures F1 and F2, to the north and west respectively (see

Fig. 5.2 and 5.5), together with the permanent offset of the northern hanging wall above

the southern foot wall of F1, suggest that during the fracture opening episode, the north-

western block was preferentially uplifted and ejected to the north-west. This is consistent

with the observation of the greatest horizontal and vertical motion of the north-western

block on which GPS NW was located (Fig. 5.6a and e) and the highest rate of seismicity

recorded by the most western seismometers (S1–3, Fig. 5.8). Extensive ice surface up-

lift due to hydraulic ice-bed separation at GPS NW, GPS SE and GPS NE imply that

subglacial water flowed as a laterally-expansive but non-uniform sheet consistent with the

subglacial drainage of ice marginal lake Gornersee (Sugiyama and others, 2008). Das and

others assert that this water could be accommodated in a transient subglacial lake and the

slow subsidence of GPS NW, GPS SE and GPS NE could indicate the drainage of this

subglacial lake. In contrast. the vertical motion of GPS SW rapidly returned to a steady

height following the end of rapid discharge (Fig. 5.7) suggesting that water was not routed

or stored at the bed in this area.

5.6 Conclusions

Detailed measurements of ice surface motion, discharge and seismicity during the rapid

in situ drainage of a large annually-tapping supraglacial lake through kilometre-thick ice

on the western margin of the Greenland Ice Sheet contribute to the currently limited

knowledge of rapid supraglacial lake tapping events.
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Horizontal ice motion during lake tapping is dominated by ice tectonic deformation involv-

ing the transient opening and closure of multiple fractures. It is hypothesised that during

rapid discharge, water flowed down most of the fractures’ lengths. By reconstructing the

peak cross-sectional area of the fractures from the inter-GPS separations it is estimated that

the fractures’ kilometre-scale lengths allow rapid discharge to be achieved by combining

reasonable water velocities with sub-metre fracture widths.

The maximum uplift rate of 0.8 m h−1 occurred simultaneous with the maximum discharge

of 3300 m3 s−1 providing evidence that water rapidly attained the ice-bed interface raising

subglacial water pressures above overburden over a large area of the bed. Basal topography

and the gradient of hydraulic potential exerted control on water routing, horizontal ice

motion and uplift. The greatest horizontal displacement and vertical uplift was observed

above the preferential subglacial drainage route.

Lake tapping events rapidly deliver large pulses of surface water to the bed of the Greenland

Ice Sheet causing transient ice-bed separation and acceleration however it remains unclear

what impact this water delivery will have on the annual ice flux.
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6.1 Summary

Accurate forecasting of the Greenland Ice Sheet’s contribution to global sea level rise re-

quires detailed knowledge of how surface melt and ice flow respond to atmospheric forcing

(Lemke and others, 2007; Hanna and others, 2014). Both processes have increased signifi-

cantly over the last decade (van den Broeke and others, 2009; Shepherd and others, 2012;

Moon and others, 2012). Recent research demonstrates that surface meltwater delivery

to the bed accelerates ice flow over the course of summer (Zwally and others, 2002) yet

is regulated annually through the melt-induced seasonal transition between inefficient and

efficient subglacial drainage systems (Bartholomew and others, 2010; Hoffman and others,

2011; Sundal and others, 2011; Sole and others, 2013). This chapter demonstrates that

substantial episodes of melt and acceleration also occur after this drainage system switch.

Records of ice velocity, subglacial water pressure and meteorological data reveal that a

period of warm, wet cyclonic weather in late August 2011 produced sufficient melt and

rainfall to overwhelm the ice sheet’s subglacial drainage system, leading to a pronounced

and widespread acceleration in ice sheet flow of up to 220%. The acceleration, which oc-

curred after the subglacial drainage system had shutdown, occurred on at least two outlet
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glaciers and extended at least 88 km (1520 m a.s.l.) into the ice sheet’s interior. The

cyclonic conditions driving this event prevailed over half of Greenland are predicted to

become more pronounced in future, concurrent with a warmer and cloudier regional cli-

mate (Fettweis and others, 2011; Franco and others, 2013) and a northward shift in North

Atlantic storm tracks (Schuenemann and Cassano, 2010). In light of the increasing fre-

quency and intensity of extreme Arctic cyclones in climate reanalysis data and historical

climate simulations (e.g. Schuenemann and Cassano, 2010; Vavrus, 2013), the finding that

the ice sheet is sensitive to such events portends a future where Greenland’s outlet glaciers

experience more melt- and rainfall-induced acceleration events, similar to those currently

affecting coastal Alaskan glaciers.

6.2 Introduction

Recent studies have argued that the basal drainage system, at least within the ablation

area, adapts its efficiency to accommodate surface meltwater delivery, thereby regulating

basal water pressures and ice motion over the summer season (Sundal and others, 2011;

Chandler and others, 2013; Sole and others, 2013; Tedstone and others, 2013). The en-

hanced summer flow regime appears to comprise a series of discrete transient accelerations

driven by the rate and duration of water accessing the bed, and the ability of the hydrolog-

ical system to adapt to them (Bartholomaus and others, 2008; Schoof, 2010; Bartholomew

and others, 2011a; Hoffman and others, 2011). The seasonal velocity cycle is typically

characterised by an initial maximum at melt onset, gradual deceleration in mid-summer,

and an all year minimum in August, when the drainage system can easily accommodate

declining melt inputs (van de Wal and others, 2008; Bartholomew and others, 2010, 2011a;

Colgan and others, 2011; Hoffman and others, 2011; Bartholomew and others, 2012; Colgan
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and others, 2012; Fitzpatrick and others, 2013). Surface velocities recorded at eight GPS

sites on Russell Glacier and Isunngata Sermia in West Greenland during 2011 (Fig. 6.1)

are consistent with these systematic variations with one exception: a prominent accelera-

tion between the 24 August and 1 September (Fig. 6.4b-i). The mechanisms driving this

pronounced, widespread and sustained late-season acceleration demand further investiga-

tion.
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bels refers to the distance in kilometres upglacier from the terminus of Russell Glacier
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6.3 Data and methods

Surface ice motion was measured using a transect of 8 global positioning system (GPS)

receivers and offset tracking on repeat pass TanDEM-X imagery. A comprehensive array

of meteorological measurements were made by three on-ice automated weather stations

(AWS) and one off-ice AWS. Precipitation was measured at the off-ice AWS and by the

Danish Meteorological Institute (DMI) in Kangerlussuaq. Reanalysis data from the Na-

tional Centers for Environmental Prediction/National Centre for Atmospheric Research

(NCEP/NCAR) reanalysis project (Kalnay and others, 1996) was used to estimate pre-

cipitation (Fig. 6.3) and to track weather systems (Fig. 6.6) over Greenland. Finally,

proglacial discharge was gauged at Watson River Bridge in Kangerlussuaq (Hasholt and

others, 2013). The methods are described in detail below.

6.3.1 GPS measurements

This study employed five dual-frequency global positioning system (GPS) receivers (R2,

R13, I14, I27 and I46) capable of resolving three dimensional ice surface velocities at a high

temporal resolution (< 1 hour), and three single-frequency GPS receivers (R37, R52, and

R88). Data from the dual-frequency receivers were processed kinematically (King, 2004) at

a 30-second interval relative to bedrock-mounted reference stations using the carrier phase

differential positioning software, Track v. 1.24 (Chen, 1998), and final precise ephemeris

from the International GNSS Service (Dow and others, 2009). Reference GPS stations were

located 1 km from the terminus of Russell Glacier (BASE) and at Kellyville (KELY) giving

baseline lengths of 5 to 46 km. Assuming steady ice motion, uncertainties in the positions

were estimated at ±0.01 m in the horizontal and ±0.05 m in the vertical by examining the

de-trended position time series for GPS receiver R13 in early June 2011. High frequency
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noise was filtered with a two-pole, low-pass Butterworth filter with a 12-hour cut-off period.

To reduce the effect of bed parallel motion the surface height record was detrended by

subtracting a line of linear regression which was fitted to the full record.

The single-frequency receivers recorded horizontal position every hour and the resulting

time-series were filtered with a 48-hour period average (Den Ouden and others, 2010). No

attempt was made to resolve vertical motion from the single-frequency GPS records as

the detection limit exceeds the magnitude of ice surface uplift (Den Ouden and others,

2010).

Daily averaged horizontal velocity was calculated by differencing the filtered positions at

a daily time step. The annual velocity was calculated from positions of the antenna on

6 June 2010 and 6 June 2011 for Russell Glacier GPS and from 2 September 2011 and

2 September 2012 for Isunngata Sermia GPS. These dates were selected on the basis of

available data and to avoid times when antenna poles were relocated (e.g. 7 June 2011 for

GPS R13 and R2).

6.3.2 TanDEM-X methods and verification against GPS records

Offset tracking was applied to repeat pass TanDEM-X data to derive surface velocities for

the ice sheet margin in August 2011. TanDEM-X (TerraSAR-X add-on for Digital Elevation

Measurement) is a bi-static Synthetic Aperture Radar (SAR) mission launched in June 2010

with the two satellites orbiting in a closely controlled formation with typical distances of

between 250 and 500 m. The satellites circle on an 11-day repeat orbit, acquiring synthetic

aperture radar (SAR) images, with a 30 × 50 km footprint, at a 3 m spatial resolution

(Krieger and others, 2007).

Three ascending images acquired on 1 August, 23 August, and 3 September 2011 were
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used: the first two acquisitions (1 August, 23 August; 22 days separation) were combined

in order to derive the average August ice velocities, and the images recorded on 23 August

and 3 September (11-day separation) were used to detect the late August acceleration (Fig.

S1). SAR amplitude images were computed for each of the scenes and applied an image-

to-image cross-correlation technique to track the motion of features on the glacier surface

(Strozzi and others, 2002). The accuracy of the derived flow speeds was investigated by a

comparison with velocities for the same time intervals at two GPS locations: R2 and R13

(see insert on Fig. 6.2). Strong agreement was found for both periods, with differences

ranging between 0.011 m d−1 (R2, 1 to 23 August) and 0.058 m d−1 (R13, 23 August to 3

September).

6.3.3 Borehole water pressure

Subglacial water pressure was recorded by a wired pressure sensor installed 0.5 m from the

ice-bed interface at site R13/M13 (see Smeets and others, 2012). Borehole water pressure

was expressed as a percentage of the ice overburden pressure, assuming an ice thickness of

610 m and a density of ice of 917 kg m−3.

6.3.4 Meteorological measurements

Meteorological measurements were made by three on-ice automated weather stations (AWS)

located 13 km (M13), 61 km (M61) and 140 km (M140) from the terminus of Russell

Glacier, and one on-tundra AWS (M0) located 1 km west of ice margin (Fig. 6.1, Table

6.1).

To keep consistency with the GPS site names, the numbers in the AWS labels refer to the

distance from the terminus of Russell Glacier. The on-ice AWS were previously referred to
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R2     R13 R2    R13

Figure 6.2: TanDEM-X velocities during (top) the preceding period (1 to 23 August 2011)
and (bottom) the late-August acceleration (23 August to 3 September 2011). The lower-
left insert shows the good agreement between TanDEM-X (TDX) and GPS velocities for
sites R2 and R13 for both periods.
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Table 6.1: Position and elevation of the meteorological stations
Site Position Elevation

(m a.s.l.)

M0 N67◦08’, W050◦11’ 345
M13 N67◦06’, W049◦56’ 732
M61 N67◦04’, W048◦49’ 1280
M140 N67◦00’, W047◦01’ 1840

as KAN L (M13), KAN M (M61) and KAN U (M140), and the reader is directed to van

As and others (2012) for further information on the AWS methods. The AWS recorded

surface height change due to accumulation and ablation, air pressure, temperature and

humidity, wind speed and direction, and downward and upward shortwave and longwave

radiation at 2 to 3 m above the surface. The AWS sampled at a 10-minute interval, from

which hourly averages were calculated. The energy available for melt was determined using

a surface energy balance model (van As, 2011), validated using the AWS measurements of

surface temperature and surface height change (van As and others, 2012).

Cloud cover was approximated making use of the strong dependence of downwards long-

wave radiation on atmospheric moisture (van As, 2011). A full cloud cover was assumed

for high downward longwave radiation values at a certain air temperature, clear skies for

low values, with a linear transition for values in between. The elevation of the freezing

level was estimated using lapse rates calculated from M61 and M140 air temperature mea-

surements.

Precipitation records from site M0 and Kangerlussuaq (DMI station 04231, Cappelen and

others, 2012) were corrected for wind and adhesion loss effects, using site-specific correction

factors (Alexandersson, 2003; Bosson and others, 2013). Correction factors of 33 % for snow

and 16 % for rain were applied to the data recorded by the automatic GEONOR gauge

deployed < 1 km from the ice margin at M0, a site that is exposed to the wind. For the
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manual gauge at Kangerlussuaq, a site that is more sheltered from the wind, correction

factors of 12 % for snow and 4.5 % for rain were applied. At both sites the adhesion loss

was set to 0.1 mm per precipitation event, and mass loss due to evaporation was assumed

to be zero.

6.3.5 Calculating the elevation of the snowline

The elevation of the snowline — the maximum elevation that snow remains at the end of

the melt season — was retrieved from end-of-melt-season visible-band Moderate Resolution

Imaging Spectrometer (MODIS) images (Box and others, 2009; Box and Chen, 2012). The

ice-sheet-wide, MODIS-retrieved snowlines, which are calibrated against the K-transect

surface mass balance observations (van de Wal and others, 2012), are available at http:

//bprc.osu.edu/wiki/Greenland_Ice_Sheet_Snowline.

6.3.6 Reanalysis

Data from the National Centers for Environmental Prediction/National Centre for Atmo-

spheric Research (NCEP/NCAR) reanalysis project (Kalnay and others, 1996) was used to

estimate precipitation (Fig. 6.3) and to track weather systems (Fig. 6.6) over Greenland

between 23 August and 3 September 2011.

6.3.7 Proglacial discharge records

Proglacial discharge was gauged at Watson River Bridge in Kangerlussuaq (Fig. 6.4k).

Water stage measured by an automatic pressure transducer mounted in a river channel cut

through solid rock was used to calculate the discharge. Further details are described by

Hasholt and others (2013).

http://bprc.osu.edu/wiki/Greenland_Ice_Sheet_Snowline
http://bprc.osu.edu/wiki/Greenland_Ice_Sheet_Snowline
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Figure 6.3: Total precipitation (mm) between 24 to 30 August from NCEP/NCAR reanal-
ysis data.
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6.4 Results

6.4.1 GPS and TanDEM-X Results

Surface velocities derived from offset tracking with TanDEM-X data show the widespread

acceleration (of up to 220%) of large areas of the ice sheet margin for the period 23 August

to 3 September compared to August background velocities (1 to 23 August; Figs. 6.1

and 6.2). During the event, the average velocity at the GPS sites on Russell Glacier: R2,

R13, R37, R52 and R88 (where the number in the site label refers to the distance from

the glaciers terminus) increased by 91%, 166%, 161%, 98% and 87% above the preceding

velocity (Table 6.2). The acceleration was particularly large at site R13 (Fig. 6.4e) where

the daily average velocity (365 m yr−1) exceeded the sites melt onset peak (337 m yr−1 on

8 June), which typically represents the highest velocity within a given year (Bartholomew

et al., 2012, Bartholomew et al., 2010, Bartholomew et al., 2011a). The velocity response

was muted on Isunngata Sermia where background flow is faster than at Russell Glacier:

velocities at sites I14, I27 and I46 increased by 22%, 58% and 55% (Table 6.2).

The acceleration event in late August 2011 provides a unique opportunity to investigate the

dynamic response of an ice sheet to a spatially uniform, tightly constrained yet previously

unreported forcing mechanism. Simultaneous ice acceleration at all the GPS sites (Fig.

6.4) and across the ice margin (Fig. 6.1) indicates that the melt and rainfall during the

late-August event overwhelmed the basal hydrological system, to at least 88 km inland,

and on at least two outlet glaciers (Fig. 6.1). In contrast to the short-lived and localised

accelerations induced by the rapid in situ drainage of supraglacial lakes (Das and others,

2008; Hoffman and others, 2011; Doyle and others, 2013, Chapter 5), the week-long ac-

celeration in late August was widespread, observable on at least two outlet glaciers, and

extended at least 88 km into the ice sheet’s interior (Fig. 6.4).
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Table 6.2: Position, elevation, ice thickness and velocity statistics for the GPS sites on
Russell Glacier and Isunngata Sermia.

Ice
thickness

( m)

Mean
annual
velocity

( m yr−1)

Preceding
velocity

( m yr−1)

Event
velocity

( m yr−1)

Acceleration
(%)

Russell Glacier GPS sites:
R2 (383 m a.s.l.)
N67◦ 06’, W050◦ 12’

158 100 81 176 91

R13 (732 m a.s.l.)
N67◦ 06’, W049◦ 56’

610 113 95 228 166

R37 (1010 m a.s.l.)
N67◦ 05’, W049◦ 24’

883 73 68 116 161

R52 (1110 m a.s.l.)
N67◦ 00’, W049◦ 09’

923 96 88 144 98

R88 (1520 m a.s.l.)
N67◦ 03’, W048◦ 15’

1223 101 83 121 87

Isunnguata Sermia GPS sites:
I14 (635 m a.s.l.)
N67◦ 11’, W050◦ 02’

491 130 137 162 22

I27 (894 m a.s.l.)
N67◦ 12’, W049◦ 43’

521 100 99 133 58

I46 (1156 m a.s.l.)
N67◦ 12’, W049◦ 17’

830 115 99 147 55

6.4.2 Meteorological analysis

The acceleration can be ascribed to high-magnitude runoff, an unusual combination of

rainfall and melt that resulted from meteorological conditions associated with Baffin Bay

cyclones. The magnitude of precipitation during the event — which represented a fifth

(23.6 mm) of the annual total (115.1 mm) in nearby Kangerlussuaq — is rare for this region

(Cappelen and others, 2001) yet the main contributor to runoff was surface melt.

Although peak midday values of melt during the event (e.g. 3.2 mm w.e. h−1 at M13 on 27

August) were less than peak summer values (e.g. 6 mm w.e. h−1 at M13 on 30 July 2011),
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they were sustained over a large area continuously through the day and night (Fig. 6.8b).

Day-round high melt under cyclonic weather conditions can be explained by the longwave

cloud effect (Ambach, 1974; van den Broeke and others, 2011; Gascon and others, 2013)

and enhanced turbulent heat fluxes (van den Broeke and others, 2011) resulting from

high wind speeds and the advection of warm, moist air (see Section 6.4.2). Extensive

cloud cover (Fig. 6.5a) played a key role in this melt event. Although clouds reduce net

shortwave radiation, under certain conditions this decrease can be more than offset by an

increase in net longwave radiation, as a larger fraction of the outgoing longwave radiation

is absorbed by clouds and re-radiated back to the surface (Ambach, 1974; van den Broeke

and others, 2011; Gascon and others, 2013). This unusually sustained period of continuous

melt totalled 331 mm water equivalent (w.e.) at M13 between 24 August and 1 September;

this represents 10% of the annual melt and a two-fold increase relative to the preceding

week (Fig. 6.4j). Given the lower (15 mm) and upper (24 mm) estimates of precipitation

from observations and reanalysis, melt accounted for 90 to 93 % of the surface runoff at

M13 during the event. The total melt produced during the event was only slightly lower

at M61 (315 mm w.e.) compared to M13 and at this site the event resulted in a higher

proportion (15%) of the annual melt. Melt extended through the entire ablation area

beyond the mean (1990 to 2011) equilibrium line altitude (ELA) of 1553 m a.s.l. At site

M140 (1840 m a.s.l.), 50 mm w.e. of melt (8 % of the annual total) was recorded during

a period (24 to 29 August) of above-freezing air temperatures at this site (Fig. 6.7). A

consequent increase in the M140 surface height record (not presented), coincident with

below-freezing air temperatures (Fig. 6.7) suggests that precipitation was subsequently

deposited as snow at M140. Most precipitation, however, occurred while air temperatures

at M140 were above freezing (24 to 29 August) and the highest daily total precipitation on

27 August (8.4 mm in Kangerlussuaq and 3.9 mm at M0) are coincident with the highest

daily total melt (e.g. 53 mm w.e. at M13), and a transient excursion of the freezing level
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from ∼ 1000 m to 2450 m a.s.l. (Fig. 6.7).

As the ice sheet’s surface gradient decreases with increasing elevation, the surface area

of the catchment that receives precipitation as rain and is exposed to melt increases dis-

proportionately in relation to a rising freezing level. The high freezing level, which when

extrapolated indicates melt and rainfall occurred up to 280 km inland, can be explained by

the advection of warm, moist air over the ice sheet. When a saturated air mass condenses,

it releases latent heat that reduces the rate at which an air mass cools with increasing alti-

tude. Accordingly, the lapse rate during the late-August acceleration was lower (0.48◦ C per

100 m) than the annual mean (0.7◦ C per 100 m), resulting in the 0◦ C isotherm attaining

an elevation of ∼ 2450 m a.s.l. on 27 August 2011 (Fig. 6.7).

Further insight into the abnormal runoff caused by this weather event was gained by

decomposing the surface energy budget (SEB) for the AWS at site M13 (Fig. 6.5). The

shortwave (SRnet) and net longwave (LRnet) radiation, the sensible (SHF) and latent

(LHF) heat fluxes and the ground flux (GF) are defined as positive when they add heat to

the surface.

Although clouds reduce the net shortwave radiation, they increase net longwave radia-

tion as a larger fraction of the outgoing longwave radiation is absorbed by clouds and

re-radiated back to the surface (Ambach, 1974; van den Broeke and others, 2011). Net

longwave radiation typically represents a heat sink in the SEB but under certain atmo-

spheric conditions (e.g. Bennartz and others, 2013; Gascon and others, 2013) LRnet can

be positive resulting in higher net radiation (SRnet + LRnet) than under clear skies. Ac-

cordingly, although net daily total shortwave radiation on 27 August was less than half

(4.9 MJ m−2 day−1) that recorded under clear sky conditions seven days previously on 21

August (10.3 MJ m−2 day−1), net radiation was greater on the 27 August

(5.2 MJ m−2 day−1) compared to 21 August (4.5 MJ m−2 day−1) as a result of a positive
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LRnet (Fig. 6.5c).

The largest energy source during the event was, however, the sensible heat flux which

accounted for more than 50 % of the surface energy budget between 26 to 28 August — a

marked increase on the pre-event values (e.g. 19% on 21 August 2011) under clear skies

(Fig. 6.5c) and with low wind speeds (Fig. 6.5b). The increase in SHF can be attributed

to the high near-surface temperature resulting from the advection of warm air over the ice

sheet. Moisture condensation onto the ice surface due to high specific humidity and wind

speed resulted in a positive latent heat flux (LHF, e.g. 3.0 MJ m−2 day−1, or 18 % of the

SEB on 27 August), as opposed to surface evaporative cooling (e.g. −0.73 MJ m−2 day−1

on 21 August), which is more frequent under the prevalent clear sky conditions.

Both turbulent heat fluxes (SHF and LHF) are enhanced by high wind speeds (e.g. 8 m s−1

on 27 August, Fig. 6.5b), which increase the vertical mixing of air (van den Broeke and

others, 2008b, 2011). Air temperatures at M61 were continuously above-freezing during

the late August event (Fig. 6.4a). At M140, ∼ 50 km inland from the mean 1990–2011

equilibrium line, positive air temperatures suggest precipitation was liquid at least 140 km

inland (Fig. 6.7).

The rain heat flux

The surface energy balance model does not account for the heat delivered by rain, which

the calculation below suggests was minimal. The heat flux of rain QR is given by:

QR = ρwCwR(Tr − Ts) (6.1)

where ρw is the density of water, Cw is the specific heat capacity of water (4.2 kJ kg−1 K−1),
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23 August 2011 24 August 2011 25 August 2011
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1 September 2011 2 September 2011 3 September 2011

Figure 6.6: 1000 hPa geopotential height maps for Greenland from NCEP/NCAR reanal-
ysis data between 23 August and 3 September 2011.
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R is the rainfall rate, and Tr and Ts are the temperatures of rain and the surface respectively

(Hock, 2005). Given a surface temperature of 0◦C, a rain temperature of 6◦C, and the

lower (15 mm) and upper (24 mm) estimates of rainfall during the event, the rain heat flux

contributed an estimated 0.06 to 0.1 MJ m−2 day−1.This is equivalent to an additional 1.1

to 1.8 mm w.e. of melt during the entire event.

At higher elevations the sensible and latent heat released by rainfall cooling and freezing in a

surface snowpack may have played an important role in bringing the sub-freezing snowpack

to the melting point. The energy flux QR supplied by rain freezing in a snowpack is given

by:

QR = ρwCsR(Tr − Tsn) + ρwλwR (6.2)

Where Cs is the specific heat capacity of snow (2090 J Kg−1 K−1), and λw is the latent heat

of fusion (334 kJ Kg−1). The rain temperature of 2◦ C is taken to be the air temperature

at M140 during the rainfall event and the temperature of the snowpack (Tsn) of −15◦ C is

based on the air temperature during the preceding week. Given these estimates, 14 mm of

rain at 2◦ C would bring a 15 cm w.e. snowpack at −15◦ C to the melting point. Hence, the

energy released by rain cooling and freezing is a very effective heating mechanism for sub-

freezing snowpacks and this may have substantially enhanced melt rates at high elevations

during the late August event.

All these energy sources — an abnormally positive net longwave radiation, the sensible

heat flux, the latent heat flux from condensation and the rain heat flux — contributed to

high melt conditions peaking on 27 August (6.4j), coincident with the highest precipitation

(6.4j,k), wind speeds (Fig. 6.5b) and freezing level (Fig. 6.7), and resulting in abnormally

high magnitude runoff for this time of year (Fig. 6.4k).
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For eight days during the August 2011 event, reanalysis data (Kalnay and others, 1996)

indicate that a cyclone (minimum surface pressure of 991 hPa) centred on Baffin Bay off the

west coast of Greenland advected warm, south-westerly airflow over the southern Greenland

Ice Sheet (Fig. 6.6) bringing extensive precipitation, which was especially heavy on the

south-east coast (Fig. 6.3). In summary, cyclonic weather conditions were responsible for

sustained day-round melt and rainfall, at abnormally high elevations, which combined to

produce enhanced surface runoff over large areas of the ice sheet in south Greenland.
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6.5 Discussion

The decadal-high, end-of-season snowline (1693 m a.s.l.) exposed a large expanse of bare

ice (Fig. 6.1): hence runoff during the late August event would have been efficiently
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concentrated into surface channels and moulins, developed by meltwater in the preceding

summer months. Proglacial discharge, nearly double that of the preceding week, and high

total runoff during the late-August event were, however, lower than mid-summer values

when ice velocities were below the annual mean — inferring that runoff volume is not the

sole factor governing acceleration (Fig. 6.4). Efficient subglacial drainage explains low

mid-summer ice velocities at times of high melt input (e.g. Schoof, 2010; Bartholomew and

others, 2011a; Sundal and others, 2011; Colgan and others, 2011, 2012; Bartholomew and

others, 2012) and previous studies (e.g. O’Neel and others, 2001; Fudge and others, 2009)

found that the antecedent conditions of the subglacial hydrological system modulate basal

sliding. It is therefore significant that this event occurred in late August, immediately

following a period of low air temperatures (Fig. 6.4a) and declining meltwater production

(Fig. 6.4j).

6.5.1 Priming of the subglacial drainage system

On 21 August temperatures at the lowest-elevation AWS, M13, dropped below freezing

for the first time since the onset of melt on 1 June, resulting in the lowest daily melt

rates, proglacial discharge and ice velocities since that date (Figs. 6.4, 6.7 and 6.8). The

gradually reducing diurnal variability and simultaneously increasing trend in the borehole

water pressure during the preceding period (Fig. 6.8) provides evidence of a pre-event

transition of the basal hydrological system to a less efficient winter-type mode (Schoof,

2010).

Near the ice margin, where thin ice results in low closure rates it is conceivable that efficient

subglacial drainage endures transient summer-time cold periods and effectively offsets the

melt-induced acceleration (Sundal and others, 2011; Sole and others, 2013), as occurs on

alpine glaciers (e.g. Anderson and others, 2004). Theoretically (Nye, 1953; Röthlisberger,
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timing of the late-August acceleration is shaded in grey.

1972; Schoof, 2010; Chandler and others, 2013), the time (t) to close an unpressurised

subglacial channel to one tenth of its original radius is given by Equation 6.3:

t =
ln(R/R0)

−2An−nρigH)n
(6.3)

whereR andR0 are the channels initial and final radius, ρi is the density of ice (910 kg m−3),

A and n are the rate factor and exponent in Glen’s flow law respectively, g is acceleration

due to gravity, and H is the ice thickness. Values of A = 5.3 × 1024 Pa−3 s−1 and n = 3

were used. Ice thickness was interpolated from NASA IceBridge ice penetrating radar data

(Shi and others, 2010) and skidoo-based ice-penetrating radar measurements (Pettersson

and others, 2011; Lindback and others, 2014). Using Equation 6.3, the time to reduce a

subglacial channel to one tenth of its original radius is estimated to increase from 1 hour
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under 1660-m-thick ice to 3 days under 400-m-thick ice (Fig. 6.9). Hence, at higher ele-

vations, which are beyond the reach of remote-sensing measurements of ice velocity (e.g.

Sundal and others, 2011), kilometre-thick ice (Table 6.2) results in high creep-closure rates

(Fig. 6.9) forcing the ice sheet’s basal hydrological system to rapidly shut down when

water inputs are low (Bartholomaus and others, 2008; Schoof, 2010; Chandler and others,

2013).
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Figure 6.9: The time to reduce an unpressurised subglacial conduit to one tenth of its
original size for ice thicknesses between 0 and 1600 m. The ice thickness at each of the
GPS sites, which was determined from ice penetrating radar measurements, is plotted for
reference.

The broad, dampened peak in proglacial discharge (Fig. 6.4k) supports the hypothesised

closure of subglacial conduits prior to the event, as water transit times are high when

subglacial drainage is under-developed (Chandler and others, 2013). It is hypothesised

that low air temperatures (Fig. 6.4a) and melt rates (Figs. 6.4g and 6.8b) in the preceding

period primed the ice sheet for a high-magnitude velocity response to the ensuing increase
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in runoff in late August.

The sudden increase in subglacial water pressure to levels exceeding the ice overburden

pressure suggests the ice sheet was hydraulically decoupled from its bed during the ac-

celeration (Fig. 6.8a). This is confirmed by decimetre-scale surface uplift (Iken, 1981;

Sugiyama and Gudmundsson, 2004; Bartholomaus and others, 2008, Fig. 6.8a). Uplift at

site R13, for example, began at 18:00 UTC on 24 August and by 21:40 UTC on 28 August

had reached 0.33 m above the surface height recorded on 21 August (Fig. 6.8a). Con-

sistent with the theory of cavity opening (Iken, 1981; Kamb and others, 1985; Sugiyama

and Gudmundsson, 2004), peak acceleration was coincident with the highest rates of water

pressure and uplift—not their maxima. Uplift was sustained at R13 for ∼22 hours before

the site subsided, returning to its pre-event height by 12:30 UTC on 3 September (Fig.

6.8a). The sudden drop in water pressure and ice velocity on 31 August, together with the

observation of ice velocities that were lower than those observed prior to the acceleration

event are consistent with the theory that the rapid decline in surface melt following the

event delivered a dramatically-reduced water flux (Fig. 6.4j) to a drainage system with

transient over-capacity (O’Neel and others, 2001; Schoof, 2010).

6.5.2 Previous similar events and their frequency

The late summer 2011 event was driven by a low-pressure system with its centre located

in Baffin Bay to the west of Greenland (Fig. 6.6). Such Baffin Bay cyclones are the second

most frequent synoptic pattern that bring precipitation to Greenland (Schuenemann and

Cassano, 2009). Baffin Bay cyclones often bifurcate over the southern Greenland Ice Sheet

forming an Icelandic Low by lee-cyclogenesis on the southeast coast, while the parent

cyclone tracks north delivering precipitation to the west coast of Greenland (Chen and

others, 1997; Schuenemann and Cassano, 2009). They advect warm moist air onshore from
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the open North Atlantic, which is lifted orographically over the ice sheet to an elevation of

2800 m a.s.l. in less than 200 km. As the air rises, it cools adiabatically becoming saturated

and releasing precipitation. Baffin Bay cyclones occur more frequently during the summer

(6.35 % of days) than during winter (2.90 % of days; Schuenemann and Cassano, 2009)

and atmospheric models (Schuenemann and Cassano, 2010) predict that they will increase

in annual frequency from 3 % of days in 1961-99 to 4 % of days in 2081–2100 — equivalent

to an extra ∼4 days per year.

 5 August 1995  6 August 1995  7 August 1995

 8 August 1995  9 August 1995  10 August 1995

11 August 1995 12 August 1995 13 August 1995

14 August 1995 15 August 1995 16 August 1995

Figure 6.10: 1000 hPa geopotential height maps for Greenland from NCEP/NCAR reanal-
ysis data between 5 and 16 August 1995.
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Other synoptic patterns that bring precipitation to widespread areas of south Greenland in-

clude the Labrador Sea cyclone and the Southern Tip cyclone (Schuenemann and Cassano,

2009). In early August 1995 a cyclone tracked over the southern tip of Greenland (Fig.

6.10) bringing heavy precipitation (Fig. 6.11) and driving a widespread acceleration, which

was captured using interferometric synthetic aperture radar (InSAR) on European Remote

Sensing (ERS) satellite images (Palmer and others, 2011, Figs. 1.9 and 6.12).
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Figure 6.11: Kangerlussuaq daily total precipitation in early August 1995. The timing of
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The acceleration (of up to 360%) extended at least 100 km inland (Figs. 1.9 and 6.12). This

event in August 1995 was originally interpreted as characteristic of late summer shortwave-

radiation-driven melting (Palmer and others, 2011) but further analyses (Figs. 6.10 and

6.11) reveal it was driven by similar cyclonic weather conditions to the August 2011 event.

Between 3 August and 14 August 1995, 49.8 mm of rain was recorded in Kangerlussuaq,

with 10.9 mm on the 10 August (Fig. 6.11).
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Figure 6.12: Velocity map of Russell Glacier catchment showing (a) the velocity during
winter (20 October 1995 to 3 February 1996) and (b) during late summer 1995 (11-12
August 1995), adapted from Ref. 30. The late summer velocity map captures a substantial
rainfall/melt event driven by cyclonic weather conditions.

The widespread nature of the acceleration suggests that the driving mechanism — ice sheet

melt and rainfall — affected a broad region of the ice sheet. The incursion of warm, moist

air was responsible for the high melt conditions and rainfall at abnormally high elevations

of the ice sheet that ultimately drove the widespread and prominent acceleration events in

both August 1995 and August 2011. The acceleration event observed in late August 2011

is therefore not an isolated event.

6.5.3 Long term trends in rainfall seasonality

Long-term trends in the Kangerlussuaq precipitation record (Cappelen and others, 2013)

were examined to investigate changes in the seasonal distribution of rainfall between 1977

and 2012. The phase of precipitation was determined as liquid if the mean temperature

over the corresponding 12-hour period was greater than or equal to 2◦ C, allowing daily

total rainfall to be calculated.

Following standard statistical measures applied by previous studies (Walsh and Lawler,
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1981; Pryor and Schoof, 2008) the seasonality index (SI) and the day of year on which the

10 th (P10), 25 th (P25), 50 th (P50), 75 th (P75) and 90 th (P90) percentiles of the annual

total rainfall were achieved were calculated. The dispersion in the seasonal distribution of

rainfall was assessed by calculating the interquartile (IQR = P75 − P25) and interdecile

(IDR = P90− P10) range.

The seasonality index (SI):

SI =
1

R

12∑
n=1

∣∣∣∣X̄ − R

12

∣∣∣∣ (6.4)

where R is the total annual rainfall and X̄ is the total monthly rainfall in month n, is

a standard measure of rainfall seasonality (Walsh and Lawler, 1981). SI theoretically

ranges from 0, if all the months have equal rainfall to 1.83, if all the rainfall falls in one

month. SI values of 1 to 1.19 indicate that the majority of rainfall occurs in 3 months

or less with SI > 1.2 indicating the majority of rainfall falls in 2 months or less. The

results indicate an increasing trend in the annual total precipitation, rainfall and snowfall

in Kangerlussuaq superimposed on large inter-annual variability (Fig. 6.13). The linear
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trend in annual precipitation (r2 = 0.27) and rainfall (r2 = 0.29) is significant at the 90 %

level. Coincident with this increase is a decline in the rainfall seasonality index from 1.32

in 1980-89 to 1.30 in 1990-99 to 1.21 in 2000-09, indicating that the seasonal distribution

of rainfall has become more dispersed (Fig. 6.14d).
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Figure 6.14: Trends in the seasonal distribution of rainfall in Kangerlussuaq (a) fortnightly
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coloured circles show the decadal means and the red line shows the linear trend.

The number of days of rain (> 1 mm) per year also shows an increasing trend (r2 =

0.27, p = 0.10) of approximately 3 days per decade (Fig. 6.14c). The greatest number of
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rain days occurred during the anomalously high melt year of 2012 (e.g. Nghiem and others,

2012) with 53 days of > 1 mm of rain, which is 2.4 standard deviations above the mean

and 0.93 standard deviations above the next highest year. Examining the percentile day

of year statistics (Fig. 6.14b) provides insight into the detail of the dispersion: rainfall has

become earlier and later in the season between 1980 and 2012 with the IDR increasing by

an average of 6.5 days per decade. The pace of the 10 th percentile day of year becoming

earlier (3.4 days per decade) was surpassed by the rate of the 90 th percentile day of year

becoming later (4.9 days per decade) and the dispersion is therefore asymmetric with rain

falling disproportionally later in the season. This observation is consistent with results

from a three-model ensemble that predicts the greatest increase in Greenland precipitation

during the next century will occur in autumn (Schuenemann and Cassano, 2010).

The timing of heavy rainfall events was investigated by calculating the fortnightly totals

of rainfall for the entire Kangerlussuaq precipitation record. To normalise the influence

of exceptional events between years, the fortnightly precipitation sums were divided by

their respective annual total (Fig. 6.14a). Heavy rainfall events, identified as orange-to-

red blocks on Figure 6.14a, tend to occur more frequently in late summer and autumn,

coinciding with the period of highest rainfall (Cappelen and others, 2001), peak longwave

radiation, densest cloud cover (van den Broeke and others, 2008a) and peak cyclonic ac-

tivity (Serreze and others, 1993) in this region.

Recent studies suggest that precipitation over Greenland will change in three ways: (1)

changes in the frequency of synoptic patterns that bring precipitation, (2) changes in the

precipitation that occurs when a certain synoptic pattern occurs, and (3) changes in the

phase of precipitation i.e. the ratio of rainfall to snowfall. These are expanded below:

1. Schuenemann and Cassano (2010) found that 83% of the predicted increase in pre-

cipitation from 35.8 to 45.0 cm yr−1 over Greenland by the end of the twenty-first
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century can be attributed to a rise in precipitable water in the atmosphere as a result

of higher air and ocean temperatures and reduced sea ice cover. Climate warming

is expected to enhance ocean evaporation and the moisture carrying capacity of the

air, resulting in an increase in precipitable water and higher precipitation over the

ice sheet (e.g. Fettweis and others, 2011).

2. Schuenemann and Cassano (2010) also predict that the frequency of Baffin Bay cy-

clones over Greenland will increase from 3% of days in 1961-99 to 4% of days in

2081-2100. The frequency of other cyclonic weather systems that bring precipitation

to Greenland is also expected to increase with a northward shift in North Atlantic

storm tracks.

3. The rainfall fraction is expected to increase under a warmer climate as warmer air

temperatures cause more precipitation to fall as rain (e.g. Ettema and others, 2009;

Box and others, 2012; Franco and others, 2013).

Climate model projections provide further evidence for a future increase in rainfall in

Greenland. Results from 50 years of RACMO-GR modelling indicate that the contribution

of rainfall to the surface mass balance of the Greenland Ice Sheet increased by ∼ 200 Gt

between 2000 and 2009 (see Fig. 3c of van den Broeke and others, 2009). Furthermore, a

recent modelling study suggests the rainfall fraction will continue to increase over the next

century (see Fig. S2d of Franco and others, 2013). According to Ettema and others (2009),

the rain fraction over the entire Greenland Ice Sheet increased from 6.2% between 1990 and

2008 to 8.5% during the anomalously warm year of 2007. These assertions are supported by

further modelling results, which indicate that the ratio of rain to snow increased between

2000 and 2011 (Box and others, 2012).

The changes in precipitation are not homogenous. Annual snowfall is expected to increase
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in the interior of the ice sheet, while a substantial proportion of snowfall in south Greenland

is expected to turn to heavy rainfall (see Fig. S6b of Franco and others, 2013). This

supports the assertion of Schuenemann and Cassano (2010) that the greatest changes in

precipitation are expected in southwest Greenland.

6.6 Conclusions

This chapter has analysed records of ice motion, meteorology and hydrology during a tran-

sient acceleration event driven by high melt and rainfall in late August 2011 to gain insights

into basal hydrological forcing on Greenland ice sheet motion. Simultaneous borehole wa-

ter pressure and high-frequency ice motion data confirm that the rapid transition to an

inefficient winter-type drainage mode, under ice that is several hundreds of metres thick,

acts to re-prime the ice sheet for a high-magnitude velocity response to subsequent water

inputs.

The acceleration was widespread — extending to at least 88 km in to the ice sheet’s

interior — and sustained — persisting through the day and night for six days. The analysis

conducted during this investigation reveals that a previous acceleration event detected by

Palmer and others (2011) in August 1995 was caused by similar meteorological conditions.

Using the August 2011 event as a natural experiment this chapter has revealed that the

ice sheet is sensitive to atypical meteorological conditions associated with cyclonic weather

systems.

The advection of warm, moist air masses and rainfall over Greenland is predicted to in-

crease in frequency and magnitude during the next century, in response to a warmer and

cloudier regional climate and a northward shift in North Atlantic storm tracks (Schuen-

emann and Cassano, 2010; Fettweis and others, 2011; Franco and others, 2013). Hence,
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such melt, rainfall and acceleration events are anticipated to become more common in the

future.

Consequently, models that neglect the influence of cyclonic weather conditions will under-

estimate melt and ice velocities as the predicted increase in cyclonic activity over Greenland

(Schuenemann and Cassano, 2010) may result in widespread off-season melt, rainfall and

flow acceleration across the ice sheet. Such events may play an increasingly important

— and hitherto undocumented — role in the future of the Greenland Ice Sheet and its

contribution to sea level rise under a changing climate.
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7.1 Summary

This chapter presents surface velocity measurements from a high-elevation site (S10) lo-

cated 140 km from the western margin of the Greenland Ice Sheet, and ∼ 50 km into its

accumulation area. Annual velocity increased each year from 51.78 ± 0.01 m yr−1 in 2009

to 52.92± 0.01 m yr−1 in 2012 — a net increase of 2.2 %. These data also reveal a strong

seasonal velocity cycle of up to 8.1 % above the winter mean, driven by seasonal melt and

supraglacial lake drainage. Sole and others (2013) recently argued that ice motion in the

ablation area is mediated by reduced winter flow following the development of efficient

subglacial drainage during warmer, faster, summers. The velocity data from S10 presented

in this chapter extend this analysis and reveal a year-on-year increase in annual velocity

above the ELA, where despite surface melt increasing, it is still sufficiently low to hinder

the development of efficient drainage under thick ice.

7.2 Introduction

Our knowledge of the dynamics of the Greenland Ice Sheet (GrIS) has improved markedly

over the last decade. The recent observation that reduced winter velocities offset faster

summer velocities in warmer years (Sole and others, 2013), consolidated the seemingly con-

tradictory findings that the magnitude of the summer acceleration correlates with surface

melt intensity (Zwally and others, 2002), yet the long-term trend is of a slight decline in

annually-averaged flow despite an increasingly negative surface mass-balance (van de Wal

and others, 2008). Sole and others (2013) argued that this regulating reduction in winter
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motion is caused by the evolution of a larger, more extensive subglacial drainage system in

warmer summers, which drains regions of high basal water pressure and increases subse-

quent ice-bed coupling and traction. Although this process may hold for marginal areas of

the ice sheet that experience intense summer surface melt and extensive delivery of melt-

water to the basal interface (where the data supporting the hypothesis of Sole and others

were collected), it may be less effective at higher elevations, where melt rates are lower and

ice thicknesses greater. Hence, it is hypothesised that there exists an inland zone, most

likely within and around the wet-snow zone, that is characterised by enough surface melt to

induce a seasonal acceleration but which is insufficient to develop the effective subglacial

drainage required to regulate this acceleration through subsequent reduced winter flow.

Although it has been speculated that the inland expansion of melt and supraglacial lakes

(SGLs) will influence ice motion in this difficult to access zone (e.g. Liang and others, 2012;

Howat and others, 2013), to date, velocity data have not been available to test this hy-

pothesis. This chapter tests this hypothesis and by doing so specifically addresses concerns

raised in the fourth assessment report of the IPCC:

‘Much uncertainty remains, especially related to ... whether access of melt water

to the bed through more than 1 km of cold ice would migrate inland if warming

caused surface melting to migrate inland (Alley and others, 2005b). This could

thaw ice that is frozen to the bed, allowing faster flow through enhanced basal

sliding or sub-glacial sediment deformation. Data are not available to assess

whether effects of increased surface melting in Greenland have been transmitted

to the bed and contributed to ice flow acceleration.’ (Lemke and others, 2007,

p. 368)

Field-based Global Positioning System (GPS) measurements are currently the only method

capable of determining long-term changes in flow within the ice sheet’s interior; remote-
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sensing techniques fail due to a lack of coherence for interior, snow-covered regions of the

ice sheet (e.g. Joughin and others, 2010).

Figure 7.1: Photo of the GPS installation at S10. In the background is the KAN U weather
station (left) and stake assembly (right). 4 May 2012.

This chapter presents a five-year (September 2008 – September 2013) time-series of ice

surface velocity measurements recorded by a dual-frequency GPS receiver located within

the accumulation area. The aims of this analysis are (i) to report and evaluate the nature

of the site’s velocity record, particularly in relation to seasonality and inter-annual change,

and (ii) to evaluate the transferability of the self-regulation model of Sole and others (2013)

to higher elevations within the ice sheet’s interior.



7.3. DATA AND METHODS 155

ELA

0
-25

100

50

150

200

25

75

125

175

Distance from Russell Glacier terminus (km)
1

2

E
le

v
a

ti
o

n
 (

k
m

)

1

2 km

0

0

Cold bed

S10
Site 7

1000

1250

1750

2000

2250

750
Transition zone

Temperate bed

Greenland

Figure 7.2: Cross-section of Russell Glacier catchment showing the locations of the GPS
sites, including S10 of this study and Site 7 of Sole and others (2013). The surface elevation
is from Howat and others (2014), the bed topography is from Bamber and others (2013),
and the basal thermal regime is conceptual. The maximum SGL and stream extent between
2002 and 2012, adapted from Fitzpatrick and others (2014), and the mean 1990 to 2011
ELA of 1553 m a.s.l. as estimated by van de Wal and others (2012) are also shown. The
black box on the inset map shows the location of the study area in Greenland.

7.3 Data and methods

Rigorous processing was applied to dual-frequency GPS data sampled at a 10 second in-

terval from September 2008 onwards by a receiver deployed at the highest site (S10) on

the land-terminating K-transect in West Greenland (Figs. 7.1 and 7.2). S10 (N67.00◦,

W47.02◦) is co-located with an automated weather station (AWS) at 1840 m a.s.l., 140 km

from the ice margin and more than 50 km inland from the 21-year-mean mass-balance equi-

librium line altitude (ELA) of 1553 m a.s.l., as estimated by van de Wal and others (2012).

A Trimble Zephyr Geodetic antenna was installed on a 4.5-m-long, 48-mm-diameter steel

pipe, consisting of three 1.5-m-long sections drilled 3.5 m into the ice surface. The pole

subsequently froze in and due to the slightly positive surface mass balance (SMB) at this

site in the accumulation area (mean SMB between 1994 and 2010 of + 0.27 m w.e., van de
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Wal and others, 2012), it has not been necessary to relocate the antenna horizontally since

it was installed. In 2010, the antenna was raised to keep it above the snow surface by

replacing the upper 1.5-m-long pole with a 2-m-long pole. A dual-frequency Trimble R7

GPS receiver logged data continuously at a 10-second-interval whenever sufficient power

was available. Power was provided by a 100 Ah battery bank, charged by a 48 W solar panel

and a Forgen wind generator. Despite this, periods of power outage reduced the continuity

of the GPS measurements especially prior to April 2011 when the GPS installation was

serviced. Although these outages do not degrade the long-term velocity records (Fig. 7.4)

they restrict analysis of transient velocity variations to the period May 2011 to September

2013 (Fig. 7.3a).

7.3.1 Calculation of velocity

Mean ice flow at S10 is ∼ 52 m yr−1 (equivalent to 14 cm day−1) and previous studies

(Bartholomew and others, 2011a; Sole and others, 2013) suggest a small, if not unde-

tectable, seasonal velocity variation should exist at this site. An L1 GPS receiver deployed

at S10 in 1996 shows no significant variation in velocity (van de Wal and others, 2008),

although a small seasonal variation may be undetectable given the estimated uncertainty of

this positioning technique of ±1.6 m (Den Ouden and others, 2010). Approximately 50 km

down-glacier of S10, Sole and others (2013) report a 0.2 % (2009) to 7.2 % (2010) increase

above the mean winter velocity from a dual-frequency GPS receiver located at their Site 7

(1715 m a.s.l.), which moved at ∼ 63 m yr−1 between 2009 and 2011. The lowest recorded

seasonal increase in velocity at Site 7 of 0.2 % in 2009 is equivalent to an increase in an-

nual displacement of just 0.13 m, which is less than the sites average daily displacement of

0.17 m. Further up-glacier, the seasonal velocity variation is expected to be lower.

In response, a rigorous processing strategy was applied to the dataset and the uncertainties
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were carefully examined. Dual-frequency GPS data were processed at a 30 second interval

kinematically (King, 2004) relative to bedrock-mounted reference stations using the differ-

ential carrier-phase positioning software, Track v. 1.27 (Chen and others, 1997; Herring

and others, 2010), and precise ephemeris from the International GNSS Service (Dow and

others, 2011). Reference stations were located on bedrock, 1 km from the terminus of Rus-

sell Glacier (BASE) and at Kellyville (KELY), giving baseline lengths of 141 and 171 km

respectively. Wherever possible, the baseline length was minimised by using data from the

BASE receiver. Problems inherent to relative GPS processing over long baselines include

differential ionospheric-delay of the GPS signal received at each site and the problem that

receivers separated by long distances may not co-observe the same satellites, which reduces

the number of double differences that can be calculated (King, 2004; Leick, 2004). To

address these issues daily maps of the ionosphere were input into Track software, using the

IONEX format (Schaer and others, 1998), and applied strict quality control to the output

position time series. Solutions were discarded unless carrier-phase ambiguities were fixed

to the correct integer and unless a sufficient number (> 4) of double-difference calculations

were made.

To detect small variations in velocity at this relatively-slowly moving site it was necessary

to calculate the average velocity over longer time intervals than the daily or sub-daily

intervals typically used in studies of faster, lower-elevation ice (e.g. Shepherd and others,

2009; Bartholomew and others, 2010). Assuming the velocity (v) was linear between two

epochs (t1 and t2) the magnitude of velocity was calculated as the Euclidian displacement

normalised for time (Eq. 7.1).

v =

√
(X2 −X1)2 + (Y2 − Y1)2

t2 − t1
(7.1)
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A conservative estimate of the uncertainty in the positions estimated by Track software of

±1 cm was assumed and this uncertainty is propagated through the velocity calculation (see

Subsection 3.2.3). This positioning uncertainty can be conservative as the standard devia-

tion in the horizontal positioning of the static Kellyville reference station, using 4 months

of 30-second interval data and the same kinematic processing technique, was 5 mm in the

northing and 6 mm in the easting (see Fig. 3.6). Furthermore, rather than differencing

single epoch positions to obtain velocity, which could adversely incorporate any remaining

anomalies, the position was averaged over a 6-hour period before differencing.

Long-term trends in velocity are reported using summer (1 May to 10 September), winter

(10 September to 1 May) and annual (1 May to 1 May) periods (see Table 7.1). The 10

September was selected as representative of the end of summer on the basis that all melt at

the mid-elevation (1280 m a.s.l.) KAN M automated weather station (AWS) (see Fig. 3.1,

van As and others, 2012) had ceased by this date, and S10 GPS data were available on this

day in all years. Similarly, the 1 May was selected as melt onset at KAN M commenced

after this date in all years. As data were not available on exactly 1 May in all years

it was necessary to use the next closest days in 2010 (27 April) and 2011 (6 May). By

experimenting with other available data in 2009 and 2012 (i.e. from neighbouring days) it

was found that the mean velocity calculations were relatively insensitive to small changes

(4 to 5 days) in the interval, suggesting that the lack of a precisely consistent interval

is unlikely to have significantly affected the results. The uncertainty in velocity reduces

for longer time intervals and for annual, winter and summer velocities the uncertainty is

estimated at 0.01, 0.02 and 0.04 m yr−1 respectively; these uncertainties are inline with

previous studies (e.g. Bartholomew and others, 2011a; Sole and others, 2013).

The uncertainty of daily averaged velocities is typically ±5 m yr−1 (Shepherd and others,

2009; Sole and others, 2013) and it was found that this was too large to detect the seasonal
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velocity variation at S10. A 15-day interval was selected following experimentation with

intervals ranging from 1 to 30 days as it proved optimal with regard to both the temporal

resolution and the estimated uncertainty. The 15-day interval was applied wherever the

dataset allowed but longer gaps were necessary to complete the time series, especially during

winter when the receiver powered down. These longer intervals are shown on Figure 7.3 as

dashed lines. Over a 15-day interval the receiver is expected to move by 2.1 m on average

and it was found that the seasonal velocity signal was significantly above the uncertainty

of ±0.3 m yr−1 (Fig. 7.3).

7.3.2 Supporting datasets

These data, from five contrasting melt seasons (2009 to 2013), and encompassing high sea-

sonal and inter-annual variability in melt conditions, are compared to a range of contem-

poraneous datasets from Russell Glacier catchment. Supraglacial lake statistics, including

the elevation of the highest lake, and the areal extent of lakes above 1400 m a.s.l., were

calculated following Fitzpatrick and others (2014). Annual total proglacial discharge was

gauged following the method of Hasholt and others (2013) at Watson Bridge near Kanger-

lussuaq. Positive degree days (PDDs; e.g. Braithwaite, 1993; Hock, 2003) were calculated

from hourly temperature data from the KAN U AWS, which is co-located with the S10

GPS receiver at 1840 m a.s.l. (Fig. 7.1, van As and others, 2012).

7.4 Results

The mean rate of ice motion at S10 between September 2008 and September 2013 was

52.26± 0.01 m yr−1 to the west (274.5◦). Over this period, ice flow was consistently faster

during the summer than the winter, and the timing and amplitude of the seasonal velocity



160 CHAPTER 7. RESULTS IV: ACCELERATION IN GREENLAND’S INTERIOR

V
e
lo

c
it
y
 (

m
 y

r−
1
)

Mean winter 

velocity =

 51.89 ± 0.02

 PDD 

= 42°C

"  PDD 

= 15°C

" PDD 

= 53°C

"

56.1 ± 0.2

54.3 ± 0.3

54.6 ± 0.3

53.2 ± 0.06

51.8 ± 0.05

52

53

54

55

56

−1

0

1

2

3

4

5

6

7

8

9

  
%

 i
n
c
re

a
s
e
 a

b
o
v
e

 m
e
a
n
 w

in
te

r 
v
e
lo

c
it
y

 PDD 

= 22°C

" PDD 

= 22°C

"

0

1

2

3

P
D

D
  
(°

C
)

(a)

(b)

0

20

40

C
u
m

. 
P

D
D

 (
°C

) 

O N D J F M A M J J A SO

2011
O N D J F M A M J J A SO N D J F M A M J J A SO N D J F M A M J J A SO N D J F M A M J J A SS

2010 20122009

Summer Summer SummerWinter WinterWinter Summer SummerWinter Winter

2013

Figure 7.3: (a) Velocity at S10 between September 2008 and October 2013. Dashed lines
indicate averaging periods longer than 15 days, which may reduce the apparent amplitude
of velocity variations, particularly during summer 2009 and summer 2010. The horizontal
grey line represents the mean winter velocity, averaged over all five winters, of 51.89 m yr−1,
(b) positive degree-days (PDD) at S10 in red, with the cumulative PDD in black. The
orange shading highlights the melt seasons at S10. The vertical dashed black lines and
arrows delineate the summer (1 May to 10 September), winter (10 September to 1 May)
and annual (1 May to 1 May) averaging periods used in this study.

cycle correlates with the duration and intensity of the melt season (Fig 7.3). In 2011 and

2012, an initial acceleration in May of ∼1 % above the mean winter velocity (51.89 m yr−1),

was followed by larger (5.2 % in 2011 and 8.1 % in 2012), and longer, mid-summer velocity

increases between June and September (Fig. 7.3a). In the cooler 2013 summer, this

seasonal pattern was still apparent but was retarded with an initial small acceleration of

1.3 to 1.7 % above the winter mean persisting for longer into July before flow increased

to 4.6 % above winter values in early August (Fig. 7.3a). Maximum velocity occurred in

early August and in years with available data velocities returned to mean winter values, or

below, by the end of September (Fig. 7.3a). These patterns are consistent with previous

observations from Greenland (Zwally and others, 2002; Joughin and others, 2008, 2010;
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Fitzpatrick and others, 2013), which reveal that ice flow gradually increases over winter

from an all year minimum in autumn. Within error, no short-term variation in surface

elevation was detected, which lowered commensurate with down-slope ice motion at a

mean rate of 1.08± 0.06 m yr−1 (Fig. 7.6).

The velocity record from S10 (Figs. 7.3a and 7.4a) supports observations of faster summer

flow during warmer years (e.g. Zwally and others, 2002; Sole and others, 2013). Mean

summer velocity increased during successively warmer years, from 51.82 ± 0.04 m yr−1 in

2009 to 52.65±0.04 m yr−1 in 2010 and 52.94±0.04 m yr−1 in 2011, and was notably higher

(53.96±0.04 m yr−1) during the record melt year of 2012 (Fig. 7.4a). In contrast to previous

studies (e.g. van de Wal and others, 2008), there is also evidence for a long-term increase

in ice velocity at S10. Summer of 2013 was still the second fastest (53.18±0.04 m yr−1 ) on

record despite cool conditions, and the previous winter velocity of 52.33± 0.02 m yr−1 was

substantially above average even exceeding the 2009 mean summer velocity by 0.5 m yr−1.

Excluding winter 2010/11, year-on-year winter flow accelerated by ∼ 0.05 ± 0.03 m yr−2

between 2009 and 2012 (Fig. 7.4a; Table 7.1). These cumulative trends in summer and

winter flow yield a long-term increase in mean annual surface velocity at S10 (Fig. 7.4a;

Table 7.1).

7.5 Discussion

Drawing on existing glacio-hydrological theory Sole and others (2013) posited that en-

hanced ice motion across the ablation area during warmer summers is offset by reduced

winter velocities caused by the drainage of areas of high basal water pressure by larger

and more extensive subglacial channels. Our observations at S10 of higher winter veloc-

ities following warmer, faster summers and the ensuing year-on-year increase in net flow
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Table 7.1: Mean winter, annual and summer velocities at S10
Year t1 t2 Velocity (m yr−1)

Winter velocities:
2009 7 Sep 2008 1 May 2009 51.73± 0.02
2010 10 Sep 2009 27 Apr 2010 51.78± 0.02
2011 10 Sep 2010 6 May 2011 51.72± 0.02
2012 10 Sep 2011 1 May 2012 51.90± 0.02
2013 10 Sep 2012 1 May 2013 52.33± 0.02

Annual velocities from spring to spring:
2009 1 May 2009 27 Apr 2010 51.78± 0.01
2010 27 Apr 2010 6 May 2011 52.07± 0.01
2011 6 May 2011 1 May 2012 52.27± 0.01
2012 1 May 2012 1 May 2013 52.92± 0.01

Summer velocities:
2009 1 May 2009 10 Sep 2009 51.82± 0.04
2010 27 Apr 2010 10 Sep 2010 52.66± 0.04
2011 6 May 2011 10 Sep 2011 52.94± 0.04
2012 1 May 2012 10 Sep 2012 53.96± 0.04
2013 1 May 2013 10 Sep 2013 53.18± 0.04

Annual velocities from autumn to autumn:
2009 7 Sep 2008 10 Sep 2009 51.77± 0.01
2010 10 Sep 2009 10 Sep 2010 52.11± 0.01
2011 10 Sep 2010 10 Sep 2011 52.15± 0.01
2012 10 Sep 2011 10 Sep 2012 52.65± 0.01
2013 10 Sep 2012 10 Sep 2013 52.64± 0.01

(Fig. 7.4), contrasts with these findings of Sole and others (2013), which are based on the

analysis of GPS data from sites within the ablation area . The year-on-year annual flow

increase measured at S10 (1840 m a.sl.) is, however, consistent with their uppermost GPS

site (Site 7; 1715 m a.s.l.), which is also located above the ELA (Fig. 7.5). Between 2009

and 2012, the mean annual (May to May) increase in velocity at S10 of 0.7 % per year is

directly comparable to the 0.9 % increase per year between 2009 and 2011 at Site 7 of Sole

and others (2013). The seasonal variations in velocity — the percentage summer increase

above the subsequent winter mean — are also similar, with the 0.1 % (2009), 1.8 % (2010),
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2.0 % (2011) and 3.0 % (2012) measured at S10 comparable to, though expectedly lower,

than the 0.2 % (2009), 7.2 % (2010) and 6.9 % (2011) seasonal accelerations measured at

Site 7.
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Figure 7.4: (a) Mean winter, annual and summer velocities at S10 between 2009 and 2013,
(b) the PDD sum at S10, (c) the total annual proglacial discharge at Watson River Bridge,
and (d) the areal extent of high-elevation SGLs (those above 1400 m a.s.l.) in our study
area. The data contributing to subplot (a) are listed in Table 7.1. Correlation coefficients
between these variables are listed in Table 7.2.

It is hypothesied that although the observations of net flow acceleration at S10 and Site

7 conflict with the main conclusions of Sole and others (2013), they remain compatible

with generalised glacio-hydrological theory (e.g. Röthlisberger and Lang, 1987; Hubbard

and Nienow, 1997; Iken and Truffer, 1997; Fountain and Walder, 1998; Schoof, 2010) by

considering the reduced likelihood of developing an effective subglacial drainage system in

the ice sheet’s interior. Such development will be hindered by at least two factors. First,

lower rates of surface meltwater production and runoff over a shorter melt season at higher

elevations results in substantially lower volumes of melt being delivered to the ice sheet’s
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basal drainage system (van As and others, 2012), thereby reducing the capacity of that

system to develop an efficient network (Pimental and Flowers, 2010; Schoof, 2010). Second,

across and above the ELA, and away from the relatively thin ablation area, ice thickness

exceeds 1200 m (Fig. 7.2; Bamber and others, 2013; Lindback and others, 2014). At S10,

radio echo sounding indicates an ice thickness of 1590±17 m. Under these conditions high

overburden pressures at the bed would theoretically force rapid (∼1 hour at S10) creep

closure of any subglacial channel or cavity not completely pressurised to overburden (e.g.

Nye, 1953; Hooke and others, 1990; Chandler and others, 2013). This compares with several

days for creep-closure of ice of a few hundred meters thickness at the margin (Nye, 1953;

Chandler and others, 2013). Both of these inferences are supported by recent observations.

Repeat tracing experiments suggest that (i) an efficient, channelised subglacial drainage

system does develop during the melt season up to at least 41 km from the ice margin,

(ii) that this system is pressurised more than 7 km from the margin, and (iii) that an

inefficient, distributed drainage system is likely to dominate further inland (Chandler and

others, 2013). Furthermore, at two sites, 17 and 34 km from the ice margin, Meierbachtol

and others (2013) observed continuously high borehole water-pressures, which, although

spatially limited, are inconsistent with drainage through an extensive network of low-

pressure channels. Given these theoretical inferences and limited observations from up to

50 km from the ice margin it is plausible that the mechanism of self-regulation invoked by

Sole and others (2013) across the ablation area may not be prevalent at higher elevations

within the ice sheet’s interior.

The five contrasting melt seasons analysed in this study provide an opportunity to examine

the dynamic response of the GrIS’s interior to variations in atmospherically-forced melt,

which is characterised using positive degree-days (PDDs) and proglacial discharge (Fig.

7.4). For the five melt seasons (2009 to 2013) the respective total PDDs at S10 were 21.7,
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Figure 7.5: Annual velocity at Site 7 of Sole and others (2013) and S10. The centre axes
show the speed above the respective 2009 velocity. To keep consistency with Sole and
others velocities were calculated from May in the labeled year to May in the following
year.

42.0, 21.9, 53.1 and 15.1◦ C (Fig. 7.4b). The corresponding totals in proglacial discharge

of 2.5, 5.3, 4.0, 6.8 and 2.4 km3 show a similar inter-annual variation as the PDD sum

( r2 = 0.96, p = 0.01), with the exception of 2011 when discharge was disproportionately

large (Fig. 7.4c; Table 7.2). The fastest annual and summer flow at S10 occurred in 2012:

a record melt season (Nghiem and others, 2012) distinguished by unprecedented proglacial

discharge and the highest PDD sum at S10 (Fig. 7.4). In contrast, the year with the

lowest annual and summer velocity, 2009, had the second lowest PDD sum (21.9◦C) and

proglacial discharge (Fig. 7.4). Comparing the S10 velocities during the two coldest years

(2009 and 2013) reveals that the PDD sum cannot, however, fully explain the inter-annual

variations in velocity at S10. During 2009 (second coldest) velocities were low and the

seasonal variation was minimal (0.1 %). In contrast, the coldest summer of 2013 was the
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second fastest with a distinct, albeit lagged, seasonal acceleration (Figs. 7.3 and 7.4).

Table 7.2: Correlation coefficients (r) between selected measurements. The probability
(p), given in brackets, is the likelihood that the correlation coefficient can be explained by
random variation. Text in bold indicates that the correlation coefficient is significant at
the p < 0.1 level. The sample size is n = 5 years except where an asterisk (*) indicates
n = 4 years.

Σ PDD Discharge High-elevation SGL extent

Σ PDD N/A 0.96 (0.01) 0.43 (0.47)
Discharge 0.96 (0.01) N/A 0.96 (0.01)
High-elevation SGL extent 0.43 (0.47) 0.60 (0.29) N/A
Mean summer velocity 0.52 (0.37) 0.66 (0.23) 0.93 (0.02)
Preceding winter mean velocity -0.30 (0.62) -0.30 (0.62) 0.24 (0.70)
Subsequent winter mean velocity 0.64 (0.36)* 0.71 (0.29)* 0.92 (0.08)*
Annual (May to May) 0.74 (0.25)* 0.87 (0.13)* 0.96 (0.04)*
Annual (Sep to Sep) 0.27 (0.66) 0.37 (0.55) 0.79 (0.11)

A lack of observable crevasses, moulins and seasonal surface uplift (Fig. 7.6) infers that

water is not necessarily accessing the bed directly beneath S10. Nevertheless, strain pertur-

bations can be transmitted on the order of tens of kilometres by longitudinal (along-flow)

stress-gradient coupling (Kamb and Echelmeyer, 1986; Hindmarsh, 2006; Price and others,

2008). Hence, the flow perturbations at S10 could have their origin down-glacier where the

presence of crevasses, rapidly-draining SGLs and moulins indicate that surface meltwater

is directly accessing the bed. Although melt is inherently diffuse, the delivery of surface

water to the bed is focused — in both space and time — by SGL drainage. Indeed, it is

widely recognised that SGLs, which have formed at successively higher elevations during

warmer summers over the last three decades (Fig. 7.7 Liang and others, 2012; Howat and

others, 2013; Fitzpatrick and others, 2014), play an important role in establishing the hy-

draulic pathways that enable surface water to directly access the ice-bed interface through

kilometre-thick ice (Das and others, 2008; Doyle and others, 2013; Tedesco and others,

2013, Chapter 5).
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Figure 7.6: The relative height of the S10 GPS antenna between September 2010 and
September 2013 with error bars indicating the uncertainty in the height measurements of
±0.04 m. The mean rate of height change and the trajectory are given.

In West Greenland, the elevation of the highest SGL increased from 1670 m a.s.l. in the

mid-1980s to above 1800 m a.s.l. in 2011 — representing an inland expansion of SGLs of

30 km that closely tracked the rising ELA (Howat and others, 2013). The elevation of the

highest SGL in our study area increased from 1689 m a.s.l. in 2009 to 1790 m a.s.l. in 2010

and 1827 m a.s.l. in 2011, where it reformed in 2012 and 2013 (Fig. 7.7). That no higher

SGLs formed during the record melt year of 2012 compared to 2011 suggests a limit or

pause in the inland expansion of SGLs. Although it has been suggested that the paucity of

surface depressions in the interior may hinder the formation of SGLs (Howat and others,

2013), it is also possible that the storage capacity of the firn has not yet been attained

at these higher elevations (Harper and others, 2012). That the same high-elevation SGLs
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formed again in the relatively cold year of 2013 does, however, suggest that SGLs are self-

sustaining — possibly through deepening of the lake bed by increased radiation absorption,

and through the establishment of a surface drainage network which feeds them and persists

from year to year. Hence, once established SGLs appear to reform readily in the same,

high-elevation surface depressions in subsequent summers even if significantly cooler.

In our study area, the spatial extent of SGLs above 1400 m a.s.l. (hereafter termed the

high-elevation SGL extent), which increased each year from 2009 to 2012, appears to scale

with ice motion at S10 (Fig. 7.4). The high-elevation lake extent shows significant positive

correlation ( r2 > 0.9; p < 0.1) with mean summer, winter and annual velocities at S10

(Table 7.2). The rate of inland SGL expansion even surpassed increases in atmospheric

forcing. For example, despite a lower PDD sum in 2011, high-elevation SGLs were still

more extensive than they were in 2010 (Fig. 7.4). Annual total proglacial discharge was

also disproportionately large in 2011 relative to the PDD sum (Fig. 7.4). This disparity

can be explained by abnormally low snowfall during the previous winter (Box and others,

2011) and the progressive inter-annual decline in surface albedo (Box and others, 2012),

which increased melt generation and runoff disproportionately at high elevations during

2011 (Box and others, 2011; van de Wal and others, 2012). Furthermore, the areal extent

and upper limit of high-elevation SGLs was abnormally large during the relatively cold 2013

melt season (Figs. 7.4c and 7.7). Hence, together with an inland migration of the ELA

(van de Wal and others, 2012) and the associated decrease in storage and refreeze potential

of the firn, it can be suggested that low snowfall and surface albedo were responsible for

the disproportionate increase in melt and SGL formation at high elevations between 2009

and 2013.

As SGLs expand inland, surface water may reach new areas of the bed, increasing the

energy flux to this potentially frozen zone. The release of latent and sensible heat by surface
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water refreezing has recently been hypothesised to warm the ice, reducing its viscosity and

enhancing internal deformation (Phillips and others, 2010). The increase in mean winter

velocity at S10 following the exceptional 2012 melt season (Fig. 7.4) — which cannot be

directly attributed to surface melt water accessing the bed during winter — could reflect

such changes in rheology or basal conditions (Phillips and others, 2010). That annual ice

velocity was faster at S10 during the record melt year of 2012 compared to the relatively cold

year of 2009 is at odds with the observations of Tedstone and others (2013) from the ablation

area, which extend the time series of Sole and others (2013) into 2012. Furthermore, the

subsequent winter (2012/13) at S10 was substantially faster (52.33 ± 0.02 m yr−1) than

all previous winters (mean = 51.75 ± 0.02 m yr−1) and even exceeded the 2009 summer

mean. These results suggest that the exceptional runoff during the 2012 melt season

caused a fundamental change in basal conditions and ice dynamics in the vicinity of S10.

Possible explanations include increased water storage at the bed following the 2012 melt

season resulting in sustained higher subglacial water pressures and reduced basal traction,

or increased energy flux into this potentially frozen zone, warming the ice, enhancing

internal deformation and/or decoupling frozen sticky-spots. Thus, although summer flow

acceleration at S10 reveals a direct response to surface meltwater production, the important

observation that winter flow is also increasing suggests a longer-term structural change in

the subglacial hydro-thermal regime, possibly associated with an increased flux of meltwater

and energy to the ice-bed interface. Further and more direct observations (e.g. borehole

instrumentation and repeat geophysical surveys to determine changes in the material and

thermal properties of the bed) would be required to explain definitively why the velocity

at S10 increased between 2009 and 2012, especially with regard to the increase in mean

winter velocity following the exceptional melt in summer 2012.

Although the 2.2 % net velocity increase at S10 between 2009 and 2012 is modest, it should
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be noted that it is has been previously assumed (e.g. Colgan and others, 2009; Colgan and

others, 2012; Phillips and others, 2013) that the ice sheet’s interior does not experience

any variation in flow. The implicit assumption in these studies is that ice motion can be

attributed to internal deformation alone, which would not be expected to vary on short,

seasonal timescales. Furthermore, from mass continuity considerations, as the ice thickness

at S10 (1590 m) greatly exceeds that closer to the margin, the impact of any given net

change in ice flow on mass flux here will be substantially greater compared to downstream

zones, nearer the ice margin. Finally, although these observations of a year-on-year increase

in annual velocity are limited to just two locations above the ELA, it can be speculated

that such behaviour could be pervasive over a broader lateral swath of the ice sheet’s wet

snow zone, since flow in this interior region may be less constrained by basal topography,

which channels flow into distinct outlet units within the ablation zone (Joughin and others,

2008, 2010; Palmer and others, 2011; Fitzpatrick and others, 2013).

7.6 Conclusions

A five-year time-series of surface velocity measurements from a GPS receiver located 140

km from the ice margin reveals that seasonal variations in ice motion, of up to 8 % above

the winter mean, occur at least 50 km inland from the long-term mean ELA. Summer

velocities at this site reflect variations in surface melt modulated by SGL drainage. The

year-on-year increase in annual velocities at S10 between 2009 and 2012 suggests that an

increased penetration of water to the ice-bed interface at increasingly large distances from

the ice margin is driving faster ice motion at high elevations on the GrIS.

Two distinct patterns of ice dynamic response to atmospheric forcing have now been ob-

served. In the ablation area, Sole and others (2013) argued that channelised subglacial
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hydrology regulates ice flow through reduced winter velocities following warmer, faster

summers. Above the ELA, winter, summer and annual velocities all followed an increas-

ing trend between 2009 and 2013. Finally, in accordance with Truffer and others (2005),

the results presented in this chapter caution against extending observations from Alaskan

glaciers (Burgess and others, 2013) as well as from the ablation zone (Sole and others, 2013;

Tedstone and others, 2013) into interior regions of the Greenland Ice Sheet, where greater

ice thicknesses and lower melt hinders the development of efficient subglacial drainage

systems and its regulating influence on ice flow.
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Chapter 8

Synthesis and discussion

This thesis has, in the preceding three chapters, focussed on particular sites and events

that provide insight into basal hydrological controls on Greenland Ice Sheet motion. The

following chapter draws upon the results of recent publications to place the three experi-

ments presented in Chapters 5, 6, and 7 into a broader context. Finally, it identifies the

limitations of our current techniques and knowledge before suggesting directions for future

research.

8.1 The state of knowledge prior to 2010

At the turn of the millennium the Greenland Ice Sheet was thought to be relatively stable

on millennial time scales and hydrological coupling — the subject of this thesis and many

other studies over the last decade — was thought impossible for the contemporary ice

sheets (e.g. Clarke and others, 1999). In 2002, the correlation between summer velocity

and surface melt intensity at a site near the ELA led to the concept of a positive feedback

173
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mechanism between atmospheric warming and basal sliding that could accelerate the ice

sheet’s dynamic contribution to sea level rise under a warmer climate by transporting

more ice to lower, and therefore warmer, elevations (Zwally and others, 2002; Parizek and

Alley, 2004). This led to widespread reporting in the media with headlines of ‘Ice sheet

slip-sliding away’ and ‘Greenland’s warming ice flowing faster’ (Kirby, 2002; Hotz, 2006).

Such media attention put glaciology in the spotlight and encouraged the plethora of recent

investigations of Greenland Ice Sheet dynamics. In 2008, Das and others captured the

hydrofracture mechanism capable of establishing the surface-to-bed connection draining a

large supraglacial lake in hours. Although the hydraulically driven propagation of fractures

to the bed of ice masses had been considered theoretically (e.g. Weertman, 1971a,b, 1973),

and had been observed on an arctic glacier (Boon and Sharp, 2003), it was not known to

occur in Greenland. The observations by Das and others (2008) of the dramatic effect of

rapid in situ supraglacial lake drainage events on ice sheet motion, and by Shepherd and

others (2009) of the close coupling between melt and ice sheet motion, further contributed

towards speculation that the ice sheet’s response to climate warming would be faster than

previously expected.

8.2 Progress between 2010 and 2014

Since these initial observations, our knowledge of the dynamics of land-terminating regions

of the Greenland Ice Sheet has developed considerably. The following sections discuss

recent developments within the main research themes relevant to this thesis. It discusses

how the research aims, which are listed in Section 1.5, have been met by the work presented

in this thesis within the framework of contemporaneous studies.
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8.2.1 Variations in ice motion

Surface velocities recorded by the GPS receivers installed across Russell Glacier catch-

ment (Fig. 3.1) are consistent with the characteristic seasonal cycle identified by previous

studies: an initial maximum at melt onset is typically followed by gradual deceleration

into mid-summer and an all year low in autumn when declining melt inputs are easily

accommodated by the drainage system developed over the course of the summer (e.g. Fig.

4.2, Bartholomew and others, 2010, 2011a; Hoffman and others, 2011; Colgan and others,

2011; Bartholomew and others, 2012; Colgan and others, 2012). Following the cessation

of melt, velocities then increase steadily over the course of winter, presumably as the re-

maining basal water pressurises as conduits close (e.g. Fig. 4.13, Joughin and others, 2010;

Fitzpatrick and others, 2013).

Transient acceleration events occur throughout the melt season whenever the drainage

system is challenged by increasing water inputs (e.g. Fig. 4.6, Bartholomew and others,

2012). Such acceleration events occur due to high melt rates, rainfall events (e.g. Fig.

6.4), initiation of drainage into moulins (e.g. Fig. 4.2) and rapid supraglacial lake drainage

(Fig. 4.3; Chapter 5). Once established shortly after the melt onset peak, diurnal velocity

variations prevail throughout the melt season, albeit generally declining in amplitude as

the melt season progresses (e.g. Fig. 4.6). Diurnal velocity variations are closely coupled

to surface melt (e.g. Fig. 4.6, Shepherd and others, 2009) and the analysis presented in

Chapter 4 demonstrates that the lag time between melt and velocity declines by ∼ 3 hours

over the course of the melt season as the ice sheet’s supra-, en- and sub-glacial hydrological

systems evolve to greater efficiency (e.g. Fig. 4.7). The results presented in Chapter 4

and 5 also confirm that peak velocity typically coincides with peak rates of surface uplift,

not maximum vertical displacement (Fig. 4.10), which was interpreted by Iken (1981) as

indicative of cavity opening at the bed. Throughout the melt season, short periods of low
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melt result in low daily-averaged velocities and reset the subglacial drainage system: when

high melt rates return a ‘mini spring event’ commonly occurs with velocities temporarily

higher than during the preceding period of high melt rates. All these observations are

consistent with the theoretical findings of Schoof (2010) who concluded from modelling

that:

‘Drainage channelization under glaciers and ice sheets suppresses the ability of

steady surface water supply to cause further ice acceleration, but faster ice flow

can be caused instead by water input variations.’ (Schoof, 2010, p. 805).

Consistent with previous studies (e.g. Engelhardt, 1978; Gordon and others, 1998; Harper

and others, 2002, 2005, 2007) the relationships between borehole water pressure, regional

subglacial water pressure and horizontal surface velocity are less easy to discern. The

relationship appears to be time variant with localised borehole water level sometimes,

but not always, reflecting regional water pressure which in turn either leads or lags peak

horizontal surface velocity by varying degrees at different stages in the melt season. As

explained previously (e.g. Harper and others, 2007) the often disparate relationship between

borehole water level and velocity can also be explained by the different spatial scales over

which their governing processes operate. Ice velocity is theorised to be driven by variations

in regional basal traction whereas borehole water pressure represents a discrete, localised

measurement of a property which is likely to have great spatial variability. During high-

magnitude events, like the late August event in 2011, localised borehole water pressure

appears to be in unison with regional basal water pressures and widespread acceleration

ensues (e.g. Fig. 6.8, Gordon and others, 1998; Harper and others, 2007).
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8.2.2 Ice sheet acceleration driven by supraglacial lake drainage

This thesis has extended our knowledge of rapid in situ supraglacial lake drainage events,

providing the most in depth geophysical experiment of this phenomenon to date that will

provide modelling studies (e.g. Bougamont and others, 2012; Dow and others, 2012) with

essential parameters.

The detailed GPS measurements presented in Chapter 5 reveal that the rapid acceleration

during lake drainage was predominantly caused by fracture motion, which reversed and

is therefore not indicative of a long-lasting displacement of ice towards the margin (Fig.

5.10). Such reversal in ice motion is evident in all the existing studies of lake drainage

(Das and others, 2008; Bartholomew and others, 2012; Tedesco and others, 2013) yet had

remained unexplained until the detailed observations from four GPS receivers presented

in Chapter 5. This finding is important as it reveals that a substantial component of

measured ice motion during lake drainage events is not attributable to basal sliding. The

long-term impact of such events on the annual ice flux has yet to be ascertained. This

question was partially addressed by Tedesco and others (2013) who asserted that the more

rapid and higher volume lake drainage events had a more rapid and higher magnitude

dynamic impact. Unfortunately, however, the comparisons made by Tedesco and others

(2013) of the dynamic impact of rapid in situ lake drainage events with overland drainage

into a moulin still do not reveal the long term impact of lake drainage events on net ice

sheet motion.

Hoffman and others (2011) argued that 83% of 62 lake drainage events identified from

satellite imagery were not detectable in the velocity records from a nearby GPS tran-

sect, suggesting that the dynamic impact of lake drainage events must be spatially and

temporally limited. The vast majority of these lakes were, however, small and the rapid
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drainage of larger lakes (> 1 km in diameter) in their study, of which there were three,

were all associated with high magnitude acceleration events that represented peak annual

velocities. Notwithstanding this observation, Hoffman and others (2011, p. 9) argued that

despite ‘such dramatic transient effects, these presumed lake drainage events accounted for

at most 5% of the total summer motion at any station.’ Assessing the importance of lake

drainage events on ice flow by quantifying the transient effects is not, however, assessing

the full picture. The full impact of lake drainage events includes the long-lasting effects of

the moulins and subglacial hydraulic pathways created by lake drainage events that remain

open for the remainder of the melt season (e.g. Das and others, 2008; Doyle and others,

2013, Chapter 5). To date no study has specifically addressed this question.

Nevertheless, as the lake drainage event reported in Chapter 5 falls within the time period

of the study of Sole and others (2013) we may assert that within the ablation zone lake

drainage events did not lead to a discernible acceleration in annually-averaged flow between

2009 and 2011. It could also be argued that lake drainage events, and the continued

drainage into the moulins they create, have established efficient subglacial drainage —

which itself remains a contentious issue especially under kilometre-thick ice — causing

an extra slow-down during winter, and a subsequent reduction in annual velocities. At

higher elevations, however, the measurements presented in Chapter 7 demonstrate that

ice velocities at two GPS sites above the ELA accelerated over the same time-period.

Annually-averaged flow at the highest site increased by 2.2% between 2009 and 2012. This

acceleration in the accumulation area shows strong positive correlation with the expansion

of supraglacial lakes to higher elevations, which even outpaced the increase in regional melt

(Fig. 7.4 and Table 7.2). These observations support the hypothesis that the observed

expansion of supraglacial lakes to higher elevations in warmer years (Sundal and others,

2009; Liang and others, 2012; Howat and others, 2013; Fitzpatrick and others, 2014) would
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lead to an inland migration of velocity variations.

The southwestern sector of the Greenland Ice Sheet accounts for 60% of all the ‘fast’

(< 1 day) supraglacial lake drainage events in Greenland (Selmes and others, 2011). Hence,

observations of supraglacial lake dynamics and resulting ice motion from the southwestern

sector may not be applicable to the rest of the ice sheet margin, especially the south-east

where steep surface slopes and heavy crevassing limits the abundance of surface lakes.

8.2.3 Melt-induced acceleration

In 2007 the IPCC stated:

“Data are not available to assess whether effects of increased surface melting

in Greenland have been transmitted to the bed and contributed to ice flow

acceleration.” (Lemke and others, 2007, p. 368)

These data are now available, and the short answer to this question is yes. Increased

surface melt has accelerated ice flow, albeit only at higher elevations. The evidence for this

acceleration is, however, still limited to just two GPS sites in the accumulation area (see

Chapter 7). Sites below the equilibrium line show no long-term acceleration, and Sole and

others argue that increased melt may even drive deceleration as the subglacial hydrological

system becomes more efficient.

The concern that increased melt would accelerate ice flow — a positive feedback mechanism

hypothesised to enhance Greenland’s contribution to global sea level rise (Zwally and oth-

ers, 2002; Bartholomew and others, 2010) — has since been questioned by several studies

that have argued the ice sheet’s subglacial hydrological system will adapt to increased melt

inputs (Sole and others, 2013; Tedstone and others, 2013). These observations support pre-

vious hypotheses (e.g. Shepherd and others, 2009; Schoof, 2010; Sundal and others, 2011)
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that predicted that subglacial hydrology would regulate annual ice velocities in Greenland

in a similar manner as that which occurs on smaller valley glaciers (e.g. Anderson and

others, 2004; Truffer and others, 2005). In the ablation zone, and on Alaskan glaciers, it is

argued (Burgess and others, 2013; Sole and others, 2013; Tedstone and others, 2013) that

the observed positive correlation between summer velocity and melt intensity (Zwally and

others, 2002) is offset (and sometimes more than offset) by an ensuing reduction in winter

velocities.

Sole and others posited that faster, warmer summers are followed by slower winters due

to the development and persistence of a larger and more extensive channelised subglacial

drainage system, which persists into winter and efficiently drains areas of high basal water

pressure — increasing subsequent ice bed coupling and traction. Although never mentioned

in Zwally and others (2002), the mediation of annual velocities by reduced winter velocities

following faster, warmer summers is evident in the dataset they presented (Fig. 8.1). The

cumulative additional displacement above the winter mean of 1.6 m was greater during

the relatively cool year of 1997 compared to the warm years of 1998 (1.1 m) and 1999

(∼0.7 m). (Note that the 1999 record is incomplete and a conclusive comparison cannot be

made for this year.) This regulation of annual velocities by efficient subglacial drainage is

hypothesised to mediate the response of the ice sheet to the predicted increase in surface

meltwater delivery to the bed (Sole and others, 2013). Although Sole and others (2013)

and Burgess and others (2013) invoke the alpine analogue to explain their results from the

ablation zone and arctic valley glaciers, several arguments have been proposed to suggest

that it may not hold under thicker ice with shallower surface slopes.
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1.6 m
1.1 m

0.7 m

Figure 8.1: Annual displacement above the winter mean at Swiss Camp, located 35 km from
the margin, annotated on Figure 1.3. The subplots compare (a) horizontal ice velocity with
(b) relative vertical ice motion and (c) PDDs and cumulative PDD. Adapted from Zwally
and others (2002).
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8.2.4 How applicable is the alpine analogue?

Several previous studies have argued that the ablation area and land-terminating outlet

glaciers of the Greenland Ice Sheet respond to melt inputs in a manner analogous to alpine

glaciers, with a late-summer slowdown caused by the development of efficient subglacial

drainage, leading to lower basal water pressures and increased basal traction (Colgan and

others, 2009; Bartholomew and others, 2010, 2011a; Sole and others, 2013). Although

the alpine analogue appears to hold for the outlet glaciers and ablation area (e.g. Sole and

others, 2013), there are significant geometrical differences between the Greenland Ice Sheet

and smaller alpine and arctic valley glaciers that should be considered before the model is

applied to the whole ice sheet. First, ice thicknesses on the Greenland Ice Sheet far exceed

those of smaller valley glaciers (Bamber and others, 2013; Lindback and others, 2014). As

a result the basal thermal regime is likely to be significantly different and creep closure

rates are expected to be much faster (Bartholomaus and others, 2008; Chandler and others,

2013). Second, the melt season is substantially shorter and less intense on the Greenland Ice

Sheet, especially at higher elevations and latitudes, compared to typical alpine and arctic

valley glaciers. Lower rates of water input would theoretically hinder the development

of efficient channelised drainage systems (e.g. Schoof, 2010). Furthermore, surface and

bed slopes are typically much lower for the ice sheet compared to valley glaciers, and this

would hinder the development of efficient subglacial drainage by limiting conduit expansion

caused by frictional heating (e.g. Meierbachtol and others, 2013). These inferences caution

against extending patterns observed in the ablation area of the Greenland Ice Sheet (Sole

and others, 2013; Tedstone and others, 2013) and on Alaskan glaciers (Truffer and others,

2005; Burgess and others, 2013) to higher elevations on the Greenland Ice Sheet, where

greater ice thicknesses, lower melt rates and shallower surface slopes theoretically hinder

the development of efficient subglacial drainage systems, and their preservation beyond
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the melt season. Until further data are collected these inferences will, however, remain

speculative.

The observation of acceleration at S10 and Site 7 of Sole and others (2013) presented in

Chapter 7 demonstrate that the alpine analogue is, at the least, not universally applicable.

The results presented by Sole and others (2013) and in Chapter 7 from a single transect

over four years (2009 to 2012) are, however, spatially and temporally limited. The observed

correlation between ice velocities and the expansion of high-elevation supraglacial lakes is

limited to two sites: S10 and Site 7 of Sole and others (2013). Further observations from

different glacier catchments must be undertaken to check these results are not just specific

to Russell Glacier catchment. They are also based solely on surface GPS observations and

inferring basal changes is wholly speculative. It should also be noted that as the ablation

area expands under a warmer climate, the zone experiencing late-summer or winter slow-

down could also expand. This hypothesis could be tested by using the same methodology

as this thesis.

8.2.5 The contribution of remote sensing measurements

A comprehensive study of changes in surface ice velocity across Greenland’s outlet glaciers

revealed that the majority of land-terminating regions decelerated between 2005 and 2010:

‘Most (70%) of the land-terminating glaciers [in Greenland] with a notable

trend slowed during 2005 to 2010 — a continuing trend for half of them. The

scale of these changes, however, is close to the measurement error and seasonal

variability (Joughin and others, 2008), and orders of magnitude smaller than

changes seen on many fast-flowing glaciers.’ (Moon and others, 2012, p. 576).



184 CHAPTER 8. SYNTHESIS AND DISCUSSION

These results support the arguments made by Sole and others (2013) that the basal drainage

system of Greenland’s outlet glaciers adapts to an increased surface water flux resulting in

a net slowdown. Currently-available remote sensing observations, however, are not well-

suited to detecting small changes in ice velocity on the Greenland Ice Sheet, especially at

higher elevations. Satellite imagery is typically only available at long (e.g. 11 day) sampling

intervals with only the poor resolution imagery — that is unsuitable for deriving velocity

maps (e.g. MODIS) — available daily (Fitzpatrick, 2013). Furthermore, velocity maps are

usually impossible to derive for the accumulation area due to a lack of features to track or a

lack of coherence in InSAR measurements (Joughin and others, 2010). Accordingly, many

remote sensing studies are restricted to close to the ice margin (e.g. up to 40 km inland for

Sundal and others, 2011), with very few remote sensing studies extending further up-glacier

during the melt season (InSAR methods are able to extend further up-glacier during winter

when there is no melt, e.g. Joughin and others, 2010). The spatial and temporal variations

in velocity across Russell Glacier catchment revealed by Palmer and others (2011) are,

however, a unique exception. Palmer and others exploited a unique overlap of the ERS

satellites to map velocities over an unprecedented, and to date unrepeated, spatial scale and

detail (see Fig. 1.9). Subsequent radar measurements of ice thickness and bed elevation

by Lindback and others (2014) demonstrate that the discrete fast-flow units identified by

Palmer and others correspond to the locations of subglacial valleys.

Remote sensing measurements are also limited by their accuracy, which is typically±5 m yr−1

(Fitzpatrick and others, 2013). Hence, it is unsurprising that the acceleration at S10 de-

scribed in Chapter 7 was not detected using satellite-derived velocity maps. Dual-frequency

GPS measurements remain the only method for determining such small changes in ice ve-

locity in the ice sheet’s interior. More GPS-based investigations akin to the methodology

presented in Chapter 7 are required to examine zonal variations in ice velocity. Investiga-
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tions should, for example, be undertaken to determine if acceleration is also occurring in

the interior of other glacier catchments in Greenland: it is likely that such measurements

are already being pursued.

Given that GPS measurements of ice motion (e.g. Hoffman and others, 2011; Bartholomew

and others, 2012, Chapters 4 and 5) reveal that ice velocities vary over short timescales it

is difficult to accurately attribute velocity variations averaged over long time periods (e.g.

11 days) to specific processes or events. Dual-frequency GPS measurements of ice motion

are therefore also necessary to investigate variations in ice motion over the time scale on

which the driving mechanisms operate.

8.3 Ice sheet response to a warmer, wetter climate

Several changes have taken place across Russell Glacier catchment over the last 20–30 years.

Surface mass balance shows a significant decrease between 1990 and 2011 at least within

10 km of the margin (van de Wal and others, 2012). Meanwhile, supraglacial lakes expanded

to higher elevations (Sundal and others, 2009; Liang and others, 2012; Howat and others,

2013; Fitzpatrick and others, 2014) and albedo persistently declined between 2000 and 2011

(Box and others, 2012). These changes are consistent with warming temperatures over

Greenland (Box, 2002; van As and others, 2012) and are coincident with a slight increase

in ice flow above the equilibrium line (Chapter 7) and little change below it (van de Wal

and others, 2008; Sole and others, 2013).

The high frequency of extreme melt years between 2000 and 2012 (e.g. 2003, 2007, 2010

and 2012), the increasing trend in annual total melt, and the decrease in albedo between

2000 and 2012 are attributed to a persistently negative North Atlantic Oscillation (NAO)

anomaly, which favoured the occurrence of anti-cyclonic conditions over Greenland causing
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increased short-wave radiation absorption and lower rates of snowfall (Tedesco and others,

2011, 2012; van As and others, 2012; Box and others, 2012; Hanna and others, 2014). The

observations presented in Chapter 6 demonstrate that cyclonic weather conditions can also

drive high-magnitude melt and acceleration events. Many studies (e.g. van den Broeke

and others, 2009; Schuenemann and Cassano, 2010) predict that Greenland’s climate will

become wetter and cloudier in the future, yet few studies have considered how this change

will influence melt and ice dynamics.

Given the effect of rainfall events on alpine glaciers (e.g. Barrett and Collins, 1997; Collins,

1998; Gordon and others, 1998; Gudmundsson and others, 2000) it is surprising that so few

studies to date have considered the implications of a warmer, wetter and cloudier climate

over Greenland. Precipitation over Greenland is predicted to increase by 26% by the end

of the twenty-first century as precipitable water in the atmosphere increases in response to

higher air and ocean temperatures and reduced sea ice cover (Schuenemann and Cassano,

2010; Fettweis and others, 2011). North Atlantic storm tracks are also expected to shift

north, increasing the frequency of cyclonic weather systems that track over the ice sheet.

Baffin Bay cyclones similar to the weather pattern behind the late August 2011 event

described in Chapter 6, are, for example, predicted to increase from 3% of days in 1961-99

to 4% of days in 2081-2100 (Schuenemann and Cassano, 2010). Other cyclonic weather

patterns are expected to increase by similar amounts. Warmer air temperatures would

ensure that a larger fraction of this increasing precipitation will fall as rain in the future

(Ettema and others, 2009; Box and others, 2012; Franco and others, 2013; van den Broeke

and others, 2009). Across Russell Glacier catchment, net longwave radiation receipt peaks

in August due to increased cloudiness, which absorbs and re-radiates incoming longwave

radiation back to the surface, and a melting ice surface, which negates the emission of

longwave radiation from the surface (van den Broeke and others, 2008a). In the future,
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this aspect of Greenland’s surface energy balance may become more important as cyclonic

activity increases along with a rise in precipitable water in the atmosphere and warmer air

temperatures.

Schoof (2010) hypothesised that the expected increase in rain events over Greenland would

lead to ice sheet acceleration and also speculated that a shift to a wetter climate may have

played a role in the rapid demise of the Laurentide Ice Sheet. Chapter 6 demonstrated

that rainfall events driven by cyclonic weather systems produce large quantities of surface

melt (up to 15% of the annual total) and rainfall, which can overwhelm the glacier’s

hydrological system, driving enhanced basal motion. During the late August 2011 event

melt was widespread (extending at least 140 km inland) and atypically sustained through

the day and night, resulting in acceleration that exceeded the magnitude and spatial scale of

other perturbations to the basal system (e.g. during the spring event or rapid supraglacial

lake drainage).

8.4 Directions for future research

The attention that land-terminating ice sheet dynamics has received from the public and

scientific community may abate in the coming decade in response to the wealth of publica-

tions that have furthered our understanding, and have overall downplayed the significance

of the dynamic contribution of land-terminating regions of the ice sheet to sea level rise.

Nevertheless, important concerns remain, in particular the dynamic response of the interior

ice sheet to climate warming. Chapter 7 addressed this issue but observations from two

sites can only be considered as a beginning: more observations are required.

Future studies should be directed at furthering our understanding of basal processes and

conditions in Greenland, especially under thick ice. Continuous or repeat radar experi-
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ments, seismic surveys and borehole instrumentation would all help reduce the number of

assumptions in ice sheet models.

In accordance with Lüthi (2013), gaining new insights into the relationship between sub-

glacial water pressure and ice motion will require sustained and coordinated efforts. Studies

involving single boreholes and a limited number of GPS receivers are unlikely to reveal new

knowledge of how these systems work. Measurements of water level in single boreholes (e.g.

Lüthi and others, 2002; Smeets and others, 2012; Meierbachtol and others, 2013) provide a

limited picture of the regional basal water pressure and multiple boreholes (e.g. Hubbard

and others, 1995; Harper and others, 2007) are desirable if we are to determine the physi-

cal relationship between surface water inputs, subglacial water pressure and the resulting

uplift and acceleration. Instrumentation of multiple boreholes as previously undertaken

on Alpine and Arctic glaciers (e.g. Hubbard and Nienow, 1997; Gordon and others, 1998;

Harper and others, 2007) should therefore be repeated in Greenland; this requires substan-

tial logistical effort.

Critical to the response of ice flow to surface water inputs is whether the ice sheet is

underlain by hard bedrock or soft sediment. The presence of deforming sediment at the

ice-bed interface can have a strong influence on basal motion by reducing basal roughness

and facilitating flow by sediment deformation (Alley and others, 1986; Boulton and Hind-

marsh, 1987; Smith and others, 2013). Previous studies (e.g. Bartholomew and others,

2010; Schoof, 2010; Hewitt, 2013; Shannon and others, 2013) assumed that the Green-

land Ice Sheet rests on a hard-bed, yet all published observations indicate the presence

of mechanically-weak sediment (Clarke and Echelmeyer, 1996; Booth and others, 2012;

Wittlinger and Farra, 2012; Dow and others, 2013; Christianson and others, 2014; Wal-

ter and others, 2014). Proglacial discharge that is characterised by a high sediment load

(Bartholomew and others, 2011b; Cowton and others, 2012, 2013; Hasholt and others,
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2013) further suggests the presence of sediments under the Greenland Ice Sheet. The role

of sediment deformation in Greenland Ice Sheet motion requires further investigation, and

fieldwork should be undertaken to characterise the material properties of the bed.

The basal thermal regime has received even less attention than the geological controls on

ice sheet flow. Whether the ice sheet is frozen to its bed remains an important unanswered

question that will determine how the Greenland Ice Sheet will respond to the observed,

and expected, expansion of surface melt to higher elevations. If the inland expansion of

melt and supraglacial lakes thaws frozen sticky spots then the ice sheet will respond much

faster than if the bed is already at the pressure melting point. Furthermore, borehole

instrumentation should be undertaken to test whether the hypothesised warming of the

ice sheet en- and sub-glacially by the sensible and latent heat released by surface water

freezing, is enhancing rates of internal deformation in Greenland (Phillips and others, 2010,

2013).

Further research is also required into the role of moulins in delivering surface water to the

ice bed interface, including the mechanisms involved in their formation and reactivation.

Previous studies (Chapter 5, Das and others, 2008; Hoffman and others, 2011) focussed on

the more dramatic rapid in situ drainage of lakes, neglecting the fact that the majority of

lakes drain overland into moulins. It remains unknown at what pressure moulins on the

Greenland Ice Sheet operate, or the extent to which they close during the winter. Such

information is important to understanding ice sheet hydrology and may provide insight

into the nature of subglacial conduits.

More studies should be undertaken that combine GPS- and remote-sensing-based measure-

ments of ice motion: these complementary techniques should be used side-by-side more

frequently. High-precision, fast-repeat (e.g. daily) acquisition of satellite imagery suitable

for determining glacier velocities may become available in the future. The TanDEM-X
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satellite, which follows the TerraSAR-X satellite in a tandem orbit (Krieger and others,

2007) is already allowing more detailed insight into spatial and temporal changes in ve-

locity (e.g. Fig. 6.1). Developments of other techniques for determining ice velocity that

bridge between the poor temporal sampling of satellite imagery and the poor spatial sam-

pling of GPS surveying also offer great potential. Such techniques include time-lapse (e.g.

Ahn and Box, 2010) and UAV-based (Whitehead and others, 2013; Ryan and others, 2014)

photogrammetry.

Much of the previous work on Greenland Ice Sheet dynamics (e.g. Shepherd and others,

2009; Bartholomew and others, 2010, 2011b,a) has reiterated studies undertaken on Alpine

glaciers (e.g. Iken and others, 1983; Hubbard and Nienow, 1997; Nienow and others, 2005).

This should continue but the full array of glaciological techniques should be realised (e.g.

the instrumentation of multiple boreholes) and the geometric and thermal differences be-

tween Alpine glaciers and the Greenland Ice Sheet should be carefully considered.



Chapter 9

Conclusions

An efficient and robust technique for acquiring, processing and interpreting dual-frequency

GPS measurements of surface ice motion was developed to determine variations in ice

surface velocities on relatively slow (∼ 100 m yr−1) moving ice. The resulting datasets

were used to investigate horizontal and vertical variations in ice motion over inter-annual

to sub-hourly time-scales at a number of sites across land-terminating Russell Glacier

catchment in West Greenland. Records of ice motion were compared to contemporaneous

meteorological, hydrological and remote sensing datasets using specific events and sites as

standalone experiments to gain insight into basal hydrological forcing.

The characteristic seasonal velocity cycle recorded by the GPS network is consistent with

previous studies: an initial maximum occurs at melt onset, followed by gradual deceler-

ation into mid-summer, and an all-year low immediately following the cessation of melt.

Transient accelerations occur throughout the melt season and are caused by enhanced melt,

rainfall and supraglacial lake drainage events. The fastest-moving site on the K-transect,

site SHR, was used as a case study for studying variations in ice motion driven by the

191
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diurnal melt cycle. Detailed analysis confirmed that horizontal velocity is closely cou-

pled to surface melt with the lag between melt and velocity decreasing as the melt season

progresses. Consistent with the theory of cavity opening, peak horizontal velocity coin-

cided with peak vertical velocity not maximum vertical displacement. Ice velocity quickly

responded to short periods of low melt, which presumably reset the subglacial drainage

system as when high melt returned ‘mini spring events’ occurred, with notably higher

velocities than during the preceding period.

The investigation of a combined rainfall and melt event in August 2011 provided detailed

insight into basal hydrological forcing. A Baffin Bay cyclone advected warm, moist air

across the southern half of the Greenland Ice Sheet driving widespread, high magnitude

rainfall and melt after the end of the main melt season. The future climate over Greenland

is expected to be warmer, wetter and cloudier due to an increase in precipitable water

in the atmosphere and a northwards shift in North Atlantic storm tracks. Rainfall in

Kangerlussuaq shows an increasing trend since 1973 and has become more temporally

dispersed, occurring later in the year that it previously did. Combined, these observations

and predictions portend a future where Greenlandic outlet glaciers experience rainfall/melt

events evolving towards those which are currently characteristic of Alaskan glaciers.

The detection of a rapid lake drainage event in the 2009 SKB3 GPS record directed a

comprehensive targeting of the same lake in 2010. This experiment involved an array

of GPS receivers, water level loggers and seismometers and represents the most detailed

measurement of this phenomenon to date. The datasets produced will help constrain future

modelling studies of rapid in situ lake drainage events. Importantly, this study reveals that

the rapid acceleration during lake drainage was largely caused by fracture motion, which

reversed, and is therefore not indicative of an immediate and persistent displacement of ice

towards the ice margin. The long term influence of lake drainage events on the dynamics
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of the Greenland Ice Sheet may instead be the effect of continued drainage of surface water

into the moulins created during rapid drainage. The establishment of moulins through

kilometre-thick ice during lake drainage events may be most important at higher elevations,

where surface water is able to access new, potentially frozen, areas of the bed.

Concomitant to the observed expansion of supraglacial lakes to higher elevations annually-

averaged ice flow above the ELA accelerated year-on-year between 2009 and 2012. At

a high-elevation interior site located 140 km from the ice margin ice flow was consis-

tently faster during the summer than during winter, and annually-averaged velocity in-

creased from 51.78± 0.01 m yr−1 in 2009 to 52.92± 0.01 m yr−1 in 2012 - a net increase of

2.2%.

Two distinct patterns of ice flow response to surface water inputs have now been observed.

In the ablation area faster summer flow during warmer years has been argued to be medi-

ated by reduced velocities through the following winter. At higher elevations, ice flow ac-

celerated year-on-year between 2009 and 2012 coincident with an expansion of supraglacial

lakes into this zone. Further observations are required to confirm whether these patterns

hold for other areas of the ice sheet and to see whether they continue into the future. While

the main objectives of this investigation have been met there remain many questions to

answer about basal controls on the motion of the Greenland Ice Sheet.
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Abstract. We present detailed records of lake discharge, ice
motion and passive seismicity capturing the behaviour and
processes preceding, during and following the rapid drainage
of a ∼ 4 km2 supraglacial lake through 1.1-km-thick ice on
the western margin of the Greenland Ice Sheet. Peak dis-
charge of 3300 m3 s−1 coincident with maximal rates of ver-
tical uplift indicates that surface water accessed the ice–bed
interface causing widespread hydraulic separation and en-
hanced basal motion. The differential motion of four global
positioning system (GPS) receivers located around the lake
record the opening and closure of the fractures through which
the lake drained. We hypothesise that the majority of dis-
charge occurred through a∼ 3-km-long fracture with a peak
width averaged across its wetted length of∼ 0.4 m. We ar-
gue that the fracture’s kilometre-scale length allowed rapid
discharge to be achieved by combining reasonable water ve-
locities with sub-metre fracture widths. These observations
add to the currently limited knowledge of in situ supraglacial
lake drainage events, which rapidly deliver large volumes of
water to the ice–bed interface.

1 Introduction

Variations in the delivery of surface water to the base of the
Greenland Ice Sheet induce fluctuations in ice sheet velocity
on inter-annual, seasonal, diurnal and sub-diurnal time scales

(Zwally et al., 2002; van de Wal et al., 2008; Bartholomew
et al., 2010, 2011; Shepherd et al., 2009; Das et al., 2008;
Hoffman et al., 2011). For water to access the bed of the
Greenland Ice Sheet, a hydraulic pathway must first be es-
tablished through often kilometre-thick ice. Given sufficient
water supply, a water-filled fracture will propagate to the base
of an ice mass when the overburden stress at the fracture tip is
offset by the density contrast between ice and water (Weert-
man, 1973; Alley et al., 2005; van der Veen, 2007).

Krawczynski et al.(2009) calculated that supraglacial
lakes 250 to 800 m across and 2 to 5 m deep contain suffi-
cient water to drive a fracture to the base of kilometre-thick
ice. Many lakes on the Greenland Ice Sheet attain this size
or larger (Box and Ski, 2007; Echelmeyer et al., 1991; Geor-
giou et al., 2009), of which a small proportion (13 % between
2005–2009) drain in less than 2 days (Selmes et al., 2011).
Surface lakes can drain rapidly into moulins via supraglacial
rivers; however, many drain by the in situ propagation of hy-
draulically driven fractures (e.g.Das et al., 2008), a process
hereafter termed lake tapping.

Lake tapping events provide water fluxes that exceed the
capacity of the subglacial drainage system, leading to tran-
sient high subglacial water pressures, hydraulic jacking and
ice sheet acceleration (Bartholomaus et al., 2008; Das et al.,
2008; Pimental and Flowers, 2010). The integrated effect
of multiple lake tapping events, and continued water flow
into the hydraulic pathways they create, has the capacity to
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impact the annual ice flux in future years, especially as, in a
warming climate, lakes are expected to form and drain ear-
lier in the season (Liang et al., 2012) and at higher elevations
(Howat et al., 2012). It is, however, uncertain whether this
increase in water delivery will enhance the annual ice flux
through a net increase in basal lubrication (e.g.Zwally et al.,
2002), or reduce it due to an earlier seasonal transition to an
efficient subglacial drainage system (e.g.Sundal et al., 2011).

Whilst supraglacial lake-tapping events represent major
perturbations of the subglacial hydrological system and pro-
vide natural experiments for process-based investigations of
glacier hydromechanics, few studies have succeeded in cap-
turing them.Boon and Sharp(2003) measured premonitory
drainage events preceding the complete and rapid (< 1 h)
drainage of a 6.9 m deep supraglacial pond through a 150 m
thick Arctic glacier on Ellesmere Island.Das et al.(2008)
observed horizontal and vertical ice motion and seismicity
during the rapid (∼ 1.4 h) tapping of a large supraglacial lake
through 980 m of ice to the bed of the Greenland Ice Sheet.
Our study presents detailed measurements of ice motion, lake
volume change and seismicity capturing the rapid tapping
of a large supraglacial lake through 1.1-km-thick ice on the
western margin of the Greenland Ice Sheet.

2 Field site and methods

The field site, Lake F (67.01◦ N, 48.74◦ W), is located
70 km from the terminus of Russell Glacier, West Greenland
(Fig. 1). Russell Glacier catchment represents a typical land-
terminating sector of the Greenland Ice Sheet which, during
the melt season, accumulates supraglacial lakes (McMillan
et al., 2007) and shows diurnal (e.g.Shepherd et al., 2009)
and seasonal (e.g.Bartholomew et al., 2010) covariations in
ice velocity and surface uplift.

Remote sensing observations indicate annually repeating
growth and rapid drainage of Lake F in the same location,
with a mean date of drainage between 2002 and 2009 of
14 July. During the abnormally warm melt seasons of 2003,
2007 and 2010 (seeCappelen et al., 2001; Cappelen, 2011)
Lake F tapped 3 to 4 weeks earlier compared to other years
in the 2002 to 2010 period.

On 26 June 2010, Lake F was instrumented with four
global positioning system (GPS) receivers, six seismome-
ters and two water-level sensors. Five days later at 01:40 on
the 30 June, the lake drained completely in∼ 2 h. Following
drainage, the bathymetry of the lake bed and the locations of
fractures and moulins were surveyed. Lake volume (V ) and
discharge (Q) are estimated by combining water-level mea-
surements with the lake bathymetry. All times are expressed
in Coordinated Universal Time (UTC), which is three hours
ahead of West Greenland Time.
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2.1 Measurements of ice motion

Four dual-frequency GPS receivers (Trimble R7 and Leica
SR520) were installed surrounding Lake F (Fig.2). GPS an-
tennae were installed on 6 m poles drilled 5 m into the ice,
which subsequently froze in and thereafter provided a record
of 3-D ice surface motion. Data, sampled continuously at
a 10 s interval, were processed against a bedrock-mounted
reference station using the differential phase kinematic posi-
tioning software, Track v. 1.24 (Chen, 1998; Herring et al.,
2010), and final precise ephemeris from the International
GNSS Service (Dow et al., 2009). The reference station was
located 1 km from the terminus of Russell Glacier giving
baseline lengths≤ 70 km. To improve solutions at the day
boundary, 36-h files were processed and the first and last six
hours of the output position time series were discarded. As-
suming steady ice motion, uncertainties in the positions were
estimated at< 0.02 m in the horizontal and< 0.05 m in the
vertical by examining the detrended position time series for
GPSNW over a 2-day period in May 2011. The output po-
sition data are characterised by high-frequency noise caused
by receiver and data processing errors. To suppress this high-
frequency noise without causing a shift in phase, positions
were filtered with a 1-h centred moving average. To quan-
tify differential motion between GPS receivers, relative inter-
GPS separation and the rate of separation were calculated
from the filtered positions at a 10-min interval.

2.2 Measuring seismic activity

The passive seismic array consisted of six GS-11-D geo-
phones with a natural frequency of 4.5 Hz and a bandwidth

of 5 to 1000 Hz, continuously recording micro-seismic veloc-
ity at a 1 kHz sampling rate on to a RefTek-130 digitiser. To
improve coupling with the ice, the geophones were mounted
on 15 kg concrete slabs (dimensions= 0.5× 0.25× 0.05 m),
buried to a depth of∼ 0.5 m and routinely reset every 3 to
5 days before they melted out.

The limited number of seismic stations together with the
large array aperture (1 to 2 km) and the high rate of seismic-
ity make it difficult to correlate particular onset times with
individual events. The inability to identify individual events
prevents the location of seismicity using standard methods
(e.g. Walter et al., 2008; Roux et al., 2010). Whilst Jones
et al. (2013) demonstrate that a technique based on ampli-
tudes may be used to locate such seismicity, the application
of this method is beyond the scope of this study.

In this study, the normalised root mean square (RMS) am-
plitude was calculated for each seismometer using an en-
velope function with 1-min time windows after applying a
2-pass, 4-pole Butterworth filter. The 5 to 50 Hz passband
of the Butterworth filter was selected to reduce both high-
frequency noise (> 50 Hz) associated with surface crevass-
ing (e.g.Neave and Savage, 1970) and any low frequencies
(< 5 Hz) associated with the instrument response. To iden-
tify step changes in seismicity, we calculated the normalised
cumulative (seismic) energy from the RMS amplitudes.

2.3 Measurements of lake dynamics

Two pressure transducers (P1 and P2, Solinst M15 Level-
ogger) were installed in Lake F, logging pressure in metres
of water head at two minute intervals with a specified accu-
racy of±1 cm (Fig.2). The records of P1 and P2 were com-
pensated for changes in atmospheric pressure using a third
Solinst Levelogger located at GPSNW.

Post-tapping, six transects were surveyed across the lake
bed with a Leica SR520 GPS receiver recording at 1 Hz. The
transects were differentially corrected and interpolated to
form a digital elevation model (DEM) of the lake bathymetry
with a grid spacing of 10 m. Time series of lake volume (V )
and discharge (Q) were calculated by combining the DEM
with the water-level data. We estimate the uncertainty in the
lake volume and discharge at± 8400 m3 and±130 m3 s−1,
respectively.

To extend the lake volume record, a time series of Lake F
volume was estimated from daily-acquired atmospherically-
corrected Moderate-resolution Imaging Spectroradiometer
(MODIS) images by applying the method ofBox and Ski
(2007). Uncertainty in this method was estimated at±15 %
by comparing MODIS-derived lake volumes with an inde-
pendently collected lake bathymetry dataset.

To investigate the extent and timing of rapid-draining lakes
within the Russell Glacier catchment, an automatic lake clas-
sification was applied to daily-acquired, cloud-free MODIS
images. Lakes were classified using the Normalised Differ-
ence Water Index (NDWI) following the method described
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in Huggel et al.(2002). An empirically determined NDWI
threshold was used to distinguish between water and other
objects with a low NDWI (e.g. ice with a low albedo). The
lake classification was trained using lake perimeter measure-
ments derived from Landsat 7 images and differential GPS
surveys. In combination with the NDWI threshold, thresh-
olds for both the red and blue bands were used to further
reduce misclassification of pixels with a similar spectral sig-
nal to water. Images with partial cloud cover were manually
inspected. We define rapid draining as lakes that disappear
within a 4-day interval, and the date of drainage as the mid-
point between the date it was last seen and the date it dis-
appeared. Typically, slow-draining lakes took much longer
to drain than the 4-day threshold, and there is a clear dis-
tinction between lakes that drain rapidly and those that drain
slowly. Figure1 shows the date of drainage of rapidly drain-
ing lakes and the maximum extent of all lakes across the Rus-
sell Glacier catchment in 2010. The drainage network shown
in Fig. 1 was created using hydrological modelling software
(ArcGIS hydrological toolkit) from a 30 m resolution DEM
derived from Syst̀eme Pour l’Observation de la Terre (SPOT)
data acquired on 2 July 2008.

2.4 Mapping hydraulic potential gradients

Basal and surface elevation DEMs collected by skidoo-based
radio echo sounding following the method ofPettersson et al.
(2011) were used to calculate the gradients of hydraulic
potential, assuming basal water pressures were everywhere
equal to the ice overburden pressure (Shreve, 1972). The re-
sulting hydraulic potential gradients (Fig.11) can only be
used to approximate the direction of subglacial water flow
due to the variability in subglacial water pressure and basal
hydraulic conductivity.

3 Results

3.1 Regional scale lake dynamics

Within Russell Glacier catchment in 2010, 45 % of the lakes
were classified as rapid (< 4 days) draining. The earliest
rapid drainage occurred in late May and the latest in mid-
July and in general lower-elevation lakes drained earlier than
those located at higher elevations. Rapid lake drainage events
occur in clusters; multiple lakes within the same elevation
band drain simultaneously (Fig.1). The rapid tapping of
Lake F coincided with the rapid drainage of several adjacent
lakes and an isolated peak (30 June to 2 July) in the discharge
of catchment-wide proglacial Watson River (see Fig. 8 ofvan
As et al., 2012).

3.2 Formation and drainage of Lake F

In 2010 Lake F began to form on 5 June, attaining its max-
imum extent on 24 June with an area of 4.5 km2 and a vol-
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ume of 1.8× 107 m3 (Fig. 3). Following the installation of
the pressure transducers on 26 June the lake volume steadily
decreased at a mean rate of 13.8 m3 s−1 from 1.1×107 m3 to
7.4×106 m3 immediately prior to rapid tapping. This period
of low discharge amounts to a volume of 3.6× 106 m3 and
could be entirely accounted for by supraglacial discharge into
Lake Z and moulin M4 (see Figs.1 and2). On 28 June 2010,
water from Lake F travelled through a slow-flowing series
of elongate ponds before a< 1 m wide supraglacial stream
fed the water into moulin M4. During the slow period of
drainage, the majority of water left Lake F via a 5-m-wide
supraglacial river feeding into Lake Z.

Rapid discharge (here defined asQ > 50 m3 s−1), associ-
ated with the tapping of the lake via in situ fracture propaga-
tion, occurred between 01:40 and 03:15 on the 30 June 2010
with the discharge peaking atQmax = 3300 m3 s−1 at 02:47.
Lake F had completely drained by 03:50. Immediately prior
to rapid tapping, Lake F had a maximum depth of 9.9 m, an
area of 3.8 km2 and a volume of 7.4× 106 m3.

3.3 Observations

On 29 June 2010, a healed crevasse, similar to Fig. S5 of
Krawczynski et al.(2009), was observed from the western
margin of the lake running through the lake in a W–E di-
rection. Closed moulins were observed in the approximate
positions of M1 and M5. It is likely that these relic features
were formed by lake tapping events in previous years.

At 04:50 on 30 June 2010, less than 2 h after the end of
rapid discharge,∼ 0.3 m deep standing water was observed
in the centre of the lake, overflowing across the clean-cut
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Fig. 4.Photos of Lake F post-drainage:(a) the main fracture 8 days
after lake tapping, showing the location of moulins M1 and M2 with
the deepest region of the lake located 10 m east of M2; and(b) the
largest moulin M1,∼ 10 m in diameter. Fallen ice blocks blocked
the moulin at 45 m below the surface.

edge of the main fracture F1. Fracture F2 was clean cut and
open by∼ 0.2 m.

On 1 July the location, dip and strike of fractures were
surveyed. The main fracture, F1, was mapped for 3 km but
extended beyond this as a thin (< 1 cm wide) crack. F1 and
F2 were sub-vertical, dipping towards the north and west,
respectively (Fig.2). Differential vertical displacement was
observed along F1 with the northern hanging wall displaced
typically 0.1 to 0.3 m (but up to 1 m near the centre of the
lake) above the southern foot wall. This structure can be in-
terpreted as a reverse dip-slip fault and evidence for trans-
verse (cross-flow) compression (Fig5a). The largest vertical
displacement was measured in the deepest region of the lake,
∼10 m east of M2.

Along F1 a number of ice blocks, detached from the ice
surface, had subsided into the fracture or been uplifted by
floatation (see Fig.4a). The structure of the subsided blocks
is that of a high-angle normal fault with a dropped 2 to 5 m
wide graben (Fig.5b). Normal faults are evidence for trans-
verse (cross-flow) extension across F1 (Cloos, 1955; Price
and Cosgrove, 1994). Similar supraglacial fracture structures
associated with hydraulic fracturing were observed following
the Skeiðárjökull and Śolheimaj̈okull jökulhaups in 1996 and
1999, respectively (see Fig. 12 ofRoberts et al., 2000).

Five moulins (M1 to 5) were also mapped on 1 July
(Fig. 2). The largest moulin (M1),∼ 10 m in diameter, was
explored to a depth of 45 m below the surface (Fig.4b). At
45 m depth M1 continued vertically downwards, but access
was restricted by fallen blocks of ice. Water entering M2
could be heard to flow englacially along F1 at a shallow depth
before descending vertically down M1.

The main∼ 5-m-wide supraglacial river flowing into Lake
F from the north was intercepted by a fracture, forming three
moulins collectively named M3 (Fig.2). The evolution of
the M3 moulins was observed over a number of days and is
consistent withStenborg(1968). Initially, water flowed into
the clean-cut fracture at three discrete points and began to
cut channels due to the frictional heat of melting. Over time
the channels became wider and deeper. The channel of the
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Fig. 5. Supraglacial fracture structures observed along F1:(a) a re-
verse dip-slip fault, dipping 82 to 85◦ to the north, with the north-
ern hanging wall vertically displaced above the southern foot wall,
is evidence for a compressional strain regime; and(b), a high-angle
normal fault with a dropped graben, is evidence for extension across
F1. Note the greater vertical offset of the northern wall compared to
the southern. The diagrams are based on field measurements inter-
preted with the aid ofPrice and Cosgrove(1994).

largest moulin incised the fastest and ultimately captured all
the flow. A similar evolution was observed for M2, which
also continued to receive water throughout the melt season.
Moulins M1 and M5 were not connected to supraglacial
streams after rapid tapping.

3.4 Ice displacement

The horizontal and vertical ice motion recorded by the GPS
receivers preceding, during and following the lake tapping
event are depicted on Fig.6. The first abnormal GPS motion
occurred on 29 June when GPSSE accelerated to the west,
concomitant with∼ 0.2 m of uplift. GPSNE and GPSSW
also accelerate, albeit with a lower magnitude. The northern
two GPS receivers (GPSNW and GPSNE) show anomalous
motion in the north–south plane, including transient reverse
ice flow at GPSNW. The mean daily vector for 29 June is
of a lower magnitude for the western GPS stations compared
to the eastern GPS stations, implying a compressive strain
regime that is also evident in the decreasing separations be-
tween GPS NW–SE, NW–NE and SW–SE (Fig.7a, b and f).

A detailed time series of discharge (Q), rate of discharge
(dQ/dt), uplift (Z) and rate of uplift (dZ/dt) is presented in
Fig. 8. At 01:15 on 30 June 2010 the uplift rate at GPSSW
suddenly increases, leading to a maximum 0.34 m of up-
lift at 02:09. In this period, GPSNW and GPSNE are up-
lifted by 0.07 m and 0.1 m, respectively, and there is no dis-
cernible uplift at GPSSE. Coincident with the start of rapid
discharge at 01:40, the uplift rate at GPSNW increases.
In the interval 01:40–02:00, the lake volume decreases by
1.75 × 105 m3 (2.4 % of the lakes pre-tapping volume) and
GPSNW and GPSSW move north-west (Fig.6a and b)
with slight compression (Fig.7c). At 02:00, GPSNW con-
tinues to move in the north–west direction, accelerating and
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reaching a maximum displacement to the north of 0.3 m. At
the same time (02:00), GPSSW reverses in direction, mov-
ing to the south–west (Fig.6b) coincident with a step in-
crease in the discharge (Fig.8a and b), seismicity (Fig.9),
uplift rate at GPSNW (Fig. 8c), and separation rate be-
tween all the GPS receivers with the exception of GPS SW–
SE (Fig. 7). Rapid separation continues until 03:00 when
GPSSW reverses to the north (Fig.6b) and GPSNW re-
verses to the south (Fig.6a), causing the separation rates to
become negative (Fig.7). The maximum dischargeQmax of
3300 m3 s−1 occurs at 02:47 simultaneous with the peak up-
lift rate at GPSNW of 0.8 m h−1 (Fig. 8). The maximum rel-
ative separation between GPS NW–SW, NW–SE, NW–NE
and SW–NE is attained at 03:00 (Fig.7), simultaneous with
a lull in seismicity across all six seismometers (Fig.9) and
a transient 1 m3 s−2 increase in the discharge rate (dQ/dt)
which remains negative (Fig.8b). At 03:00 there is a short-
lived (15-min) period of uplift at GPSSW. Post 03:00 inter-
GPS separations decrease as the discharge reduces. Rapid
discharge ends at 03:15 withV = 4.8× 104 m3 (0.65 % re-
maining). Peak uplift at GPSNW of 0.9 m is not reached un-
til 03:40. Following peak uplift, GPSNW subsides at a grad-
ually reducing rate (mean uplift rate of−0.07 m h−1) re-
maining 0.3 m above its pre-tapping elevation by the end of
30 June 2010. Accordingly, GPSSW, GPSSE and GPSNE
remain uplifted by 0.1, 0.18 and 0.24 m, respectively.

4 Interpretation and discussion

On the basis of the observations described above, the rapid
in situ tapping of Lake F on the 30 June 2010 can be decom-
posed into three episodes: (1) initial drainage (01:40–02:00);
(2) fracture opening (02:00–03:00); and (3) fracture closure
(03:00–03:15). The horizontal and vertical ice surface veloc-
ities during each episode are illustrated on Fig.10. These
episodes are bounded by the duration of rapid discharge and
it should be noted that closure of fractures extended beyond
03:15 (see Fig.7). The timings of each episode, together with
the time ofQmax, are indicated on Figs.6, 7 and8.

Episode 1 begins at the onset of rapid discharge and
ends when GPSSW changes direction to the south, causing
north–south extension across the lake (Fig.10a). In episode
1, a small (1.7× 105 m3, 2.4 % of the lakes pre-tapping vol-
ume) amount of water drains coincident with uplift concen-
trated at GPSSW and an increase in seismicity for the west-
ern half of the seismic array (S1–3, Fig.9). Little or no in-
crease in seismicity is recorded by the eastern seismometers
(S4–6, Fig.9).

As the fractures open in episode 2,Q rapidly increases
peaking at 02:47 (Qmax = 3300 m3 s−1) simultaneous to the
maximum rate of uplift at GPSNW (dZ/dt = 0.8 m h−1), in-
dicating that water rapidly attained the ice–bed interface
causing hydraulic ice–bed separation. The divergence of GPS
NW–SE, NW–SW, SE–NE and SW–NE (Fig.7a, c, d and
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e) are interpreted as the opening of the main fracture F1
(Fig. 10b). Likewise, short-term longitudinal (with-flow) ex-
tension between GPSNW and GPSNE of∼ 0.2 m (Fig.7b),
involving the reverse motion of GPSNE commencing at
02:00 (see Fig.6d), is interpreted as the opening of subsidiary
fracture F2. The opening of F2 involves the displacement
of GPSNE to the east up the bed slope (Fig.11). As soon
as discharge begins to decrease after 02:47 the force hold-
ing F2 open reduces and, aided by the bed slope, GPSNE
reverses in direction to the west (Fig.6d), closing F2. The
circular path of GPSNE during lake tapping (Fig.6d) can
be interpreted as the combined effect of fractures F1 and F2
opening and closing. In episode 2, 90 % (6.7× 106 m3) of
the lakes pre-tapping volume drained compared to just 6.8 %
(5.1× 105 m3) in episode 3.

At 03:00, the boundary between episodes 2 and 3, the frac-
tures attain their maximum width, and the short respite in
fracturing is coincident with a lull in seismicity evident in
the records for all six seismometers (Fig.9). This quiescence
suggests that seismicity is predominantly generated by the
opening and closure of fractures and not by water flow which
was continuing at a high rate (Q = 1450 m3 s−1).

Immediately after 03:00, there was a step increase in seis-
micity particularly evident at seismometer S4 (Fig.9j), as
the inter-GPS separation rates between GPS 1–3, 1–4, 1–
2, 3–4 and 2–4 became negative (Fig.7) as the fractures
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closed (Fig.10c). Episode 3 is characterised by decreasing
discharge and uplift (Fig.8). Following the end of rapid
discharge, the rate of closure reduces, but it takes several
hours before the inter-GPS separation rates stabilise (Fig.7).
We attribute the elevated seismicity post-03:15 (Fig.9) to
continuing fracture closure (Fig.10c) and the subsidence of
GPSNW and GPSNE (Fig.8c and f).

Following lake tapping, the inter-GPS separations
show a stable increase in length between GPS NW–
SW/blackbox[CE]For the consistency of all pages, please
change the hyphens to endashes in the directions within
Fig. 7 graphs and GPS SW–NE and a stable shortening
between GPS SW–SE and NW–SE (Fig.7). This supports
the observation of juxtaposed extensional and compressional
supraglacial fracture structures (Fig.5). The separation be-
tween GPS NW–NE and GPS SE–NE reduces to∼ 0 m by
12:00 on 30 June, suggesting the total closure of F2 and the
most eastern section of F1, respectively. This observation is

consistent with the small (cm-scale) fracture width measured
in the field.

The characteristics of the rapid tapping of Lake F are con-
sistent with Das et al. (2008), who observed the rapid (1.4 h)
drainage of a 4.4× 107 m3 supraglacial lake through 980 m-
thick ice on the western margin of the Greenland Ice Sheet
at 68.7◦ N. The reverse and circular motion of the singular
GPS station ofDas et al.are comparable to those of GPSNE
which was similarly located on westerly flowing ice, north
of a longitudinal (with-flow) fracture and west of a trans-
verse (cross-flow) fracture. The step increases in seismicity
observed during the tapping of Lake F (Fig.9) are also com-
parable (see Fig. S3 ofDas et al., 2008).

Prior to lake tapping, a healed crevasse consistent with
Fig. S5 ofKrawczynski et al.(2009), was observed running
from the western margin of the lake easterly towards its cen-
tre. Closed moulins were observed in the approximate posi-
tions of M1 and M5. It is likely that the healed crevasse and
the closed moulins are relic features formed during tapping
events in previous years. It is possible that the rapid tapping
in 2010 was the re-opening of fractures and moulins formed
in previous years; however, our observations do not reveal
whether tapping involved the formation of a new fracture or
the re-activation of a healed crevasse.

4.1 Initiation mechanism

Drainage of water into moulin M4, located to the west of
Lake F, during the slow-discharge period prior to rapid tap-
ping could theoretically cause localised uplift and accelera-
tion leading to longitudinal (with-flow) extension.Alley et al.
(2005) assert that the tensile stress caused by the accelera-
tion of downstream ice may be important for initiating hy-
drofractures. However, discharge into 1-m-wide M4 was rel-
atively low and prior to the tapping of Lake F there is no
evidence for longitudinal (with-flow) extension (Fig.7). On
the contrary, the two western GPS receivers (GPSNW and
GPSSW) were uplifted and accelerated several hours later
than the two eastern GPS receivers (GPSSE and GPSNE),
causing longitudinal (with-flow) compression across the lake
in the hours preceding lake tapping (Fig.7b and f).

The observation of a compressive strain regime prior to
lake tapping is in agreement withKrawczynski et al.(2009),
who found that water-filled crevasses can propagate without
longitudinal (with-flow) tension and that a given volume of
water has the propensity to propagate a water-filled crack fur-
ther in regions with less tension (or even slight compression),
as thinner cracks require less water to remain water filled.

Although it is possible that small drainage events were
masked by variations in supraglacial discharge, the lack
of notable changes in the lake volume prior to 01:40 on
30 June 2010 (Fig.8a) suggests that premonitory drainage
events as observed byBoon and Sharp(2003) did not occur.
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Fig. 11.Map of the hydraulic potential gradients and subglacial to-
pography for Lake F. The black arrows are vectors of hydraulic po-
tential gradient scaled by the metres of hydraulic potential change
per metre. The gradients of hydraulic potential were calculated as-
suming basal water pressures were everywhere equal to the ice over-
burden pressure. The lake margin immediately prior to lake tapping
is shown together with the locations of moulins, fractures and GPS
receivers. The contour interval for the basal topography is 10 m.

4.2 Hydraulic pathways

We assert that during lake tapping, discharge occurred along
most of the fractures’ lengths. Assuming first that the inter-

GPS separation is entirely a result of fracturing, and sec-
ond following Krawczynski et al.(2009) that the fractures
are parallel-sided with constant width, the fractures’ cross-
sectional area at the time of peak separation (03:00) can be
estimated. Interpolating the maximum separation between
GPS NW–SW, NW–SE, SW–NE and SE–NE gives a peak
fracture width averaged over F1’s 2.6 km-wetted-length of
0.4 m and an estimated maximum cross-sectional area of
842 m2. This fracture width agrees well with the modelling
results ofKrawczynski et al.(2009) that suggest an idealised
conical lake of a similar size to Lake F (diameter= 2.2 km,
area= 3.8 km2) would drain via a 0.4-m-wide fracture across
the width of the lake in∼ 2 h. The maximum cross-sectional
area of F2 is estimated at 140 m2. Combined, F1 and F2
have a total cross-sectional area at 03:00 of 982 m2. Dividing
the discharge at 03:00 (Q = 1450 m3 s−1) by the combined
cross-sectional area gives a mean flow velocity of 1.5 m s−1.
Hence, due to the length of the fractures, rapid discharge
can be achieved by combining reasonable water velocities
with sub-metre fracture widths. Assuming an ice thickness
of 1100 m, the total volume of the fractures at 03:00 is
1.1× 106 m3, or 15 % of the lake volume prior to tapping.
The actual volume of water that drained between 01:40 and
03:00 was much larger at 6.8× 106 m3.

During rapid discharge the frictional heat of turbulent flow
would preferentially melt the sections of the fracture trans-
porting the greatest flux, leading to the concentration of flow
(Walder, 1982) and the development of moulins. There is a
clear distinction between moulins that formed during rapid
discharge and moulins that formed afterwards. Immediately,
post-tapping moulins M1 and M5 were fully formed but dry
whilst moulins M2 and M3 were clean-cut fractures accept-
ing water. We assert that discharge was initially concentrated
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down the largest (∼10 m diameter) moulin M1 (Fig.4b).
When the water level fell below the elevation of M1 surface
water flow would have been concentrated through F1 in the
deepest region of the lake,∼10 m east of M2 (Fig.2).

At 04:50 on 30 June 2010,< 2 h after rapid tapping, there
were no supraglacial channels in the lake bed. A shallow
(∼ 0.3 m deep) pond of water in the deepest region of the
lake was overflowing the clean cut edge of F1. Over a num-
ber of days, channels formed by the frictional heat of pref-
erential water flow, concentrating water flow into discrete
moulins. Continued water flow into moulins would work to
keep moulins open for the remainder of the melt season. On
1 July, sections of the fracture were water filled and wa-
ter draining into moulin M2 could be heard to flow later-
ally along F1 at a shallow depth before draining into moulin
M1, suggesting that post-tapping large sections of the frac-
ture were closed.

4.3 Vertical ice surface motion

Ice surface uplift is typically attributed to bed-parallel mo-
tion, vertical strain and ice–bed separation due to high sub-
glacial water pressures (Hooke et al., 1989). Fault displace-
ment (Fig.5) may also cause vertical ice motion (e.g.Walder
et al., 2005). All four factors must be considered when inter-
preting the vertical motion of a GPS receiver installed on the
ice surface.

The bed slope within the study area is highly variable
(Fig. 11) and may be responsible for some of the differential
ice motion (Fig.6). In contrast to the smooth vertical mo-
tion of GPSNW, GPSSE and GPSNE the vertical motion
of GPSSW is characterised by sudden steps coincident with
the start and end of the fracture opening episode. GPSSW
is located on the strongest subglacial gradient of all the GPS
receivers, south of a conical subglacial peak (see Fig.11).
Horizontal motion along the inclined bed slope can satisfac-
torily explain the vertical motion of GPSSW. At 00:00 on
30 June 2010 the trajectory of GPSSW was perturbed to
the north-west, coincident with∼5 cm of uplift. This ver-
tical motion can be explained by north-westerly motion up
the bed slope (Fig.11). The subsequent southerly-motion of
GPSSW down the bed slope between 02:00 and 03:00 is
coincident with subsidence. This lowering is simultaneous
with uplift at GPSNW, GPSSE and GPSNE, suggesting
that the water delivered to the bed during rapid discharge did
not access the bed beneath GPSSW. Finally, at 03:00 when
GPSSW moves north up the bed slope there is a second low
magnitude (10 cm) period of uplift exclusive to GPSSW.

Sugiyama et al.(2008) observed the greatest uplift near
to the drainage centre during the subglacial drainage of ice-
marginal lake Gornersee in Switzerland and we therefore
assert, likeDas et al.(2008), that surface uplift was likely
greater near the centre of the lake. The highest-magnitude up-
lift observed in this study of 0.9 m by GPSNW is the most
consistent with the 1.2 m of uplift measured byDas et al..

The bed slope underneath GPSNW slopes down towards
the north-west (Fig.11) so north-west acceleration during
the fracture opening episode is not responsible for the ob-
served uplift at GPSNW. Vertical strain cannot account for
the uplift as extension (which would cause thinning and low-
ering) was observed for all the inter-GPS separations involv-
ing GPSNW during this episode (Fig.7a, b, c). Fault dis-
placement in the form of vertical offset of the fracture walls
in a reverse dip-slip fault is attributed to compressional strain
(Fig. 5b) which is unlikely to have occurred during the frac-
ture opening episode when all inter-GPS separations were
extensional (Fig.7). As neither motion along an inclined bed
slope, vertical strain or fault displacement can explain the ob-
served vertical motion of GPSNW during the fracture open-
ing episode, the uplift at GPSNW can be attributed to ice–
bed separation resulting from high subglacial water pressures
caused by the delivery of a large quantity (6.7× 106 m3 or
90 % of the lakes pre-tapping volume) of water to the ice–
bed interface.

4.4 Subglacial water routing

We argue subglacial water delivered to the ice–bed interface
along F1 would be preferentially routed through a subglacial
valley to the north-west (Fig.11) . Field measurements of the
fracture structure and the differential motion of the GPS re-
ceivers support this assertion. Based on the locations of F1
and F2, we can conceptualise the ice mass structurally into
three semi–independent blocks: the southern, north-eastern
and north-western. The direction of dip of sub-vertical frac-
tures F1 and F2, to the north and west respectively (see
Figs. 2 and 5), together with the permanent offset of the
northern hanging wall above the southern foot wall of F1,
suggest that during the fracture opening episode, the north-
western block was preferentially uplifted and ejected to the
north-west. This is consistent with the observation of the
greatest horizontal and vertical motion of the north-western
block on which GPSNW was located (Fig.6a and e) and
the highest rate of seismicity recorded by the most western
seismometers (S1–3, Fig.9). In contrast to the slow subsi-
dence of GPSNW, GPSSE and GPSNE following the end
of rapid discharge, the vertical motion of GPSSW rapidly re-
turned to a steady height (Fig.8), suggesting that water was
not routed or stored at the bed in this area.

5 Conclusions

Detailed measurements of ice surface motion, discharge
and seismicity during the rapid in situ drainage of a large
annually-tapping supraglacial lake through kilometre-thick
ice on the western margin of the Greenland Ice Sheet
contribute to the currently limited knowledge of rapid
supraglacial lake tapping events.
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Horizontal ice motion during lake tapping is dominated by
ice tectonic deformation involving the transient opening and
closure of multiple fractures. We assert that during rapid dis-
charge, water flowed down most of the fractures’ lengths.
By reconstructing the peak cross-sectional area of the frac-
tures from the inter-GPS separations, we find that the frac-
tures’ kilometre-scale lengths allow rapid discharge to be
achieved by combining reasonable water velocities with sub-
metre fracture widths.

The maximum uplift rate of 0.8 m h−1 occurred simulta-
neously with the maximum discharge of 3300 m3 s−1 pro-
viding evidence that water rapidly attained the ice–bed in-
terface, raising subglacial water pressures above overburden
over a large area of the bed. Basal topography and the gra-
dient of hydraulic potential exerted control on water routing,
horizontal ice motion and uplift. The greatest horizontal dis-
placement and vertical uplift was observed above the prefer-
ential subglacial drainage route. Lake tapping events rapidly
deliver large pulses of surface water to the bed of the Green-
land Ice Sheet, causing transient ice–bed separation and ac-
celeration; however, it remains unclear what impact this wa-
ter delivery will have on the annual ice flux.
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Abstract We present surface velocity measurements from a high-elevation site located 140 km from the
western margin of the Greenland ice sheet, and ~ 50 km into its accumulation area. Annual velocity increased
each year from 51.78 ± 0.01myr�1 in 2009 to 52.92 ± 0.01m yr�1 in 2012—a net increase of 2.2%. These data
also reveal a strong seasonal velocity cycle of up to 8.1% above the winter mean, driven by seasonal melt and
supraglacial lake drainage. Sole et al. (2013) recently argued that ice motion in the ablation area is mediated
by reduced winter flow following the development of efficient subglacial drainage during warmer, faster,
summers. Our data extend this analysis and reveal a year-on-year increase in annual velocity above the
equilibrium line altitude, where despite surface melt increasing, it is still sufficiently low to hinder the
development of efficient drainage under thick ice.

1. Introduction

Our knowledge of the dynamics of the Greenland ice sheet (GrIS) has improved markedly over the last de-
cade. The recent observation that reduced winter velocities offset faster summer velocities in warmer years
[Sole et al., 2013], consolidated the seemingly contradictory findings that the magnitude of the summer
acceleration correlates with surface melt intensity [Zwally et al., 2002], yet the long-term trend is of a slight
decline in annually-averaged flow despite an increasingly negative surface mass balance [van de Wal et al.,
2008]. Sole et al. [2013] argued that this regulating reduction in winter motion is caused by the evolution of a
larger, more extensive subglacial drainage system in warmer summers, which drains regions of high basal
water pressure and increases subsequent ice-bed coupling and traction. Although this process may hold for
marginal areas of the ice sheet that experience intense summer surface melt and extensive delivery of
meltwater to the basal interface (where the data supporting the hypothesis of Sole et al. [2013] were col-
lected), it may be less effective at higher elevations, where melt rates are lower and ice thicknesses greater.
Hence, we hypothesize that there exists an inland zone, most likely within and around the wet snow zone,
that is characterized by enough surface melt to induce a seasonal acceleration but which is insufficient to
develop the effective subglacial drainage required to regulate this acceleration through subsequent reduced
winter flow. Although it has been speculated that the inland expansion of melt and supraglacial lakes (SGLs)
will influence ice motion in this difficult to access zone [e.g., Howat et al., 2013; Liang et al., 2012], to date,
velocity data have not been available to test this hypothesis. Field-based Global Positioning System (GPS)
measurements are currently the only method capable of determining long-term changes in flow within the
ice sheet’s interior; remote-sensing techniques fail due to a lack of coherence [e.g., Joughin et al., 2010].

In this paper, we present a 5 year (September 2008–September 2013) time series of ice surface velocity
measurements recorded by a dual-frequency GPS receiver located within the accumulation area. The aims of
this analysis are (i) to report and evaluate the nature of the site’s velocity record, particularly in relation to
seasonality and interannual change and (ii) to evaluate the transferability of the self-regulation model of Sole
et al. [2013] to higher elevations within the ice sheet’s interior.

2. Data and Methods

We applied rigorous processing to dual-frequency GPS data sampled at a 10 s interval from September 2008
onward by a receiver deployed at the highest site (S10) on the land-terminating K-transect in West Greenland
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(Figure 1). S10 (N67.00°, W47.02°) is colocated with an automated weather station at 1840mabove sea level
(asl), 140 km from the icemargin andmore than 50 km inland from the 21-year-meanmass balance equilibrium
line altitude (ELA) of 1553masl, as estimated by van de Wal et al. [2012]. These data, from five contrasting melt
seasons (2009 to 2013), encompass high seasonal and interannual variability in melt conditions. Periods of
power outage reduced the continuity of GPS measurements prior to April 2011. Although these outages do
not degrade the long-term velocity record, they prevent analysis of transient velocity variations during the
summers of 2009 and 2010 (Figure 2a). Long-term trends in velocity are reported using summer (1 May to
10 September), winter (10 September to 1 May), and annual (1 May to 1 May) periods. These surface
velocity data are compared with contemporaneous meteorological variables [van As et al., 2012], proglacial
discharge [Hasholt et al., 2013], and SGL data [Fitzpatrick et al., 2014]. Further details of the methods
employed are given in the supporting information.

3. Results

The mean rate of ice motion at S10 between September 2008 and September 2013 was 52.26 ± 0.01m yr�1

to the west (274.5°). Over this period, ice flow was consistently faster during the summer than the winter, and
in the years with available data, the timing and amplitude of the seasonal velocity cycle correlates with the
duration and intensity of the melt season (Figure 2). In 2011 and 2012, initial accelerations in May of ~ 1%
above the mean winter velocity (51.89myr�1), were followed by larger (5.2% in 2011 and 8.1% in 2012) and
longer, midsummer velocity increases between June and September (Figure 2a). In the cooler 2013 summer,
although still apparent, this seasonal pattern was retarded with a small initial acceleration of 1.3 to 1.7% above
the winter mean persisting for longer into July before flow increased to 4.6% above winter values in early
August (Figure 2a). Maximum velocity occurred in early August and in years with available data velocities
returned to mean winter values, or below, by the end of September (Figure 2a). These patterns are consistent
with previous observations from Greenland [Fitzpatrick et al., 2013; Joughin et al., 2010; Joughin et al., 2008;
Zwally et al., 2002], which reveal that ice flow gradually increases over winter from an all year minimum in
autumn. Within error, no short-term variation in surface elevation was detected, which lowered commensurate
with downslope ice motion at a mean rate of 1.08± 0.06myr�1 (Figure S1).

Our velocity record from S10 (Figures 2a and 3a) supports observations of faster summer flow during warmer
years [e.g., Zwally et al., 2002; Sole et al., 2013]. Mean summer velocity increased during successively warmer
years, from 51.82 ± 0.04m yr�1 in 2009 to 52.66 ± 0.04myr�1 in 2010 and 52.94 ± 0.04m yr�1 in 2011, and was
notably higher (53.96 ± 0.04m yr�1) during the record melt year of 2012 (Figure 3a). In contrast to previous
studies [e.g., van de Wal et al., 2008], we also find evidence for a long-term increase in ice velocity at S10.
Summer of 2013 was still the second fastest (53.18 ± 0.04m yr�1) on record despite cool conditions, and the
previous winter velocity of 52.33 ± 0.02myr�1 was substantially above average—even exceeding the 2009
mean summer velocity by 0.5myr�1. Excluding winter 2010/2011, year-on-year winter flow accelerated by
~ 0.05 ± 0.03m yr�2 between 2009 and 2012 (Figure 3a; Table S1). These cumulative trends in summer and
winter flow yield a long-term increase in mean annual surface velocity at S10 (Figure 3a; Table S2).

Figure 1. Cross section of Russell Glacier catchment showing the locations of the GPS sites, including S10 of this study and Site 7 of Sole
et al. [2013]. The surface elevation is from Howat et al. [2014], the bed topography is from Bamber et al. [2013], and the basal thermal
regime is conceptual. Themaximum SGL and stream extent between 2002 and 2012, adapted from Fitzpatrick et al. [2014], and themean
1990–2011 ELA of 1553m asl [van de Wal et al., 2012] are also shown. The black box on the inset map shows the location of the study area
in Greenland.
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4. Discussion

Drawing on existing glaciohydrological theory, Sole et al. [2013] posited that enhanced ice motion across the
ablation area during warmer summers is offset by reduced winter velocities caused by the drainage of areas of
high basal water pressure by larger and more extensive subglacial channels. Our observations at S10 of higher
winter velocities following warmer, faster summers, and the ensuing year-on-year increase in net flow
(Figure 3a), contrasts with these findings of Sole et al. [2013], which are based on the analysis of GPS data from
sites within the ablation area. The year-on-year annual flow acceleration measured at S10 (1840m asl) is,
however, consistent with their uppermost GPS site (Site 7; 1715masl), which is also located above the ELA
(Figure 4). Between 2009 and 2012, the mean annual (May to May) increase in velocity at S10 of 0.7% per year is
directly comparable to the 0.9% increase per year between 2009 and 2011 at Site 7 of Sole et al. [2013]. The
seasonal variations in velocity—the percentage summer increase above the subsequent wintermean—are also
similar, with the 0.1% (2009), 1.8% (2010), 2.0% (2011), and 3.0% (2012) measured at S10 comparable to, though
expectedly lower than the 0.2% (2009), 7.2% (2010) and 6.9% (2011) seasonal accelerations measured at Site 7.

We argue that although the observations of net flow acceleration at S10 and Site 7 conflict with the main
conclusions of Sole et al. [2013], they remain compatible with generalized glaciohydrological theory [e.g.,
Fountain and Walder, 1998; Hubbard and Nienow, 1997; Iken and Truffer, 1997; Rothlisberger and Lang, 1987;
Schoof, 2010] by considering the reduced likelihood of developing an effective subglacial drainage system in
the ice sheet’s interior. Such development will be hindered by at least two factors. First, lower rates of surface
meltwater production and runoff over a shorter melt season at higher elevations result in substantially lower
volumes of melt being delivered to the ice sheet’s basal drainage system [van As et al., 2012], thereby re-
ducing the capacity of that system to develop an efficient network [Pimental and Flowers, 2010; Schoof, 2010].
Second, across and above the ELA, and away from the relatively thin ablation area, ice thickness exceeds
1200m [Bamber et al., 2013, Figure 1]. At S10, radio echo sounding indicates an ice thickness of 1590 ± 17m.
Under these conditions, high overburden pressures at the bed would theoretically force rapid (~ 1 h at S10)
creep closure of any subglacial channel or cavity not completely pressurized to overburden [e.g., Nye, 1953;
Hooke et al., 1990; Chandler et al., 2013]. This compares with several days for creep-closure of ice of a few
hundred meters thickness at the margin [Nye, 1953; Chandler et al., 2013]. Both of these inferences are
supported by recent observations. Repeat tracing experiments suggest that (i) an efficient, channelized
subglacial drainage system does develop during the melt season up to at least 41 km from the ice margin,
(ii) that this system is pressurized more than 7 km from the margin, and (iii) that an inefficient, distributed
drainage system is likely to dominate further inland [Chandler et al., 2013]. Furthermore, at two sites, 17 and
34 km from the ice margin, Meierbachtol et al. [2013] observed continuously high borehole water pressures,
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which, although spatially limited, are inconsistent with drainage through an extensive network of low-pressure
channels. Given these theoretical inferences and limited observations from up to 50 km from the icemargin, it is
plausible that the mechanism of self-regulation invoked by Sole et al. [2013] across the ablation area is not
prevalent at higher elevations within the ice sheet’s interior.

The five contrasting melt seasons analyzed in this study provide an opportunity to examine the dynamic
response of the GrIS’s interior to variations in atmospherically forced melt, which we characterize using
positive degree days (PDDs) and proglacial discharge (Figure 3). For the five melt seasons (2009 to 2013) the
respective total PDDs at S10 were 21.7, 42.0, 21.9, 53.1, and 15.1°C (Figure 3b). The corresponding totals in
proglacial discharge of 2.5, 5.3, 4.0, 6.8, and 2.4 km3 show a similar interannual variation as the PDD sum
(r2 = 0.96, p= 0.01), with the exception of 2011 when discharge was disproportionately large (Figure 3c; Table
S5). The fastest annual and summer flow at S10 occurred in 2012: a record melt season [Nghiem et al., 2012]
distinguished by unprecedented proglacial discharge and the highest PDD sum at S10 (Figure 3). In contrast,
the year with the lowest annual and summer velocity, 2009, had the second lowest PDD sum (21.9°C) and
proglacial discharge (Figure 3). Comparing the S10 velocities during the two coldest years (2009 and 2013) re-
veals that the PDD sum cannot, however, fully explain the interannual variations in velocity at S10. During 2009
(second coldest), velocities were low and the seasonal variation was minimal (0.1%). In contrast, the coldest
summer of 2013 was the second fastest with a distinct, albeit lagged, seasonal acceleration (Figures 2a and 3).

A lack of observable crevasses, moulins, and seasonal surface uplift (Figure S1) indicates that surface water is
unlikely to be accessing the bed directly beneath S10. Nevertheless, strain perturbations can be transmitted
on the order of tens of kilometers by longitudinal (along-flow) stress-gradient coupling [Hindmarsh, 2006;
Kamb and Echelmeyer, 1986; Price et al., 2008]. Hence, the flow perturbations at S10 could have their origin
down glacier where the presence of crevasses, rapidly draining SGLs, and moulins indicate that surface
meltwater is directly accessing the bed. Although melt is inherently diffuse, the delivery of surface water to
the bed is focused—in both space and time—by SGL drainage. Indeed, it is widely recognized that SGLs,
which have formed at successively higher elevations during warmer summers over the last three decades
[Fitzpatrick et al., 2014; Howat et al., 2013; Liang et al., 2012, Figure S2], play an important role in establishing
the hydraulic pathways that enable surface water to directly access the ice-bed interface through kilometer-
thick ice [e.g., Das et al., 2008; Doyle et al., 2013].

In West Greenland, the elevation of the highest SGL increased from 1670masl in the mid-1980s to above
1800masl in 2011—representing an inland expansion of SGLs of 30 km that closely tracked the rising ELA
[Howat et al., 2013]. The elevation of the highest SGL in our study area increased from 1689masl in 2009 to
1790masl in 2010 and 1827masl in 2011, where it reformed in 2012 and 2013 (Figure S2). That no higher
SGLs formed during the record melt year of 2012 compared to 2011 suggests a limit or pause in the inland
expansion of SGLs. Although it has been suggested that the paucity of surface depressions in the interior may
hinder the formation of SGLs [Howat et al., 2013], it is also possible that the storage capacity of the firn has not
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yet been attained at these higher elevations [Harper et al., 2012]. That the same high-elevation SGLs formed
again in the relatively cold year of 2013 does, however, suggest that SGLs are self-sustaining—possibly
through deepening of the lake bed by increased radiation absorption, and through the establishment of a
surface drainage network, which feeds them and persists from year to year. Hence, once established, SGLs
appear to reform readily in the same, high-elevation surface depressions in subsequent summers even if
significantly cooler.

In our study area, the spatial extent of SGLs above 1400masl (hereafter termed the high-elevation SGL ex-
tent), which increased each year from 2009 to 2012, appears to scale with ice motion at S10 (Figure 3). The
high-elevation lake extent shows significant positive correlation (r2> 0.9; p< 0.1) with mean summer, winter,
and annual velocities at S10 (Table S5). The rate of inland SGL expansion even surpassed increases in atmo-
spheric forcing. For example, despite a lower PDD sum in 2011, high-elevation SGLs were still more extensive
than they were in 2010 (Figure 3). Annual total proglacial discharge was also disproportionately large in 2011
relative to the PDD sum (Figure 3). This disparity can be explained by abnormally low snowfall during the
previous winter [Box et al., 2011] and the progressive interannual decline in surface albedo [Box et al., 2012],
which increased melt generation and runoff disproportionately at high elevations during 2011 [Box et al.,
2011; van de Wal et al., 2012]. Furthermore, the areal extent and upper limit of high-elevation SGLs was ab-
normally large during the relatively cold 2013melt season (Figures 3d and S2). Hence, together with an inland
migration of the ELA [van de Wal et al., 2012] and the associated decrease in storage and refreeze potential of
the firn, we suggest that low snowfall and surface albedo were responsible for the disproportionate increase
in melt and SGL formation at high elevations between 2009 and 2013.

As SGLs expand inland, surface water may reach new areas of the bed, increasing the energy flux to this
potentially frozen basal zone. It has also been hypothesized that the latent and sensible heat released by
refreezingwill warm the ice sheet, reducing its viscosity and enhancing internal deformation [Phillips et al., 2010].
The increase in mean winter velocity at S10 following the exceptional 2012 melt season (Figure 3a)—which
cannot be directly attributed to surface melt water accessing the bed during winter—could reflect such
changes in rheology or basal conditions [Phillips et al., 2010]. That annual ice velocity was faster at S10 during
the record melt year of 2012 compared to the relatively cold year of 2009 is at odds with the observations of
Tedstone et al. [2013] from the ablation area, which extend the time series of Sole et al. [2013] into 2012.
Furthermore, the subsequent winter (2012/2013) at S10 was substantially faster (52.33 ± 0.02myr�1) than all
previous winters (mean= 51.78 ± 0.02myr�1) and even exceeded the 2009 summer mean. These results
suggest that the exceptional runoff during the 2012 melt season caused a fundamental change in basal
conditions and ice dynamics in the vicinity of S10. Possible explanations include increased water storage at
the bed following the 2012 melt season resulting in sustained higher subglacial water pressures and reduced
basal traction, or increased energy flux into this potentially frozen zone, warming the ice, enhancing internal
deformation, and/or decoupling frozen sticky spots. Thus, although summer flow acceleration at S10 reveals a
direct response to surface meltwater production, the important observation that winter flow is also increasing
suggests a longer-term structural change in the subglacial hydrothermal regime, possibly associated with

Figure 4. Annual velocity at Site 7 of Sole et al. [2013] and S10. The center axes show the speed above the respective 2009 velocity.
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an increased flux of meltwater and energy to the ice-bed interface. Further and more direct observations
(e.g., borehole instrumentation and repeat geophysical surveys to determine changes in the material and
thermal properties of the bed) would be required to explain definitively why the velocity at S10 increased
between 2009 and 2012, especially with regard to the increase in mean winter velocity following the
exceptional melt in summer 2012.

Although the 2.2 % net velocity increase at S10 between 2009 and 2012 is modest, it should be noted that it
has been previously assumed [e.g., Colgan et al., 2009; 2012; Phillips et al., 2013] that the ice sheet’s interior
does not experience any variation in flow. The implicit assumption in these studies is that ice motion can be
attributed to internal deformation alone, which would not be expected to vary on short, seasonal timescales.
Furthermore, from mass continuity considerations, as the ice thickness at S10 (1590m) greatly exceeds that
closer to the margin, the impact of any given net change in ice flow on mass flux here will be substantially
greater compared to downstream zones, nearer the ice margin. Finally, although these observations of a
year-on-year increase in annual velocity are limited to just two locations above the ELA (and we are unaware
of any other GPS observations from this interior zone of the ice sheet), we speculate that such behavior could
be pervasive over a broader lateral swath of the ice sheet’s wet snow zone, since flow in this interior region
may be less constrained by basal topography, which channels flow into distinct outlet units within the
ablation zone [Palmer et al., 2011; Fitzpatrick et al., 2013; Joughin et al., 2008; 2010].

5. Conclusions

A 5 year time series of surface velocity measurements from a GPS receiver located 140 km from the icemargin
reveals that seasonal variations in ice motion, of up to 8% above the winter mean, occur at least 50 km
upglacier of the long-term mean ELA. Summer velocities at this site reflect variations in surface melt modu-
lated by SGL drainage. The year-on-year increase in annual velocities at S10 between 2009 and 2012 suggests
that an increased penetration of water to the ice-bed interface at successively greater distances from the ice
margin is driving faster ice motion at high elevations on the GrIS.

Two distinct patterns of ice dynamic response to atmospheric forcing have now been observed. In the
ablation area, Sole et al. [2013] argued that channelized subglacial hydrology regulates ice flow through
reduced winter velocities following warmer, faster summers. Above the ELA, we find that winter, summer,
and annual velocities followed an increasing trend between 2009 and 2013. Finally, in accordance with
Truffer et al. [2005], we caution against extending observations from Alaskan glaciers [Burgess et al.,2013],
as well as from the ablation zone [Sole et al.,2013; Tedstone et al.,2013] to interior regions of the GrIS,
where greater ice thickness and lower melt precludes the development of efficient subglacial drainage
and its regulating influence on ice flow.

References
Bamber, J. L., et al. (2013), A new bed elevation dataset for Greenland, Cryosphere, 7(2), 499–510, doi:10.5194/tc-7-499-2013.
Box, J. E., et al. (2011), Greenland ice sheet, in Arctic Report Card 2011, edited by J. Richter-Menge, M. O. Jeffries, and J. E. Overland, pp. 117–138.

[Available at http://www.arctic.noaa.gov/report11/.]
Box, J. E., X. Fettweis, J. C. Stroeve, M. Tedesco, D. K. Hall, and K. Steffen (2012), Greenland ice sheet albedo feedback: Thermodynamics and

atmospheric drivers, Cryosphere, 6(4), 821–839, doi:10.5194/Tc-6-821-2012.
Burgess, E. W., C. F. Larsen, and R. R. Forster (2013), Summer melt regulates winter glacier flow speeds throughout Alaska, Geophys. Res. Lett.,

40, 6160–6164, doi:10.1002/2013GL058228.
Chandler, D. M., et al. (2013), Evolution of the subglacial drainage system beneath the Greenland ice sheet revealed by tracers, Nat. Geosci.,

6(3), 195–198, doi:10.1038/Ngeo1737.
Colgan, W., H. Rajaram, R. Anderson, K. Steffen, J. Zwally, T. Phillips, and W. Abdalati (2012), The annual glaciohydrology cycle in the ablation

zone of the Greenland ice sheet: Part 2. Observed and modeled ice flow, J. Glaciol., 58, 51–64, doi:10.3189/2012JoG11J081.
Colgan, W. T., T. P. Phillips, R. S. Anderson, H. J. Zwally, W. Abdalati, H. Rajaram, and K. Steffen (2009), Similarities in basal sliding between

Greenland and Alpine Glaciers, Eos Trans. AGU, 90(52), Fall Meet. Suppl., Abstract C23B-0499. [Available at http://adsabs.harvard.edu/abs/
2009AGUFM.C23B0499C.]

Das, S. B., I. Joughin, M. D. Behn, I. M. Howat, M. A. King, D. Lizarralde, and M. P. Bhatia (2008), Fracture propagation to the base of the
Greenland ice sheet during supraglacial lake drainage, Science, 320(5877), 778–781, doi:10.1126/science.1153360.

Doyle, S. H., A. L. Hubbard, C. F. Dow, G. A. Jones, A. Fitzpatrick, A. Gusmeroli, B. Kulessa, K. Lindback, R. Pettersson, and J. E. Box (2013), Ice
tectonic deformation during the rapid in situ drainage of a supraglacial lake on the Greenland ice sheet, Cryosphere, 7(1), 129–140,
doi:10.5194/Tc-7-129-2013.

Fitzpatrick, A., A. L. Hubbard, I. R. Joughin, D. J. Quincey, D. van As, A. P. B. Mikkelsen, S. H. Doyle, B. Hasholt, and A. G. Jones (2013), Ice flow
dynamics and surface meltwater flux at a land-terminating sector of the Greenland ice sheet, J. Glaciol., 59(216), 687–696, doi:10.3189/
2013JoG12J143.

Acknowledgments
This research was funded by SKB-Posiva
through the Greenland Analogue
Project (Subproject A) and UK
Natural Environmental Research
Council grant NE/G005796. We thank
UNAVCO, MIT, Matt King, Katrin
Lindback, and Heidi Sevestre for
help with data collection and
processing. S.H.D. was supported
by an Aberystwyth University
doctoral scholarship.

The Editor thanks Peter Jansson and an
anonymous reviewer for their assistance
in evaluating this paper.

Geophysical Research Letters 10.1002/2013GL058933

DOYLE ET AL. ©2014. American Geophysical Union. All Rights Reserved. 6



Fitzpatrick, A. A. W., A. L. Hubbard, J. E. Box, D. J. Quincey, D. van As, A. P. B. Mikkelsen, S. H. Doyle, C. F. Dow, B. Hasholt, and G. A. Jones (2014),
A decade (2002 – 2012) of supraglacial lake volume estimates across Russell Glacier, West Greenland, Cryosphere, 8, 107–121, doi:10.5194/
tc-8-107-2014.

Fountain, A. G., and J. S. Walder (1998), Water flow through temperate glaciers, Rev. Geophys., 36(3), 299–328, doi:10.1029/97rg03579.
Harper, J., N. Humphrey, W. T. Pfeffer, J. Brown, and X. Fettweis (2012), Greenland ice-sheet contribution to sea-level rise buffered by

meltwater storage in firn, Nature, 491(7423), 240–243, doi:10.1038/nature11566.
Hasholt, B., A. B. Mikkelsen,M. H. Nielsen, andM. A. D. Larsen (2013), Observations of runoff and sediment and dissolved loads from theGreenland

ice sheet at Kangerlussuaq, West Greenland, 2007 to 2010, Z. Geomorphol., 57(Suppl. 2), 3–27, doi:10.1127/0372-8854/2012/S-00121.
Hindmarsh, R. C. A. (2006), The role of membrane-like stresses in determining the stability and sensitivity of the Antarctic ice sheets: Back

pressure and grounding line motion, Philos. Trans. R. Soc., A, 364(1844), 1733–1767, doi:10.1098/Rsta.2006.1797.
Hooke, R., T. Laumann, and J. Kohler (1990), Subglacial water pressures and the shape of subglacial conduits, J. Glaciol., 36(122), 67–71.
Howat, I. M., S. de la Peña, J. H. van Angelen, J. T. M. Lenaerts, and M. R. van den Broeke (2013), Brief communication: “Expansion of meltwater

lakes on the Greenland ice sheet”, Cryosphere, 7, 201–204, doi:10.5194/tc-7-201-2013.
Howat, I. M., A. Negrete, and B. E. Smith (2014), The Greenland Ice Mapping Project (GIMP) land classification and surface elevation datasets,

Cryosphere Discuss., 8, 453–478, doi:10.5194/tcd-8-453-2014.
Hubbard, B., and P. Nienow (1997), Alpine subglacial hydrology, Quat. Sci. Rev., 16(9), 939–955, doi:10.1016/S0277-3791(97)00031-0.
Iken, A., and M. Truffer (1997), The relationship between subglacial water pressure and velocity of Findelgletscher, Switzerland, during its

advance and retreat, J. Glaciol., 43(144), 328–338.
Joughin, I., S. B. Das, M. A. King, B. E. Smith, I. M. Howat, and T. Moon (2008), Seasonal speedup along the western flank of the Greenland ice

sheet, Science, 320(5877), 781–783, doi:10.1126/science.1153288.
Joughin, I., B. E. Smith, I. M. Howat, T. Scambos, and T. Moon (2010), Greenland flow variability from ice-sheet-wide velocity mapping,

J. Glaciol., 56(197), 415–430, doi:10.3189/002214310792447734.
Kamb, B., and K. A. Echelmeyer (1986), Stress-gradient coupling in glacier flow: I. Longitudinal averaging of the influence of ice thickness and

surface slope, J. Glaciol., 32(111), 267–298.
Liang, Y. L., W. Colgan, Q. Lv, K. Steffen, W. Abdalati, J. Stroeve, D. Gallaher, and N. Bayou (2012), A decadal investigation of supraglacial lakes in

West Greenland using a fully automatic detection and tracking algorithm, Remote Sens. Environ., 123, 127–138, doi:10.1016/J.Rse.2012.03.020.
Meierbachtol, T., J. Harper, and N. Humphrey (2013), Basal drainage system response to increasing surface melt on the Greenland ice sheet,

Science, 341(6147), 777–779, doi:10.1126/science.1235905.
Nghiem, S. V., D. K. Hall, T. L. Mote, M. Tedesco, M. R. Albert, K. Keegan, C. A. Shuman, N. E. DiGirolamo, and G. Neumann (2012), The extreme

melt across the Greenland ice sheet in 2012, Geophys. Res. Lett., 39, L20502, doi:10.1029/2012gl053611.
Nye, J. F. (1953), The flow law of ice from measurements in glacier tunnels, laboratory experiments and the Jungfraufirn borehole experi-

ment, Proc. Roy. Soc. Lond. Math. Phys. Sci., 219(1139), 477–489, doi:10.1098/Rspa.1953.0161.
Palmer, S., A. Shepherd, P. Nienow, and I. Joughin (2011), Seasonal speedup of the Greenland ice sheet linked to routing of surface water,

Earth Planet. Sci. Lett., 302, 423–428, doi:10.1016/j.epsl.2010.12.037.
Phillips, T., H. Rajaram, and K. Steffen (2010), Cryo-hydrologic warming: A potential mechanism for rapid thermal response of ice sheets,

Geophys. Res. Lett., 37, L20503, doi:10.1029/2010gl044397.
Phillips, T., H. Rajaram, W. Colgan, K. Steffen, and W. Abdalati (2013), Evaluation of cryo-hydrologic warming as an explanation for increased

ice velocities in the wet snow zone, Sermeq Avannarleq, West Greenland, J. Geophys. Res. Earth Surf., 118, 1–16, doi:10.1002/jgrf.20079.
Pimental, S., and G. Flowers (2010), A numerical study of hydrologically driven glacier dynamics and subglacial flooding, Proc. R. Soc., 467,

537–558, doi:10.1098/rspa.2010.0211.
Price, S. F., A. J. Payne, G. A. Catania, and T. A. Neumann (2008), Seasonal acceleration of inland ice via longitudinal coupling to marginal ice,

J. Glaciol., 54(185), 213–219, doi:10.3189/002214308784886117.
Rothlisberger, H., and H. Lang (1987), Glacial hydrology, in Glacio-Fluvial Sediment Transfer: An Alpine Perspective, edited by A. M. Gurnell and

M. J. Clark, pp. 207–284, John Wiley, New York.
Schoof, C. (2010), Ice-sheet acceleration driven by melt water supply variability, Nature, 468, 803–806, doi:10.1038/nature09618.
Sole, A., P. Nienow, I. Bartholomew, D. Mair, T. Cowton, A. Tedstone, and M. King (2013), Winter motion mediates dynamic response of the

Greenland ice sheet to warmer summers, Geophys. Res. Lett., 40, 3940–3944, doi:10.1002/grl.507764.
Tedstone, A. J., P. W. Nienow, A. J. Sole, D. W. F. Mair, T. R. Cowton, I. D. Bartholomew, and M. A. King (2013), Greenland ice sheet motion

insensitive to exceptional meltwater forcing, Proc. Natl. Acad. Sci., doi:10.1073/pnas.1315843110.
Truffer, M., W. Harrison, and R. March (2005), Record negative glacier balances and low velocities during the 2004 heatwave in Alaska, USA:

Implications for the interpretation of observations by Zwally and others in Greenland, J. Glaciol., 51, 663–664.
van As, D., A. L. Hubbard, B. Hasholt, A. B. Mikkelsen, M. R. van den Broeke, and R. S. Fausto (2012), Large surface meltwater discharge from

the Kangerlussuaq sector of the Greenland ice sheet during the record-warm year 2010 explained by detailed energy balance observa-
tions, Cryosphere, 6, 199–209, doi:10.5194/tc-6-199-2012.

van de Wal, R. S. W., W. Boot, M. R. van den Broeke, C. J. P. P. Smeets, C. H. Reijmer, J. J. A. Donker, and J. Oerlemans (2008), Large and rapid
melt-induced velocity changes in the ablation zone of the Greenland ice sheet, Science, 321(5885), 111–113, doi:10.1126/science.1158540.

van de Wal, R. S. W., W. Boot, C. J. P. P. Smeets, H. Snellen, M. R. van den Broeke, and J. Oerlemans (2012), Twenty-one years of mass balance
observations along the K-transect, West Greenland, Earth Syst. Sci. Data, 4(1), 31–35, doi:10.5194/essdd-5-351-2012.

Zwally, J. H., W. Abdalati, T. Herring, K. Larson, J. Saba, and K. Steffen (2002), Surface melt-induced acceleration of Greenland ice-sheet flow,
Science, 297(5579), 218–222, doi:10.1126/science.1072708.

Geophysical Research Letters 10.1002/2013GL058933

DOYLE ET AL. ©2014. American Geophysical Union. All Rights Reserved. 7


	Acknowledgements
	Abstract
	Table of contents
	List of figures
	List of tables
	List of acronyms
	Introduction
	The Greenland Ice Sheet: mass loss and climate change
	Hydrological coupling
	The regulation of ice flow by subglacial hydrology
	Problems with the Alpine analogue

	Summary
	Aims and objectives
	Structure of thesis

	Measurements of ice motion: a review
	Traditional surveying techniques
	GPS measurements of ice motion
	GPS theory
	Relative GPS positioning
	Precise point positioning

	Remote sensing measurements of ice motion
	Determining surface ice motion using other techniques
	Summary and implications for this study

	Study area, data and methods
	Study area: Russell Glacier catchment
	GPS methods
	GPS data collection
	GPS data processing
	Uncertainty estimate
	Calculating velocity
	Filtering the time series

	Interpreting GPS measurements of ice motion
	Supporting datasets

	Results I: An overview of variations in ice motion
	Introduction
	Spatial variations in velocity
	Seasonal velocity variations
	Rapid lake drainage
	Diurnal velocity variations
	Period I: The spring event
	Period II: Mid-summer
	Period III: Late-summer
	Period IV: Late-summer acceleration event
	Period V: Winter

	Summary

	Results II: Rapid lake drainage
	Summary
	Introduction
	Field site and methods
	Measurements of ice motion
	Measuring seismic activity
	Measurements of lake dynamics
	Mapping hydraulic potential gradients

	Results
	Regional scale lake dynamics
	Formation and drainage of Lake F
	Observations
	Ice displacement

	Interpretation and Discussion
	Trigger mechanism
	Hydraulic pathways
	Vertical ice surface motion
	Subglacial water routing

	Conclusions

	Results III: Late-season acceleration
	Summary
	Introduction
	Data and methods
	GPS measurements
	TanDEM-X methods and verification against GPS records
	Borehole water pressure
	Meteorological measurements
	Calculating the elevation of the snowline
	Reanalysis
	Proglacial discharge records

	Results
	GPS and TanDEM-X Results
	Meteorological analysis

	Discussion
	Priming of the subglacial drainage system
	Previous similar events and their frequency
	Long term trends in rainfall seasonality

	Conclusions

	Results IV: Acceleration in Greenland's interior
	Summary
	Introduction
	Data and methods
	Calculation of velocity
	Supporting datasets

	Results
	Discussion
	Conclusions

	Synthesis and discussion
	The state of knowledge prior to 2010
	Progress between 2010 and 2014
	Variations in ice motion
	Ice sheet acceleration driven by supraglacial lake drainage
	Melt-induced acceleration
	How applicable is the alpine analogue?
	The contribution of remote sensing measurements

	Ice sheet response to a warmer, wetter climate
	Directions for future research

	Conclusions
	References
	Appendices
	Publications

